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sionen anlässlich der gemeinsamen Projekttreffen. Vielen Dank auch an Dr. Ulrich
Schättler vom DWD für die technische Unterstützung zu COSMO.
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Lektüre und hilfreichen Tipps zu Vorgehen, Methodik und Programmierung in den
letzten Jahren.

Weiterhin danke ich Dr. Alexander Kelbch für die synoptische Beratung und Einord-
nung und Marc Mertes für die wertvolle Administration der IT-Systeme.

i





Zusammenfassung

Die Wüste Namib – eine der trockensten Regionen der Erde – ist eine typische
Küstenwüste mit sehr geringen Niederschlägen und regelmäßig auftretendem Nebel.
Der Wassereintrag durch Nebel übersteigt häufig die Niederschlagsmenge, so dass
Nebelwasser eine wichtige Wasserquelle für das Ökosystem ist und außerdem eine
Wasserquelle für die menschliche Nutzung sein kann. Deshalb ist hier ein besseres
Verständnis der Prozesse, die die Entstehung von Nebel und dessen räumlich-zeitliche
Verteilung steuern, wichtig.
Zur Untersuchung der Nebelausdehnung und der daran beteiligten Prozesse wird
das dreidimensionale Nebelmodell COSMO-FOG entwickelt. Zu diesem Zweck wird
die mikrophysikalische Parametrisierung des eindimensionalen Nebel- und Grenz-
schichtmodells PAFOG in das dreidimensionale numerische Wettervorhersagemodell
COSMO implementiert. Um Zugang zu zusätzlichen Diagnosewerkzeugen zu haben,
wird nicht das reine COSMO-Modell, sondern COSMO/MESSy (COSMO mit dem
Modular Earth Submodel System), verwendet. Die Prozesse, die das Auftreten von
Nebel und seine räumliche Variabilität in der Namib-Region steuern, werden mit
COSMO-FOG unter Verwendung des MESSy-Submodells TENDENCY analysiert.
Zunächst wird das Modellverhalten und die Konsistenz von COSMO-FOG in einer
idealisierten Umgebung für eine horizontal homogene marine Stratuswolke unter-
sucht. Es wird eine Sensitivitätsstudie für COSMO und COSMO-FOG und für
unterschiedliche vertikale Modellgitterabstände durchgeführt. Die Simulationen mit
COSMO-FOG ergeben einen realistischeren Flüssigwassergehalt für die marine Stra-
tuswolke im Vergleich zum COSMO-Modell. Die Simulationen mit verschiedenen
vertikalen Gittern zeigen, dass ein feines vertikales Gitter notwendig ist, um scharfe
Gradienten an der Wolkenobergrenze aufzulösen.
Um die räumlich-zeitliche Ausdehnung, die täglichen Lebenszyklusphasen und die
dazu beitragenden atmosphärischen Prozesse von Nebel und niedrigen stratiformen
Wolken in der Wüste Namib zu untersuchen, werden einzelne Fallstudien im Frühling
der südlichen Hemisphäre 2017 mit COSMO-FOG simuliert. Am Nachmittag sind
stratiforme Wolken häufig über dem Atlantik und in Küstennähe vorhanden. Am
Abend breiten sich diese Wolken landeinwärts aus und bilden Nebel, wo sie auf das
ansteigende Gelände der

”
Großen Randstufe“ treffen. Die Ausbreitung des Nebels

und der stratiformen Wolken wird durch die Advektion kalter und feuchter Luft-
massen in Wechselwirkung mit turbulenter Durchmischung verursacht. Die Advek-
tion warmer kontinentaler Luftmassen mit einem östlichen Wind führt zu niedrigeren
Wolkenhöhen und geringerer räumlicher Ausdehnung von Nebel und stratiformen
Wolken. Groß-skaliges Absinken verstärkt diesen Effekt.
Die mit COSMO-FOG erzielten Ergebnisse werden anhand von Satellitenbeobach-
tungen und bodengestützten Messungen evaluiert. COSMO-FOG erfasst die räum-
liche Verteilung von Nebel und niedrigen stratiformen Wolken und die meteorolo-
gische Situation weitgehend gut. Insbesondere für die Küstenstationen stimmen der
Tagesgang und der Beginn der Nebelereignisse mit den Beobachtungen überein. An
Stationen im Landesinneren unterschätzt COSMO-FOG gelegentlich die Nebelaus-
dehnung abhängig von der synoptischen Situation.
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Abstract

The Namib Desert – one of the driest regions on earth – is a typical coastal desert
with very scarce rainfall and regularly occurring fog. Fog water input often exceeds
rainfall and thus fog water deposition is a major source of water for the ecosystem
and could be a source of water for human settlements. Therefore, a better under-
standing of the processes that control fog formation and its spatio-temporal patterns
is important.
To investigate the spatio-temporal evolution of fog events and the processes control-
ling fog occurrence, the three-dimensional fog model COSMO-FOG is developed.
For this purpose, the microphysical parametrisation of the one-dimensional fog and
boundary layer model PAFOG is implemented into the three-dimensional numerical
weather prediction model COSMO. To have access to additional diagnostic tools,
COSMO/MESSy (COSMO including the Modular Earth Submodel System) is used
instead of the pure COSMO model. The processes controlling fog occurrence and its
spatial variability in the Namib region are analysed with COSMO-FOG using the
MESSy submodel TENDENCY.
At first the model behaviour and consistency of COSMO-FOG is investigated in an
idealised environment for a horizontally homogeneous marine stratus. A sensitivity
study for the COSMO model and COSMO-FOG with different vertical model grid
spacings is performed. The simulations with COSMO-FOG yield a more realistic
cloud water content for the marine stratus compared to the COSMO model. The
simulations with different vertical grids show that a fine vertical grid is necessary to
resolve sharp gradients at cloud top.
In order to investigate the spatio-temporal patterns, diurnal life cycle phases and
contributing atmospheric processes of fog and low stratiform clouds in the Namib
Desert, individual case studies in the austral spring season 2017 are simulated with
COSMO-FOG. In the afternoon, stratiform clouds are often present above the At-
lantic Ocean and close to the coastline. In the evening, these clouds proceed onshore
and intercept with the terrain of the ascending “Great Escarpment” thus forming
fog. The extension of fog and stratiform clouds is caused by the advection of cold
and moist air masses interacting with turbulent mixing. The advection of warm con-
tinental air masses with an easterly wind causes lower cloud heights and a smaller
spatial extent of fog and stratiform clouds. Large-scale subsidence enhances this
effect.
The results obtained with COSMO-FOG are evaluated with satellite retrievals and
ground-based measurements. COSMO-FOG largely captures the spatial distribu-
tion of fog and low stratiform clouds and the meteorological situation. Especially
for coastal stations the diurnal cycle and onset of the fog events are in agreement
with the observations. At inland stations COSMO-FOG sometimes underestimates
the extension of fog dependent on the synoptic situation.
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1 Introduction

Fog is probably not the first phenomenon associated with a desert. For many, the
first thing that comes to mind is a sandy desert with heat and drought, large sand
dunes and little vegetation – all in all, a hostile place to live in. Deserts are arid
areas with no or sparse vegetation resulting from a deficiency of the received water
input relative to the water loss by evapotranspiration (Logan, 1968; Warner, 2004).
In the tropics and subtropics an almost paradoxial type of desert develops under the
influence of cold ocean currents and large-scale subsidence in the subsiding branch
of the Hadley cell circulation - so-called coastal deserts. These deserts are almost
totally rainless but characterised by high humidity and moderate temperature des-
pite their location surrounding the tropics (Logan, 1968). Above the cold ocean
currents, fog or low stratiform clouds frequently form in the marine boundary layer
(MBL) and touch the coast of the continents. This part of the coastal desert is
characterised by very few and intermittent precipitation but in contrast many fog
days and is also termed fog desert. There are three well-developed coastal (fog)
deserts: the Namib on the southwestern coast of Africa, the Atacama and Peruvian
Deserts, and the desert on the Pacific coast of southwestern North America. Some
marginal cases occur at the northwestern coast of Africa and the easternmost of the
Canary Islands, the northwestern coast of Australia and possibly the Somalian coast
(Logan, 1968).

Located at the southwestern coast of the African continent adjacent to the cold
Benguela current, the Namib Desert is a typical coastal desert. Annual precipita-
tion does not exceed 20 mm along the coast (Eckardt et al., 2013; Lancaster et al.,
1984; Seely and Henschel, 1998; Seely, 1978). Fog is a characteristic phenomenon
with more than 100 fog days per year along the coast (Olivier, 1995) and water input
by fog around 0.1-1.0 l m−2 day−1 (Henschel and Seely, 2008) often exceeds rainfall
(Eckardt et al., 2013; Olivier, 1992). One of the first fog climatologies based on
station measurements detected a fog zone inland between 25 and 50 km (Lancaster
et al., 1984).
Numerous observational studies suggest different types of fog occurring regularly
in the Namib Desert, i.e. advection fog, radiation fog and lowering stratus clouds
(Hachfeld, Jürgens, et al., 2000; Lancaster et al., 1984; Seely and Henschel, 1998;
Taljaard, 1979). Many past and recent studies relate the occurrence of fog in the
Namib to the advection of sea fog and low-level clouds from the Atlantic Ocean and
their interception with the terrain (Andersen and Cermak, 2018; Andersen et al.,
2019, 2020; Lancaster et al., 1984; Olivier, 1992; Spirig et al., 2019; Taljaard, 1979).
The onshore advection of cloudy marine air masses is facilitated by the presence of
a heat low over continental southern Africa and the modification of local winds by
synoptic-scale disturbances (Andersen et al., 2020; Olivier and Stockton, 1989). An
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anomalously dry free troposphere causes stronger longwave cooling which increases
low-cloud cover.
The advection-dominated fog regime has recently been questioned. Based on isotope
analysis of fog water, Kaseke et al. (2017) and Kaseke et al. (2018) found that the
majority of their fog water probes originated from mixed or sweet water sources. In-
terpreting this as indication of radiation fog, they suggested that besides advective
fog, radiation and mixed fog occur regularly in the Namib Desert. As a result, the
mechanisms influencing fog formation and its evolution are currently a subject of
scientific debate. A more detailed description of fog origins and its climatology will
be given in Section 2.4.

While fog is typically viewed as a hazardous weather phenomenon which is related
to traffic accidents, flight delays and cancellations or health issues in moist climate
(e.g. Allan et al., 2001; Bendix et al., 2011; Bergot et al., 2007; Egli et al., 2018;
Gultepe et al., 2007; Köhler et al., 2017; Pagowski et al., 2004; Stolaki et al., 2012),
the occurrence of fog, dew and atmospheric moisture plays an essential role for the
survival of many species and ecosystems in the coastal Namib Desert (e.g. Hachfeld,
Jürgens, et al., 2000; Henschel and Seely, 2008; Mitchell et al., 2020; Pietruszka
and Seely, 1985; Seely, 1978). Fog water input often exceeds rainfall and thus is
an essential either supplementary or even exclusive source of water for many highly
adapted species (Hachfeld, Jürgens, et al., 2000; Mitchell et al., 2020; Seely, 1978,
1979; Southgate et al., 1996) and could be a source of water for human settlements
(Makuti et al., 2004; Shanyengana et al., 2002).
Methods to use atmospheric moisture sources include seeking moist micro-climates
e. g. under stones, drinking from wet surfaces, consuming moist food, collecting
water on the body (fog harvesting), and absorbing water vapour (Henschel and
Seely, 2008). Many small animal species like beetles, scorpions, lizards and termites
drink water drops deposited on stones, plants or their bodies given the opportu-
nity that they find deposited fog or it forms near them (Broza, 1979; Henschel and
Seely, 2008; Mitchell et al., 2020; Pietruszka and Seely, 1985; Seely, 1979). Larger
animals such as ostrich or springbok, but also some lizards and rodents, consume
moist food by feeding during cool and moist hours of the day, especially during
fog events. They benefit from the increasing moisture content of dry grass which
correlates with air humidity (for further reference see Henschel and Seely (2008)
and references therein). Some Namib Desert beetles climb the dunes and go into a
head-stand position (Fig. 1.1 (a)). This posture allows for the fog water to condense
at their carapace and run to the beetle’s mouth under gravitiy where it is consumed
(Hamilton and Seely, 1976; Nørgaard et al., 2012; Seely, 1979). If the fog does not
provide enough water or the wind is too strong the beetles leave the fog (Mitchell
et al., 2020; Seely, 1979). Another beetle species digs trenches into the dune sand
perpendicular to the mean wind direction and extracts the water from the moist
sand (Seely and Hamilton, 1976).
Methods of fog water usage are also applied by many plant species. Some lichens,
dune succulents or dwarf shrubs directly absorb fog water by their leaves or stems
and transport it to their root system (Gottlieb et al., 2019; Henschel and Seely,
2008; Soderberg, 2010). Several succulents gain water by a negative water vapour
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gradient established from outside towards the inside of the leaf when the leaf tem-
perature is below ambient air temperature and the stomata are open (see Henschel
and Seely, 2008 and references therein). Other plant species take up deposited fog
water from the moist sand surface. The wetting of the sand is often enhanced by fog
water dripping from leaves or running off the stems of plants (Fig. 1.1 (b)) (Ebner
et al., 2011; Roth-Nebelsick et al., 2012).

(a) (b)

Figure 1.1: Fog-basking Namib Desert beetle (a), drop of fog water collected on a
plant (b), from Mitchell et al. (2020)

Inspired by these highly specialised species, fog water can also be used as an ar-
tificial supplementary water source for human consumption or irrigation of plants
(Park and Kim, 2019; Yu et al., 2021). Recently, even beer is brewed from collected
fog water e.g. in Chile (Weiss, 2014) and Gran Canaria. The basic idea is to set up
fine mesh nets perpendicular to the main wind direction as artificial fog collectors
(Fig. 1.2) (Fessehaye et al., 2014; Shanyengana et al., 2002). The wind blows the fog
through the mesh, so the water droplets condense at the mesh and water drips into
containers below (Gultepe et al., 2007). One fog collector is the so-called Standard
Fog Collector (SFC) developed by Schemenauer and Cereceda (1994). The SFC is
a 1 m2 frame with a double layer of mesh.
Fog collectors have been set up worldwide e.g. in Chile, Peru, Guatemala, South
Africa, Eritrea, Yemen, Nepal, Portugal, and on the Canary Islands (Eckardt et al.,
2013; Fessehaye et al., 2014; Verbrugghe and Khan, 2023). Despite of its importance
as a water resource for human consumption, fog collection projects sometimes fail
due to insufficient maintenance combined with extreme weather resulting in dam-
aged collectors (Verbrugghe and Khan, 2023). One of the first operational fog water
collection systems in Chile was composed of 100 fog collectors with a total mesh
area of 4800 m2 and able to produce 15000 l per day on average which means ap-
proximately 3 l m−2 per day (Carvajal et al., 2022; Eckardt et al., 2013; Fessehaye
et al., 2014; Verbrugghe and Khan, 2023). In 2020, the largest operational fog har-
vesting project in southwest Morocco provided 16 villages with water for drinking
and domestic use (Farnum, 2022).
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Figure 1.2: Example of a large fog collector at Alto Patache in Chile (top), sin-
gle (bottom left) and double layer (bottom right) Raschel mesh, from
Holmes et al. (2015)

On the banks of the Kuiseb river in Namibia, the mean quantity of collected fog
water was 1 l m−2 per day which is a low but useful rate which is sufficient for the
installation of a fog collection system, especially given that alternative water sources
are urgently needed (Eckardt et al., 2013; Henschel et al., 1998). Upscaled to a mesh
area of 1200 m2, the collected fog water would theoretically meet the minimum daily
requirement of 1200 l for a village with 13 people, 50 goats, 20 donkeys, 16 cattle, 7
dogs and 30 chickens (Eckardt et al., 2013; Henschel et al., 1998).

Due to the ecological and socioeconomic relevance of fog in the Namib Desert, a
better understanding of the local mechanisms that control its formation and spatio-
temporal patterns holds large potential. The knowledge of the coherent spatio-
temporal development and the microphysical properties of fog events is not only
necessary for the construction of fog water collectors but also to comprehend the
ecosystems living from fog water input whose protection is important to preserve
the biodiversity of many arid environments (Cereceda et al., 2002).
In the central Namib Desert, fog research by means of ground-based measurements
and satellite retrievals has a long tradition and many studies have dealt with its
climatology (Cermak, 2012; Lancaster et al., 1984; Nagel, 1959; Olivier, 1995; Seely
and Henschel, 1998), its relevance as a water source (Hachfeld, Jürgens, et al., 2000;
Hamilton and Seely, 1976; Henschel and Seely, 2008; Seely, 1979), its reliability
(Pietruszka and Seely, 1985), and its potential for water harvesting (Henschel et al.,
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1998; Shanyengana et al., 2002). However, little is still known about the processes
which control the formation and spatio-temporal patterns of fog and low stratiform
clouds (FLCs) in the Namib Desert, despite their importance.
Previous studies dealing with the spatial patterns and processes involved in fog for-
mation in the Namib frequently focused on fog climatology. The analysis of fog
climatology is indeed important but it does neither describe the exact inland extent
of the stratiform clouds nor the varying conditions on the ground. Single fog events
are more complex than climatology makes them appear and are still poorly under-
stood (Spirig, 2020).
Current knowledge of fog origins in the Namib mainly originates from ground-based
measurements and satellite retrievals. However, ground-based measurements are
limited in their spatio-temporal extent providing isolated insides. Satellite observa-
tions provide spatially coherent information of fog and cloud cover extent but they
provide only rare insights into the processes contributing to the formation of that
cloud cover. Fog and low clouds are difficult to distinguish in a satellite retrieval,
since satellites only see the top of clouds or fog.
Recently, the Namib Fog Life Cycle Analysis (NaFoLiCA) project used the benefits
from all these approaches for fog investigation by a combination of remote sensing,
in-situ ground-based observations and numerical modelling to further understand
the local mechanisms leading to fog occurrence and the spatio-temporal evolution
of fog events in the Namib Desert. An analysis of the spatio-temporally coherent
development of fog events and the processes responsible for the fog life cycle can
be obtained by means of detailed three-dimensional numerical simulations. The nu-
merical modelling of individual fog events in the present study combines process
insight with spatial information and is considered to bridge the gap between point
measurements and satellite observations on the one hand and fog climatology and
single case studies on the other hand.

Numerical atmospheric models determine the state and evolution of the atmosphere
using a set of differential equations which are based on the conservation of mass,
energy and momentum. The numerical solution of these equations requires the de-
finition of a spatial grid. Current operational numerical weather prediction (NWP)
models use grid spacings Δx∼ 1–10 km (Bauer et al., 2015). In contrast to that,
the formation and evolution of fog and clouds results from various microphysical
processes which take place at micrometre-scale (cloud-scale). Consequently, micro-
physical processes are still entirely parametrised in NWP models with grid spacing
at kilometre-scale (Boutle et al., 2022).
For fog and cloud prediction, the parametrisation of the microphysical processes is
essential (Koračin, 2017). The development (Boutle et al., 2022) and the dissipation
phase (Lin et al., 2017; Steeneveld et al., 2015) are dependent on the microphysical
parametrisation, determining the quality of the fog forecast as a whole. There are
basically two differing approaches for microphysical parametrisations: spectral and
bulk parametrisations. In spectral schemes, each type of cloud or precipitation par-
ticle (e.g. cloud droplets, rain drops, cloud ice, snow, ...) is subdivided according to
its size and a separate prognostic equation is solved for each particle type and each
size class (e.g. Feingold et al., 1998; Khain et al., 2004; Kogan, 1991; Lynn et al.,
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2005; Stevens et al., 1996). Consequently, the number of prognostic equations to be
solved increases depending on the complexity of the parametrisation regarding the
inclusion of liquid water or ice particles and the numbers of size classes taken into
account.
Bulk schemes describe the behaviour of the overall ensemble of cloud particles. They
simulate the temporal evolution of bulk cloud characteristics such as the total mass
fraction thus minimizing the total number of equations and calculations conside-
rably compared to spectral schemes (e.g. Hong et al., 2004; Kessler, 1969; Lang
et al., 2014; Lin et al., 1983). Double-moment or two-moment bulk schemes often
use the droplet number concentration in a water category as additional prognostic
variable besides the mass fraction of that water category (e.g. Ferrier, 1994; Lim
and Hong, 2010; Seifert and Beheng, 2001, 2006).
Spectral modelling of clouds seems an attractive alternative to bulk schemes or
multi-moment bulk schemes since less assumptions have to be made in the parame-
trisation. However, spectral cloud models are computationally very expensive for the
application in a three-dimensional numerical model, especially if also ice particles are
considered (Seifert and Beheng, 2001). Currently, one- or two-moment microphysi-
cal bulk parametrisations still are the workhorses of numerical weather prediction
and climate modelling (Grabowski et al., 2019). A comprehensive overview on cloud
microphysical parametrisation schemes is given in Grabowski et al. (2019) and Khain
et al. (2015).

A fog forecast depends not only on the microphysical parametrisation, but also on
the parametrisations of turbulent mixing, atmospheric radiative transfer, as well as
heat and moisture fluxes at the Earth’s surface since fog formation and its evolution
result from complex interactions between microphysical, dynamical, turbulent, sur-
face and radiative processes (Bott, 2021; Ducongé et al., 2020). Modelling of fog and
low stratiform clouds with models of various complexity has a long tradition. First
approaches to simulate fog and low stratiform clouds relied on one-dimensional mo-
dels which allow for high vertical resolution and detailed parametrisation schemes.
One-dimensional or so-called single column models are computationally cheap com-
pared to three-dimensional models. They locate a vertical column of boxes at one
geographical location. This is equivalent to assuming horizontal homogeneity. The
complexity of one-dimensional models ranges from very simple models to models
with complex parametrisations of microphysical processes. In the single column mo-
del developed by Zdunkowski and Nielsen (1969) the sedimentation of cloud water
was neglected and turbulence was parametrised using exchange coeffcients constant
in time and only varying with height. Zdunkowski and Barr (1972) added the cal-
culation of exchange coefficients as a function of stability, wind shear and height to
this model. In the one-dimensional model by Duynkerke (1991) a parametrisation
of vegetation was included. Bott et al. (1990) developed the one-dimensional fog
model MIFOG with a spectral cloud microphysical parametrisation. Since models
with spectral microphysical parametrisations are computationally very expensive,
the spectral microphysical parametrisation was replaced by a two-moment bulk pa-
rametrisation in the fog model PAFOG to obtain a computationally efficent model
suitable for operational fog forecasts (Bott and Trautmann, 2002). Comparing re-
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fined versions of both microphysical cloud schemes, Bott (2020) revealed that the
parametrised microphysical cloud scheme is capable to simulate the characteristics
of the cloud-topped MBL quite well although the effects of single processes differ
considerably from the spectral microphysical cloud scheme.
One-dimensional models cannot simulate the full three-dimensional structure of at-
mospheric processes (Koračin, 2017). Due to the assumption of horizontal homoge-
neity any types of heterogeneities in surface characteristics or atmospheric variables
and three-dimensional advection processes cannot be considered by these models.
This may be justified if horizontal advection is of minor importance for the investi-
gated phenomenon which is considered to be valid e.g. for radiation fog (Bott, 2021).
If the investigated phenomenon depends on advection or surface heterogeneities, the
assumption of horizontal homogeneity is no longer justified and three-dimensional
models are necessary. Only three-dimensional models are able to simulate a realis-
tic flow and horizontal heterogeneity. One of the first approaches to use a three-
dimensional operational forecast model for fog prediction was made by Ballard et al.
(1991) to simulate sea fog highlighting the effect of initial conditions and vertical
grid spacings. Nakanishi (2000) was one of the first using a large eddy simulation to
study the internal three-dimensional structure of radiation fog. Boutle et al. (2016)
presented a version of the Unified Model (UM) with a very high horizontal resolu-
tion at 333 m covering a small area around London and found a positive effect of
a small horizontal grid spacing on fog forecasts. A model with a similar horizontal
grid spacing has also been tested for Delhi (Jayakumar et al., 2018). Despite of
horizontal resolution, also the vertical resolution is important to obtain reasonable
fog forecasts (Philip et al., 2016; Tardif, 2007). With increasing computer power, it
has become feasible to include spectral microphysical parametrisation schemes into
three-dimensional models (Iguchi et al., 2012).
Despite of these advances which have been made over the past years fog remains
difficult to forecast with numerical models (Boutle et al., 2022; Steeneveld et al.,
2015). Holtslag et al. (2010) found that even an empirical method developed in the
60s and 70s by the US Air Force (Fog Stability Index) performed better in terms of
forecast skill than the fog forecast of a three-dimensional meso-scale model at 9 km
horizontal resolution. Some of the shortcomings of three-dimensional models are
the often inadequate and insufficient horizontal and vertical resolution and simpli-
fied physical parametrisation schemes (Gultepe et al., 2007; Koračin, 2017). These
simplifications are nowadays still necessary to obtain fog forecasts with adequate
computational effort.
To overcome some of these shortcomings and use the advantages of both approaches,
one-dimensional and three-dimensional models have been coupled. The three-dimen-
sional model provides the vertical profiles of all thermodynamic variables as forcing
to run the one-dimensional fog model. This method is computationally rather effi-
cient (e.g. Bartok et al., 2012; Chen et al., 2021; Stolaki et al., 2012). Kim et al.
(2020b) and Kim et al. (2020a) used meteorological fields from the three-dimensional
Weather Research and Forecasting (WRF) model and from UM as external forcing
for PAFOG showing improvements of the coupled model systems compared to WRF
and UM alone for the simulation of sea fog.
An alternative approach to coupling one-dimensional and three-dimensional mo-
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dels is the implementation of the microphysical parametrisation of one-dimensional
fog models into three-dimensional meso-scale models. This approach was first re-
alised by Masbou (2008) implementing the microphysical parametrisation of the
one-dimensional fog model PAFOG into the meso-scale Lokal Modell (LM) which
yielded promising results. Müller et al. (2010) implemented the PAFOG micro-
physical parametrisation scheme into the WRF non-hydrostatic meso-scale model
(WRF-NMM) and obtained a better representation of the spatial distribution of fog
in complex terrain than for WRF-NMM with the standard cloud scheme.

The major objective of the present thesis is to investigate the processes control-
ling fog occurrence and the spatio-temporal evolution of fog events in the hyper-
arid1 Namib Desert. For this purpose, the three-dimensional numerical fog model
COSMO-FOG is developed. Following the approach of Masbou (2008) and Müller
et al. (2010), COSMO-FOG is developed based on the implementation of the two-
moment microphysical parametrisation of PAFOG into the former operational NWP
model COSMO (Consortium for Small-Scale Modeling). However, to have access
to additional diagnostic tools, not the pure COSMO model, but COSMO/MESSy
(Kerkweg and Jöckel, 2012), i.e. COSMO including the Modular Earth Submodel
System (MESSy, Jöckel et al., 2005) is used. For simplicity the model will be
called anyhow COSMO-FOG in the remainder of this thesis. Applying the three-
dimensional fog model COSMO-FOG in the Namib region, the following scientific
questions will be answered:

Q1 Is the three-dimensional fog model COSMO-FOG able to reasonably simulate
the time evolution of the cloud-topped marine boundary layer?

Q2 What are the temporal and spatial patterns of coastal fog occurrence in the
Namib region?

Q3 What are typical life cycle phases of Namib region fog?

Q4 What factors determine the development, persistence and properties of the fog?

To address these research questions, individual case studies in the austral spring
season in September 2017 are simulated with COSMO-FOG, in order to investigate
the spatio-temporal patterns, diurnal life cycle phases and contributing atmospheric
processes of fog types in the Namib region. All case studies are selected from a field
campaign which has been performed in the framework of the Namib Fog Life Cycle
Analysis (NaFoLiCA) project in early austral spring 2017, when the frequency of
inland reaching fog events is highest (Spirig et al., 2019).
The mechanisms controlling fog occurrence and its spatial variability in the Namib
region are analysed with COSMO-FOG using the MESSy submodel TENDENCY
(Eichinger and Jöckel, 2014) which provides the contributions of individual processes
to the total tendency within a model time step. The knowledge of the individual
contributions offers new insights into the development of spatio-temporal patterns

1Hyper-arid are regions where precipitation is less than 5 % of the potential evapotranspiration
(United Nations, 2011).
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of FLCs and the processes contributing to the cloud evolution in the Namib re-
gion. The spatially coherent process insight provided by the numerical simulations
of COSMO-FOG will be important to understand the processes influencing fog evo-
lution in the Namib region. The model results are evaluated by satellite and ground
observations obtained during the field campaign in September 2017. The model
results are placed in the context of previous related work on FLCs in the Namib
region. Thereby, hypotheses regarding the dominant physical mechanisms that con-
trol this fog are refined.

This thesis is organised as follows: Chapter 2 starts with an overview on the na-
ture of fog and low stratiform clouds in general before the focus will be put on the
Namib Desert. In Chapter 3 the NWP model COSMO is introduced with a focus
on its microphysical parametrisation. Afterwards the microphysical scheme of the
one-dimensional fog model PAFOG is described in detail. The remaining part of
Chapter 3 deals with the implementation of the PAFOG microphysical scheme into
the COSMO model. The MESSy submodel TENDENCY is introduced as additional
diagnostic tool.
To investigate the model behaviour of COSMO-FOG, a sensitivity study for both mi-
crophysical parametrisation schemes (standard COSMO scheme and PAFOG) and
different vertical resolutions is performed in a highly idealised environment for a hor-
izontally homogeneous marine stratus, which is presented in Chapter 4. Chapter 5
reports on the simulation of selected case studies from the NaFoLiCA field campaign
with COSMO-FOG. The spatial and temporal patterns of Namib fog occurrence and
the atmospheric conditions influencing these patterns are investigated exemplarily
for one case study. Afterwards the other case studies are analysed with a focus on
phenomena and processes that differ from the first case study. Finally, the accu-
racy of model simulations is evaluated by comparison to ground-based observations.
Chapter 6 summarises the results of this thesis and outlines key opportunities for
further scientific work.
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2 Fog and low stratiform clouds in
the Namib Desert

The investigation of FLCs in the Namib requires to address the physical processes
involved in fog and cloud formation in general and with emphasis on the special
conditions in the Namib Desert.
The processes involved in fog and cloud formation are manifold. The transitions
among different fog types and between fog and low stratiform clouds are often fluent.
In principle, fog is a cloud that touches the ground while low stratiform clouds are
elevated (Warren et al., 2015). On occasion low stratiform clouds might touch the
ground on an elevation thus forming fog there (Houze, 2014).
This chapter provides an overview about fog and low stratiform cloud formation and
related processes. After introducing the physical basics for fog and cloud formation
in Section 2.1, properties and the formation of fog and low stratiform clouds are
described in Section 2.2 and Section 2.3, respectively. The special conditions and
fog origins in the Namib Desert are described in Section 2.4.

2.1 Physical basics for fog and cloud formation

Fog and low stratiform clouds consist of small water droplets suspended in the air
(American Meteorological Society, 2024; World Meteorological Organization, 2017).
A necessary prerequisite for the formation of water droplets by condensation is satu-
ration of the air with respect to water vapour. The air reaches saturation if the water
vapour pressure e equals the saturation water vapour pressure esat. The air tem-
perature T equals the dew point temperature Td and the relative humidity reaches
100 %. A further increase of the water vapour pressure results in condensation.
A slight supersaturation is required for condensation (Roach, 1994). The neces-
sary supersaturation for fog and cloud formation can be reached by three different
mechanisms (Roach, 1994):

• cooling of the air, e.g. by adiabatic ascent or longwave radiative cooling

• increase of moisture, e.g. by evaporation

• mixing of undersaturated air parcels with different temperature and humidity.

The effect of temperature and specific humidity changes on the relative humidity
can be determined with the following formula (see Babić et al. (2019) for derivation):

∂RH

∂t
=

p

esat

0.622

(0.378qv + 0.622)2

∂qv

∂t
− p

esat

qvLv

(0.378qv + 0.622)RvT 2

∂T

∂t
. (2.1)
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Here, RH is the relative humidity, t the time, p the pressure, qv the specific hu-
midity, and T the air temperature. Lv denotes the latent heat of vaporisation and
Rv the gas constant of water vapour, respectively. The first term on the right hand
side represents the contribution from specific humidity changes and the second term
denotes the contribution from temperature changes.
In addition to supersaturation, the formation of fog or cloud droplets in the air
requires the availability of sufficient aerosol particles to be activated as cloud con-
densation nuclei (CCN). Without sufficient cloud condensation nuclei, droplets can
only form by the collision of pure water molecules which is called homogeneous nu-
cleation. This requires an enormous supersaturation of several hundred per cent
(Mölders and Kramm, 2014; Pruppacher and Klett, 2010; Roach, 1994). The su-
persaturation at cloud level is typically between 0.2 and 2 %. Fog forms at an even
lower supersaturation between 0.02 and 0.2 % (Pruppacher and Klett, 2010). The
mean supersaturation in the atmosphere seldom exceeds 1% (Mölders and Kramm,
2014). Therefore homogeneous nucleation plays no role in natural clouds (Mölders
and Kramm, 2014).
In natural clouds, droplets usually form on aerosol particles by heterogeneous nucle-
ation. Aerosol particles are usually sufficiently present and thus no limiting factor
for cloud or fog formation. In polluted air more condensation nuclei are available
resulting in clouds and fog consisting of more small droplets. These small droplets
settle more slowly thus increasing the liquid water content (Roach, 1994).
An aerosol particle is usually composed of water insoluble material and water soluble
salts. Therefore a cloud droplet is an aqueous solution impured with water inso-
luble material. The supersaturation necessary for the droplet formation on aerosol
particles depends on the chemical properties of the condensation nucleus and the
droplet’s curvature. This is described by the Köhler theory (see e.g. Pruppacher and
Klett, 2010). The saturation vapour pressure decreases with increasing radius of the
droplet. Therefore larger droplets grow while smaller droplets evaporate at a given
supersaturation. Higher salt concentration decreases the saturation vapour pressure.
For very small drops this allows for the existence of droplets in a undersaturated
environment. For larger droplets the influence of salt concentration decreases and
the effect of droplet size dominates.
To grow further, droplets have to reach a critical radius which depends on the su-
persaturation. Once a droplet has exceeded the critical radius it continues to grow
by water vapour diffusion as long as the relative humidity exceeds 100 %. When a
particle passes the critical radius this is called activation of a cloud droplet.
The number of aerosol particles being activated NCCN can often be approximated
by a relation of the form

NCCN = C Sk (2.2)

where S is the supersaturation in % and C and k are constants for a given air mass
(e.g. continental or maritime air masses) (Pruppacher and Klett, 2010; Twomey,
1959).
Droplets grow further towards precipitation particles with radii ≥ 100 µm by inter-
particle collision and coalescence (Pruppacher and Klett, 2010).
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2.2 Fog

2.2.1 Definition and properties of fog

Fog is defined as “a suspension of very small, usually microscopic water droplets
in the air, reducing visibility at the Earth’s surface” to less than 1000 m (Ameri-
can Meteorological Society, 2024; Roach, 1994; World Meteorological Organization,
2017). However, various other definitions of fog exist (Tardif and Rasmussen, 2007).
Since the temperature in the Namib Desert is usually high enough to prevent the
formation of ice particles in the planetary boundary layer (PBL), in the following
only fog built by liquid water droplets is discussed.
The reduction of the visibility by fog results from Mie scattering on fog droplets
(Gultepe et al., 2007). The strength of the extinction by scattering depends on the
relation between volume and surface of the droplets. Smaller droplets have a larger
extinction coefficient. Therefore, small droplets yield a stronger reduction of the
visibility than larger droplets.
Fog consists of droplets with a diameter between 2.5 µm and a few tens of microns
with a typical mean diameter between 10 and 20 µm (Pruppacher and Klett, 2010;
Roach, 1994). Fog droplets settle with a mean velocity below 1 cm s−1 (Roach, 1995).
Fog usually holds some tens to few hundred water droplets per cm3 of air. The water
content in fog reaches between 0.05–0.5 g m−3 (Pruppacher and Klett, 2010).

2.2.2 Classification of fog

Various classifications have been developed to distinguish between fog types. Classi-
fications of fog types are either based on the meteorological processes dominating its
formation and weather scenarios often associated with fog: radiation fog, advection
fog, cloud-base lowering fog, precipitation fog, morning evaporation fog (Tardif and
Rasmussen, 2007) or they are based on the geographical location: coastal fog, valley
fog, mountain fog, urban fog (Bruijnzeel et al., 2006).

Sea fog

Cold

Advection
fog

Valley
fog

Hill fog

Coastal fog

Radiation
fog

Upslope
fog

Figure 2.1: Illustration of the most common fog types (not complete), figure
adapted from Bruijnzeel et al. (2006).

The World Meteorological Organization (2017) differentiates the following categories
of fog: radiation fog, advection fog, evaporation fog, upslope fog, hill fog, frontal fog
and freezing fog. However, there is no general nomenclature (Bruijnzeel et al., 2006)
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and the borders are often fluent. Sometimes there are several expressions referring
to basically the same special type of fog, e.g. advection fog - marine fog - sea fog,
ground fog - radiation fog, raised fog - stratus, offshore fog - sea fog (Bruijnzeel
et al., 2006). In some cases the nomenclature differs also regionally. Hill fog is e.g.
termed cloud interception fog (e.g. Spirig et al., 2019) or high fog (e.g. Seely and
Henschel, 1998) in Namibia, while it is called Garua fog in Peru and camanchaca fog
in Chile (Hesse, 2012). Some examples of the most commonly used fog types which
are illustrated in Figure 2.1 are briefly described below. Alternative expressions for
the respective fog type are given in parentheses:

Radiation fog forms if the supersaturation develops due to cooling of the atmos-
pheric surface layer by the emission of infrared longwave radiation from the surface
(Bruijnzeel et al., 2006; Price et al., 2018). Under clear sky conditions after sunset,
a strong radiation deficit develops when the outgoing emitted longwave radiation of
the ground is no more balanced by incoming solar radiation resulting in cooling of
the atmospheric surface layer. Radiation fog frequently forms in continental regions
during night under high pressure with weak wind and no or only few clouds. Clouds
emit infrared radiation to the ground, thus reducing the radiative cooling of the
surface.
If the air in the lowest atmospheric layers is cooled to the dew point temperature,
radiation fog forms. The radiation fog can remain shallow (less than 50 m deep)
and optically thin. Often the intensity and vertical extent of radiation fog increase
during the night and a deep (100 m or more), optically thick fog develops with a
saturated adiabatic temperature profile (Price et al., 2018; Price, 2019). Radiation
fog often reaches its maximum extent shortly before sunrise when the temperature
is at its diurnal minimum (Bruijnzeel et al., 2006). Fog top often coincides with the
top of a nocturnal temperature inversion. Radiation fog is the most typical fog type
occurring inland (Bruijnzeel et al., 2006). A special type of radiation fog is valley
fog (see below) (Bruijnzeel et al., 2006).

Advection fog (sea fog) forms if warm, moist air is advected over a cooler sur-
face. The temperature of the air decreases over the cool surface until it reaches the
dewpoint resulting in saturation. This fog type frequently forms in coastal regions
with low sea surface temperature (SST) especially over cold ocean currents like the
Humboldt current off the coast of Chile, the Benguela current offshore of Namibia,
the California current offshore the west coast of the USA and the Labrador current
off the coast of Newfoundland. The fog formed over the ocean can be advected
onshore with the sea breeze (grey arrow in Fig. 2.1) and is often termed coastal fog
(Bruijnzeel et al., 2006).

Valley fog is basically a radiation fog forming in a valley (Bruijnzeel et al., 2006).
It forms frequently under high pressure conditions with clear sky and weak wind.
Under these conditions the longwave radiative cooling of the surrounding slopes of
the valley results in katabatic winds down the slopes. The cold air accumulates in
the valley and fog forms consequently in the cold air pool. This fog is often confined
to the dendrite pattern of the valley. Dissipation often includes a stage in which the
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fog lifts from the ground forming a stratus (Whiteman, 2000).

Upslope fog (mountain fog or orographic fog) forms by adiabatic cooling
of moist near-surface air when the air is lifted up over terrain slopes. If the lifting
condensation level is below the terrain height and the temperature is cooled to the
dewpoint temperature, fog forms at the mountain slope. The upslope flow can be
triggered by differential heating of the elevated surface and the resulting mountain-
valley circulation (Bott, 2016). Widespread upslope fog forms when moist air is
lifted up gently rising terrain (Whiteman, 2000). The distinction of upslope fog
from hill fog is difficult or even impossible. Viewed from below upslope fog can ap-
pear as stratus. Upslope fog is also termed orographic fog (Bott, 2016) or mountain
fog (Bruijnzeel et al., 2006).

Hill fog occurs if the cloud base is lower than the terrain height or the cloud
base lowers such that the clouds intersect with the terrain. Sometimes hill fog is
also referred to as cloud interception fog or high fog. Hill fog does not necessarily
require upslope motion. When viewed from below, it appears as stratus cloud.

According to previous studies, the most common fog types in the Namib Desert
are advection fog and cloud interception fog (Andersen et al., 2020; Seely and Hen-
schel, 1998; Spirig et al., 2019).

Fog can dissolve if it is advected over a warm surface. Mixing of a fog layer with
undersaturated air can also cause fog dissolution. Incoming solar radiation can cause
fog dissolution but not by warming of the fog layer itself but heating of the ground.
The fog is then dissolved from below by surface heat fluxes and resulting turbulent
mixing (Bott, 2016). Strong radiative cooling of the upper fog layer generates tur-
bulence and thus facilitates the entrainment of dry air drying and thus dissolving
the fog.
Many processes occurring in the foggy boundary layer apply also for the cloud-
topped boundary layer and will therefore be detailed in the next section.

2.3 Low stratiform clouds

The two most common types of low stratiform clouds are stratus and stratocumulus
(Wood, 2015). Above the eastern parts of the subtropical oceans, e.g. above the
southeastern Atlantic Ocean west of Namibia, extremely persistent and horizontally
extensive fields of stratiform clouds occur (Warren et al., 2015). In these regions
the annual mean coverage of stratocumulus is between 40 and 60 % (Wood, 2012,
2015). These cloud fields are called semipermanent subtropical marine stratocumu-
lus sheets.

2.3.1 Definition and properties of stratocumulus and stratus

Stratocumulus and stratus clouds are generally shallow stratiform clouds with low
vertical extension (less than 1 km) which occur in the upper few hundred metres in
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the PBL (Rangno, 2015; Wood, 2012). They are both composed of water droplets
given that the temperature at cloud top is larger than -5 to -10 ◦C, otherwise ice
crystals may form (Rangno, 2015).

Stratocumulus is a low-level cloud which appears as a patchy grey and whitish
layer with darker and lighter regions if seen from below. The darker regions re-
present higher amounts of liquid water and give stratocumulus clouds a mosaic-
like appearance (Rangno, 2015). The patchy and mosaic-like appearance originates
from individual convective elements which are often arranged in groups (American
Meteorological Society, 2024). Stratocumulus is basically a convective cloud whose
dynamics is driven by convective instability caused by radiative cooling at cloud top
(Wood, 2012). Their convective character and the presence of rounded masses and
rolls giving them their patchy and mosaic-like appearance distinguishes them from
pure stratus (World Meteorological Organization, 2017). In addition, the cloud base
height of stratocumulus clouds is often higher and more irregular in height than
those of stratus clouds (Rangno, 2015). Stratocumulus is composed of small water
droplets and, if so, only produces precipitation in the form of drizzle (Wood, 2012)
or light rain (World Meteorological Organization, 2017).

Stratus clouds are homogeneous low-level clouds in the form of a grey layer with a
rather uniform base (American Meteorological Society, 2024; Rangno, 2015; World
Meteorological Organization, 2017). Stratus lacks the wave pattern of stratocumulus
(American Meteorological Society, 2024) since stratus clouds lack the convective ele-
ments which distinguishes them from stratocumulus (Warren et al., 2015). Stratus
clouds are usually associated with a stable temperature profile in the PBL (Wood,
2015). If at all, stratus produces precipitation in the form of light drizzle, some ice
crystals, or snow grains (American Meteorological Society, 2024). Stratus is often
located closer to the surface with lower cloud top height than stratocumulus (Wood,
2015).

The liquid water mixing ratio in stratus and stratocumulus clouds increases linearly
with height (Wood, 2012). Typical values of the cloud water content in stratus
and stratocumulus clouds are around 0.1 to 0.5 g m−3 (Pruppacher and Klett, 2010).
The mean of the vertically integrated liquid water content (liquid water path (LWP))
for regions to the west of the continents with predominantly low stratiform clouds
ranges from 50-80 gm−2 (Wood et al., 2002). Since the cloud cover is not equal to
100 %, the LWP of the stratiform clouds may be higher (Wood, 2012). Stratocumu-
lus clouds are usually 200-400 m thick (Lee, 2018; Wood, 2015). Cloud thickness is,
among others, regulated by negative feedbacks with drizzle formation and cloud top
entrainment. Thicker clouds produce more drizzle which reduces the cloud water
and, thus, is a negative feedback on cloud thickness. Cloud top entrainment of dry
and warm air from the free troposphere causes evaporation of cloud water and, thus,
thins the cloud (Wood, 2015).

The droplet number concentration Nc in stratocumulus clouds reaches values from
less than 10 cm−3 to more than 500 cm−3 dependent on the aerosol concentrations



Chapter 2. Fog and low stratiform clouds in the Namib Desert 17

(Wood, 2012). A higher aerosol concentration favours more and smaller cloud
droplets yielding higher albedo, less drizzle and sedimentation. There is a large
contrast between oceanic and continental regions. Over the ocean high values of
Nc > 200 cm−3 occur mostly downwind of continental regions, e.g. off the Southern
California coast or off the coast of Chile. Low values around 50 cm−3 or less typically
appear over remote ocean areas (Wood, 2012). In continental areas cloud droplet
concentrations exceed values of 200 cm−3 although there are also regions like nor-
thern Amazonia or central Africa with lower droplet concentrations (Wood, 2012).
As outlined in Section 2.1, cloud droplet formation in the atmosphere occurs on
aerosol particles by heterogeneous nucleation. The number of aerosol particles acti-
vated as CCN is dependent on the aerosol size, chemical properties of the aerosol and
environmental supersaturation (cf. Sec. 2.1). Over ocean areas CCN usually range
from few tens to few hundreds cm−3. Over the continents CCN ranges from a few
hundred to few thousand cm−3 (Albrecht et al., 1995; Pruppacher and Klett, 2010).
The number of activated aerosol is expected to be most sensitive on mean aerosol ra-
dius in stratocumulus clouds. Chemical effects like e.g. solubility or surface-tension
changes are often less important than aerosol radius (Wood, 2012).
The concentration of aerosol particles influences processes and properties (esp. ra-
diative and chemical) of stratocumulus clouds. This includes e.g. an increased
albedo due to increased droplet concentration and reduced droplet surface area,
precipitation suppression, and changes to evaporation and condensation rates due
to decreased droplet radii (Wood, 2012). Thus, anthropogenic emissions impact on
clouds. The aerosol cloud interactions are a difficult subject in cloud-climate re-
search and subject of ongoing research (e.g. Formenti et al., 2019; Haywood et al.,
2021; Redemann et al., 2021; Zhang et al., 2024).

2.3.2 Stratiform cloud formation

In general, stratiform clouds such as stratus or stratocumulus clouds form in case
of cooling or moistening of the PBL (Wood, 2015). Moistening or cooling of the
boundary layer decreases the surface-based level of condensation resulting in cloud
formation and an increasing cloud depth if the surface-based level of condensation
falls below the inversion and the inversion layer does not change. Cooling of the
boundary layer by about 1 K or moistening by 0.2–0.6 g kg−1 can lower the surface-
based level of condensation by 100 m (Wood, 2012).
As for fog formation, the air must first become supersaturated to initiate cloud for-
mation. This can either be achieved by adiabatic or diabatic cooling towards the
dew point temperature, mixing or by an increase of moisture. Stratiform clouds
can form by radiative cooling of a moist boundary layer, meso-scale vertical ascent
in frontal systems, over orography or in small-scale buoyant systems (Doms et al.,
2018). Since marine stratiform clouds play an important role for fog in the Namib
region (Seely and Henschel, 1998; Spirig et al., 2019), the following discussion fo-
cuses on these.
Marine stratiform clouds can form when the MBL moistens and gets neutrally strat-
ified by turbulent mixing (Boutle and Abel, 2012; Paluch and Lenschow, 1991).
Starting from clear sky, initial turbulence is generated by vertical shear of the ho-
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rizontal wind or buoyancy (Wood, 2012). Condensation and thus cloud formation
typically starts in a thin layer near the top of the boundary layer where saturation is
reached if the lifting condensation level is located below the inversion (Wood, 2012,
2015). The initial cloud is often a stratus. Stratus may also form if the temperature
stratification is stable, e.g. by advection of warmer air masses over a cold ocean
surface. In this case, moisture accumulates near the surface and sea fog may form
(Paluch and Lenschow, 1991; Wood, 2012, 2015). Turbulent mixing induced by fog
top radiative cooling or wind shear can lift the fog base from the ground, thus form-
ing a stratus (Paluch and Lenschow, 1991; Wood, 2015).
Stratus often transforms into stratocumulus when it is sufficiently thick to become
emissive in thermal infrared. The thermal infrared radiative cooling drives convec-
tive overturning commonly occurring in stratocumulus (Paluch and Lenschow, 1991;
Wood, 2015). The cloud top might increase up to the inversion base height and is
typically at 500 to 2000 m above sea level (Wood, 2015).
Stratocumulus and stratus can also develop from many other cloud types, e.g. stra-
tus frequently develops from rising fog (World Meteorological Organization, 2017).
Stratus can also develop from stratocumulus when the stratocumulus cloud descends
or for any reason loses its patchy and mosaic-like appearance (American Meteorolo-
gical Society, 2024; World Meteorological Organization, 2017).

2.3.3 Vertical structure of the cloud-topped marine boundary
layer

With cloud formation, the neutrally-stratified MBL is decomposed into the lower
cloud-free subcloud layer and the above lying cloud layer (Kraus, 2008). In the
sub-cloud layer, the profiles of potential temperature θ and water vapour mixing
ratio qv are nearly constant with height and temperature approximately follows the
dry adiabat. In the cloud layer above, latent heat release by condensation yields an
increase of θ and the loss of water vapour by condensation results in a decrease of
qv (Fig. 2.2). Within the cloud layer temperature decreases with a moist-adiabatic
lapse rate (Kraus, 2004; Wood, 2012).
In the cloud-topped MBL, conserved variables are the total water content qt

qt = qv + qc (2.3)

and the equivalent potential temperature θe

θe ≈ θ exp

�
Lvr

v
sat

cpT

�
. (2.4)

qc is the mass fraction of cloud water, rv
sat the saturation mixing ratio of water for

a given temperature, and T the air temperature. Lv denotes the latent heat of
evaporation and cp the specific heat capacity at constant pressure.
The cloud-topped MBL is often rather shallow with a boundary layer height between
0.5–1 km. The horizontal wind is approximately constant with height in the well-
mixed cloud-topped MBL except for very close to the ocean surface (Wood, 2012).
In the transition layer from the cloud-topped MBL to the free troposphere strong



Chapter 2. Fog and low stratiform clouds in the Namib Desert 19

gradients of temperature, humidity, cloud water, tracers, and radiative cooling rates
exist. Across the inversion the wind speed sometimes changes several metres per
second or the wind direction changes several or tens of degrees (Wood, 2012).
The strength of the inversion is usually around 8 K (Pilié et al., 1979; Riehl et al.,
1951) but can reach up to 10–20 K (Lilly, 1968; Wood, 2012) and sometimes exceeds
1 Km−1 (Wood, 2012). The inversion layer is often only tens of metres thick (Roach
et al., 1982; Wood, 2012).

2.3.4 Processes in the cloud-topped marine boundary layer

Stratiform clouds are controlled by the interaction of radiation, turbulence, surface
fluxes, latent heat release, entrainment at cloud top, large-scale subsidence, and mi-
crophysical processes (Paluch et al., 1994; Wood, 2012). Figure 2.2 summarises key
processes which determine the cloud-topped MBL.

Free troposphere

Longwave 
cooling

Solar 
radiation

Entrainment

Boundary layer

Sensible 
&

 latent heat fluxes

Turbulent 
mixing

Evaporative cooling Latent heating

Drizzle 
&
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Sea surface

Large-scale
subsidence

q Θ

Microphysical 
processes

Figure 2.2: Schematic overview of the main processes in the well-mixed cloud-
topped MBL, figure adapted from Wood (2012).

Longwave cooling occurs in the most upper part (only a few metres) of the cloud.
Cloud droplets are very efficient at absorbing and emitting longwave radiation, so a
little way into the cloud layer, upwelling and downwelling longwave radiative fluxes
are balanced (Lee, 2018). In the top 10–30 m of the cloud layer, the upwelling long-
wave radiative flux is stronger than the downwelling longwave radiative flux under
a very dry troposphere. So in the upper metres of the cloud, a longwave radiative
flux divergence of typically 50–90 Wm−2 (Roach et al., 1982; Wood, 2012) leads to a
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strong radiative cooling rate of about 5–10 K h−1 (Koračin et al., 2001; Roach et al.,
1982) which enhances the temperature inversion.
This net longwave radiative cooling by the emission of thermal infrared radiation at
cloud top is the main driver for latent heating by condensation and for convective
instability resulting in turbulent mixing in the boundary layer (Bott et al., 1996;
Duynkerke et al., 2004; Ghonima et al., 2016; Lee, 2018; Wood, 2012; Zheng et al.,
2018). In the cloud-topped MBL, the surface sensible heat flux plays only a mi-
nor role for the generation of turbulence compared to longwave cooling at cloud top
(Wood, 2012). The strong thermal infrared cooling at cloud top drives negatively
buoyant plumes descending through the cloud layer. Thus, the cloud develops its
own turbulent structure with turbulent circulations (Boutle and Abel, 2012). The
turbulent circulations, also called overturning convective circulations, are the main
dynamical feature of stratocumulus clouds (Lilly, 1968; Wood, 2012). The convec-
tive circulations are intensified by latent heating in updraughts and evaporative
cooling in downdraughts. The turbulent mixing homogenises the cloud layer. Of-
ten the radiative cooling and resulting turbulent mixing are sufficiently strong with
negatively buoyant plumes spanning the entire boundary layer depth, so the cloud-
topped MBL stays well-mixed (Duynkerke et al., 2004; Nicholls and Leighton, 1986).
In this case the cloud layer is coupled to the surface moisture supply thus inhibiting
cloud dissipation (Boutle and Abel, 2012; Wood, 2012).
The most important source of moisture is the surface latent heat flux which is
regulated by relative humidity, temperature and wind speed at the surface (Wood,
2012). Without the moisture supply by the surface latent heat flux, the entrain-
ment of warm and dry air from the troposphere would dissipate the cloud (Lee,
2018; Nicholls, 1984). The entrainment of tropospheric air into the boundary layer
is further enhanced by turbulent mixing in the cloud-topped MBL generated by
cloud top radiative cooling (e.g. Ghonima et al., 2016; Nicholls, 1984; Nicholls and
Turton, 1986; Randall et al., 1984). The entrainment of warm and dry air in turn
amplifies the cooling at cloud top by evaporation of cloud droplets (Nicholls and
Turton, 1986).
Processes changing the inversion base height will also impact the cloud. The domi-
nating processes controlling the height of the inversion layer are turbulent mixing in
the boundary layer and subsidence in the lower troposphere (Kraus, 2004). Stronger
mixing increases the height of the boundary layer and rises the inversion.
Large-scale subsidence over low SSTs creates a shallow MBL capped by a strong
temperature inversion reducing cloud top entrainment of warm and dry air form
the troposphere and inhibiting a cloud development in vertical direction beyond the
PBL (Andersen et al., 2022; Eckardt et al., 2013; Ghonima et al., 2016; Lee, 2018;
Wood, 2012, 2015). The shallow MBL is often well-mixed and the cloud is coupled to
the surface moisture supply. A strong temperature inversion at the top of the PBL
and the availability of sufficient moisture are important factors for the formation and
maintenance of stratocumulus clouds (Duynkerke et al., 2004). Therefore, persistent
stratus and stratocumulus clouds frequently occur at the top of a shallow PBL be-
low a strong subsidence inversion associated with strong static stability of the lower
troposphere (Andersen et al., 2022). These conditions are typically found above the
cool regions of the subtropical oceans off continental west coasts in the descending
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branches of the Hadley and Walker circulations, e.g. above the southeastern Atlantic
(Duynkerke et al., 2004; Lee, 2018). Above the cold Benguela current and below the
large-scale subsidence of warm and dry air from the South Atlantic Anticyclone, the
southeastern Atlantic region offers ideal conditions for stratus and stratocumulus
formation. Similar circumstances are found at the west coasts of North and South
America above the cold water of the Humboldt current and the California current
(e.g. Böhm, 2020; Klein and Hartmann, 1993; Lilly, 1968; Luccini and Rivas, 2021;
Wood, 2012).
If the cloud-topped MBL becomes deeper than about 1 km due to the entrainment
of free tropospheric air into the cloud-topped MBL or due to weak large-scale sub-
sidence, the negative buoyancy of eddies resulting from longwave cooling at cloud
top is not strong enough for the eddies to penetrate the subcloud layer. In this case
the cloud layer can be decoupled from the surface moisture supply. This results in
increased stratification of conserved variables and less cloud cover since the strati-
form clouds are cut from surface moisture supply. The layer closest to the surface
can however be well mixed by surface generated turbulence due to turbulent fluxes
of latent and sensible heat at the sea surface.

The formation and evolution of clouds results from microphysical processes (e.g.
diffusional particle growth and interparticle collection). A cloud droplet grows by
water vapour diffusion if the relative humidity exceeds 100 % (cf. Sec. 2.1). With
increasing droplet radius the diffusional growth becomes less efficient and droplets
grow towards precipitation particles by interparticle collision and coalescence (Prup-
pacher and Klett, 2010).
With increasing cloud thickness and LWP, stratocumulus clouds, especially in the
MBL, often produce drizzle (Wood, 2012). Drizzle occurs 20 − 40 % of the time
in the regions of marine stratocumulus (Wood, 2012). Drizzle drops have diameters
from 50 (Khain et al., 2015; Wood, 2015) to 100 µm (Wood, 2012). Their droplet di-
ameter is between that of cloud droplets (2 to 50 µm) and raindrops with a diameter
larger than 100 µm (Khain et al., 2015). Drizzle formation is initialised by collision
and coalescence of cloud droplets (Pruppacher and Klett, 2010), also called auto-
conversion (Seifert and Beheng, 2006; Wood, 2012). Below cloud base, drizzle drops
evaporate, thus, cooling, moistening, and destabilising the subcloud layer (Wood,
2012, 2015). Observational studies revealed that drizzle rate at cloud base increases
with cloud thickness and LWP (Pawlowska and Brenguier, 2003; VanZanten et al.,
2005; Wood, 2012). Drizzle occurs most frequently in the early morning hours before
sunrise (Wood, 2012) when cloud thickness and LWP reach their maximum. Drizzle
can reduce the cloud thickness by drying out the cloud-topped MBL (Wood, 2012).
In addition to drizzle, sedimentation of cloud droplets, i.e. the fallout due to
gravitational settling, has to be taken into account as a sink for cloud water and
droplets. The absorption of incoming solar radiation near cloud top is the main
driver of the daily cycle of stratocumulus clouds. The heating by solar absorption
is strongest at cloud top since scattering of solar radiation at cloud top inhibits
solar absorption lower in the cloud layer. The proportion of solar radiation be-
ing absorbed by a stratocumulus cloud amounts up to 15 % dependent on the solar
zenith angle and the cloud optical depth. The main absorbers in the cloud are water
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vapour (roughly 50 % of solar absorption), droplets containing absorbing material,
and aerosols (Wood, 2012).
Many complex interactions and feedbacks can change drizzle, cloud water, droplet
size, turbulence, and radiation in a stratocumulus cloud. For further details on the
feedback mechanisms between microphysical processes, radiation, turbulence and
entrainment the reader is referred to Wood (2012) and references therein.

2.3.5 Diurnal cycle of low stratiform clouds

Low stratiform clouds often exhibit a strong diurnal cycle which is mainly driven
by the absorption of solar radiation at cloud top. The absorption of solar radia-
tion partly compensates the radiative cooling which is the main driver of turbulent
mixing and condensation (Duynkerke et al., 2004). That way, the absorption of
solar radiation weakens the turbulent mixing in the cloud-topped MBL and, thus,
the ability of the stratocumulus to maintain a well-mixed boundary layer. Due to
the reduced mixing during daytime, the cloud might get decoupled from its surface
moisture source (Duynkerke et al., 2004). The entrainment continuously supplies
warm and dry air from above the inversion into the boundary layer. This results in a
thinning of the cloud, lifting of cloud base or even break-up of the cloud (Duynkerke
et al., 2004). Since radiative cooling at cloud top drives condensation in the cloud,
this is also reduced resulting in fewer droplets and lower liquid water content. If
fewer cloud droplets are transported downward by turbulent mixing, the evaporative
cooling in the lower part of the cloud decreases.
As a result of reduced driving during daytime, stratocumulus clouds reach their
maximum with respect to cloud cover, LWP and cloud thickness shortly before
sunrise. Since drizzle increases with cloud thickness and LWP, it also reaches its
maximum before sunrise. The minimum in cloud coverage, thickness, and LWP is
reached in the early afternoon (Ghonima et al., 2016).

2.3.6 Dissipation of low stratiform clouds

Low stratiform clouds can dissipate in different ways: they can become thinner and
disappear as a whole or they can transform into a different cloud type (Wood, 2012).
The thinning of a stratiform cloud layer can result from strong subsidence which low-
ers the inversion (Randall and Suarez, 1984). Alternatively, thinning of stratiform
clouds can result from warming or drying of the PBL by heat fluxes and solar radi-
ation, drizzle removing moisture from the cloud layer and entrainment of warm and
dry air at cloud top (Wood, 2012). Stratiform clouds can also dissolve by processes
including the transition to a stratified and intermittently coupled boundary layer by
the reduction of turbulent mixing (Paluch et al., 1994). The reduction of turbulent
mixing can result from shortwave solar heating during daytime or from evaporation
of precipitation below cloud base. Both processes stabilise the temperature profile
(Paluch et al., 1994). Consequently, the marine stratiform cloud is cut off from sur-
face moisture supply and the entrainment of warm and dry air dissipates the cloud
(Nicholls, 1984).
The decoupling of the cloud from the surface can be accompanied by the formation
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of cumuli below the marine stratiform cloud. This often occurs if air masses are
advected over warmer water, e.g. if air masses move towards the equator around
the eastern side of subtropical oceanic anticyclones (Wood, 2012). Due to increased
surface fluxes over the warmer water, the cloud-topped MBL deepens and warms.
This leads to more warm air entrainment at cloud top and a decoupling of the cloud
layer from the surface.

2.4 The Namib Desert

The Namib Desert is one of the driest deserts on earth and stretches along the entire
Atlantic coast of Namibia (Goudie and Viles, 2015; United Nations, 2011). The
Namib Desert gave its name to the state of Namibia. In the local Nama language,
“Namib” means “an area where there is nothing” (Westberg and Westberg, 2013).
But the Namib Desert is far from being empty and lifeless. Despite of the extreme
aridity and despite of temperature that can reach up to 45 ◦C during the day and
can drop below freezing point at night (Lancaster et al., 1984), several species have
adapted to this life-hostile place. Life in the Namib Desert depends on two sources
of moisture: fog and rain (Eckardt et al., 2013; Hachfeld, Jürgens, et al., 2000;
Henschel and Seely, 2008; Lindesay and Tyson, 1990b; Pietruszka and Seely, 1985)
The central coastal area receives very few rain with less than 20 mm per year (Eckardt
et al., 2013). In contrast, fog occurs on more than 100 days per year (Olivier, 1995;
Shanyengana et al., 2002).

2.4.1 Topography of the Namib Desert

The Namib Desert is located at the southwestern coast of the African continent. It
spans the length of the Namibian coast extending more than 2000 km from 14 ◦S to
32 ◦S from the Carunjamba River in Angola to the Olifants River in South Africa.
Bounded by the Atlantic Ocean in the west and the ragged mountain range of the
Great Escarpment in the east the Namib Desert reaches 120-200 km inland (Goudie
and Viles, 2015).
120-200 km east from the coast the ground rises to an average altitude of 1500 m
reaching locally up to more than 2000 m forming the mountain range of the Great
Escarpment (Lindesay and Tyson, 1990a; Taljaard, 1979; Tyson and Seely, 1980).
The Great Escarpment runs almost parallel to the Atlantic coast and separates the
coastal plain including the Namib Desert in the west from the elevated inner plateau
in the east whose height ranges between 900 and 1300 m above sea level (Fig. 2.3).
Especially in central and southern Namibia altitudes rise several hundred metres
over short distances (Mendelsohn et al., 2002).
North of a line from Swakopmund to Windhoek the mountain range of the Great
Escarpment is interrupted by the so-called Escarpment Gap which is some hundreds
of kilometres wide (Fig. 2.3). The landscape in the area of the Escarpment Gap
is characterised by a slowly sloping terrain with gravel covered surfaces and large,
free-standing mountains, the so-called inselbergs. Amongst them is the Brandberg
massif (2579m), which is the most impressive inselberg including the highest peak
in Namibia (Goudie and Viles, 2015).
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Figure 2.3: Topographic height of the surface HSURF [m] in the Namib region.
Data is from a COSMO-FOG simulation with a horizontal grid spacing
of Δx� 7 km. The cities are Windhoek (WH), Swakopmund (SK),
Walvis Bay (WB) and Lüderitz (LÜ).

The Great Escarpment is traversed by valleys of mostly impermanent ephemeral
rivers which flow toward the coast, but only temporarily reach the ocean after pre-
cipitation has occurred. The only perennial rivers in the Namib Desert flow at
the Namibian borders with Angola and South Africa, namely the Kunene and the
Orange. Examples of ephemeral rivers are the Swakop, which enters the Atlantic
Ocean just south of Swakopmund and the Kuiseb about midway between the Kunene
River and the Orange River (Fig. 2.3). In the Kuiseb valley approximately 56 km
inland from the coast, a research station is located at Gobabeb (Lindesay and Tyson,
1990a).
The Kuiseb marks a major landscape change in the desert between the bare rocks
of the gravel plains in the north and coast parallel shifting sand dunes in the south
(Lindesay and Tyson, 1990a).
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2.4.2 Climatic setting of the Namib Desert

Located at the southwestern coast of the African continent in the proximity of the
cold Benguela current, the hyper-arid Namib is a typical coastal desert. The coastal
aridity is typical of subtropical locations at the subsiding branch of the Hadley cell
circulation with dry descending air masses.
Due to the large-scale subsidence, semi-persistent surface anticyclones prevail, form-
ing the subtropical high-pressure belt. This includes the South Atlantic Anticyclone.
Southerly and southeasterly winds at the eastern side of the South Atlantic Anticy-
clone exert stress on the sea surface pushing the coastal water away from the coast.
This drives near coastal upwelling of deep ocean water decreasing the SST of the
Benguela Current (Goudie and Viles, 2015; Olivier and Stockton, 1989). The largest
upwelling region is off the coast from Lüderitz yielding SSTs of approximately 14 ◦C
throughout the year being 5–7 ◦C colder than the surrounding water of the south-
ern Atlantic Ocean (Goudie and Viles, 2015; Mendelsohn et al., 2002; Olivier and
Stockton, 1989). The Benguela current and its upwelling are further enhanced by
the presence of the Great Escarpment leading to increased near coastal winds (Jung
et al., 2014).
The strong temperature contrast between the low SST and the subsiding warm air
leads to a strong temperature inversion capping the shallow well-mixed MBL. Within
the inversion layer, the temperature increases 5 to 10 ◦C on average (Taljaard, 1979).
This stable stratification effectively suppresses convection thus inhibiting convective
precipitation and separates the MBL from the free troposphere (Eckardt et al., 2013;
Lancaster et al., 1984). Turbulent mixing within the MBL creates an approximately
adiabatic temperature profile and a specific humidity profile which is nearly constant
with height. Under these conditions, low stratiform clouds frequently form below
the base of the inversion above the cold ocean current.
As is typical of a coastal desert, the temperature varies less near the coast where the
minimum temperature is around 5–10 ◦C and the maximum temperature is around
25–30 ◦C. Inland maximum temperatures around 40 ◦C and minimum temperatures
below 0 ◦C have been measured (Lancaster et al., 1984).

Depending on its position, the South Atlantic Anticyclone causes southwesterly or
southerly winds close to the Nambian coast. Thermally and topographically driven
wind systems modify the large-scale circulation patterns. The topographic charac-
teristics of the Namib Desert with a moderate slope, bounded by the cold waters
of the Benguela current to the west and the deeply dissected Great Escarpment to
the east provide ideal conditions for the development of thermally and topographi-
cally driven circulations (Taljaard, 1979). The regional airflow in the central Namib
Desert results from the interaction of the sea- and land-breeze system induced by
the thermal contrast between the cold ocean current and diabatically heated land
surface, the mountain-valley wind system in the deep valleys of rivers incised into the
Great Escarpment and the plain-mountain wind system between desert and plateau
surfaces separated by the Great Escarpment (Lindesay and Tyson, 1990a; Tyson
and Seely, 1980). A comprehensive overview on the circulation systems is given in
Lindesay and Tyson (1990a,b), Taljaard (1979), and Tyson and Seely (1980).



26

A southwesterly sea breeze in the range of 5–10 m s−1 occurs regularly throughout
the year with peaks in September and March transporting moist air from the At-
lantic inland (Seely and Henschel, 1998). It starts at the coast shortly after sunrise
and advances inland across the entire Namib by evening. At nightfall the south-
westerly sea breeze typically decays. The strength depends on the distance from the
coast (Seely and Henschel, 1998).
A thermal gradient between the cool coastal area and the hot eastern plateau drives
a northwesterly plain-mountain wind around 10–15 m s−1 starting typically in the
late afternoon (Lindesay and Tyson, 1990b; Seely and Henschel, 1998). In austral
summer, this plain-mountain wind can even continue during night and the inland
airflow of the plain-mountain wind may last continuously for several days. In austral
winter, the inland-directed plain-mountain winds are weaker and occur only during
the day (Lindesay and Tyson, 1990a). After sunset, the eastern plateau cools more
rapidly under a clear sky than the often cloud-covered western part of the Namib
and the ocean. The resulting temperature gradient drives a moderate (5–10 m s−1)
southeasterly mountain-plain wind starting at night and peaking at sunrise (Seely
and Henschel, 1998). The mountain-plain wind then decays rapidly in the mor-
ning (Lindesay and Tyson, 1990a; Seely and Henschel, 1998). Mountain-plain winds
are typically stronger in winter (Seely and Henschel, 1998). The sea breeze in the
coastal zone is in phase with the plain-mountain wind thus enhancing each other up
to 50–100 km from the coast (Taljaard, 1979).
On a more local scale, mountain-valley circulations may develop in the valleys of
rivers incised into the Great Escarpment. The sea breeze in the coastal zone inter-
acts with the valley wind in the dissected Great Escarpment, thus enhancing each
other (Lindesay and Tyson, 1990a).
Sometimes during winter very strong and dry easterly to northeasterly berg winds
interrupt the described circulation pattern (Seely and Henschel, 1998). Such distur-
bances occur rather seldom. Thus, the near-surface winds of the central Namib are
widely controlled by thermally and topographically induced boundary layer circula-
tions (Lindesay and Tyson, 1990b).

The geographical and meteorological situation described above results in on average
less than 50 mm of rainfall per year in the Namib Desert. Precipitation is lowest and
most variable at the west coast. The hyper-arid west coast of the Namib annually
receives an average of 15 mm precipitation making the hyper-arid Namib Desert one
of the driest places on Earth (Boss, 1941; Eckardt et al., 2013; Henschel and Seely,
2008; Lancaster et al., 1984; Mendelsohn et al., 2002; Seely, 1978). Approximately
100–120 km towards the Great Escarpment in the east, precipitation increases to 65–
100 mm (Boss, 1941; Henschel and Seely, 2008; Lancaster et al., 1984; Seely, 1978).
Rainfall in the Namib Desert is spatially and temporally highly variable and inter-
mittent (Hachfeld, Jürgens, et al., 2000; Lancaster et al., 1984). Consecutive years
without any rainfall have been recorded, e.g. Swakopmund experienced a period of
10 years without rainfall (Shanyengana et al., 2002).
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2.4.3 Fog climatology in the Namib Desert

While rain is an unregular and unreliable source of moisture in the Namib Desert,
fog occurs regularly and is more predictable than rain (Eckardt et al., 2013; Lan-
caster et al., 1984; Pietruszka and Seely, 1985; Seely and Henschel, 1998). Satellite
retrievals have shown that the number of fog days is highest near the coast and
decreases with distance from the coast (Andersen and Cermak, 2018; Andersen et
al., 2019; Cermak, 2012; Olivier, 1995). The annual fog day frequency decreases
from more than 100 days close to the coast to 40 days at a distance of 40 km from
the coast and to 5-10 days at 100 km inland (Cermak, 2012; Olivier, 1995). The
highest fog frequency with more than 100 days per year is limited to the low-lying
coastal plains in the central Namib which is below 200 m above sea level (Andersen
et al., 2019; Olivier, 1995). Olivier (1995) and Cermak (2012) have shown by use of
satellite retrievals that fog and stratus clouds occur most frequently in the Central
Namib around Walvis Bay, both over land and sea. However, there is a zone of
high occurrence frequency for fog with more than 50 days per year along the whole
Namibian coast (Olivier, 1995).
Olivier (1995) supposed a link between topography and fog occurrence frequency:
Fog advances farther inland when the limitation by the Great Escarpment is missing
(in the Escarpment Gap or in valleys of larger rivers). North of Walvis Bay land-
ward spikes in the fog frequency are oriented along river beds (Cermak, 2012; Olivier,
1995). Where the coastal plain narrows, fog occurrence decreases more quickly with
distance from the coast.

The monthly distribution of FLC frequency derived from satellite retrievals reveals
a maximum from September to January and a minimum in May, June and July
(Fig. 2.4) (Andersen et al., 2019; Cermak, 2012). In contrast, ground-based obser-
vations show seasonal fog frequency patterns varying between coastal and inland
stations (Fig. 2.4). At coastal stations, the fog frequency peaks between April and
September (Lancaster et al., 1984; Seely and Henschel, 1998), while farther inland
the peak occurs from August to January (Henschel et al., 1998; Lancaster et al.,
1984; Spirig, 2020). Thus, ground-based observations and satellite retrievals of fog
frequencies show contrasting seasonal fog patterns at coastal stations while the sea-
sonal patterns agree at inland stations (Cermak, 2012; Nagel, 1959; Olivier, 1995).
Andersen et al. (2019) used a combination of satellite observations and ground-
based measurement stations to show that the reason for the discrepancies between
ground-based observations and satellite retrievals is due to a seasonality in the verti-
cal structure of FLCs influencing the interception of clouds with the terrain. During
summer, cloud top and base heights are higher than in winter, causing the clouds
to penetrate further inland where they intercept elevated terrain. The higher cloud
bases lead to situations where clouds are disconnected from the surface at the coast
from August to March. The clouds are classified as fog and low cloud by satellite,
but not observed as fog by station measurements. This explains the discrepancies
between measurements at ground-based stations and satellite retrievals for coastal
areas. During the southern hemispheric winter, cloud top and base heights are about
100 m lower than in summer. Andersen et al. (2019) suggested that the lower cloud
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heights cause the clouds to touch the ground more frequently in the coastal plains
during southern hemispheric winter. This explains the peak in fog frequency at the
coastal stations between April and September.

Figure 2.4: Monthly averaged relative FLC occurrence frequency at coastal (left)
and inland stations (right). Spinning Enhanced Visible and In- frared
Imager (SEVIRI) observations (2004–2017) are illustrated by grey bars;
station measurements of ground fog (2015–2017) are in blue. From
Andersen et al. (2019).

The onset time of FLCs in the course of the day is strongly related to the dis-
tance from the coastline with FLCs appearing significantly earlier at the coast than
further inland (Andersen and Cermak, 2018; Andersen et al., 2019). Fog appears
shortly after sunset at the lower-lying coastal stations. The onset time of fog varies
also in north-south direction. The fog occurs slightly later in the night and the
fog event gets shorter the further south the station is located. The investigation
of hourly fog precipitation1 reveals a peak of occurrence in the two hours around
sunrise (Spirig, 2020). Most of the FLCs are gone by 14 UTC (Cermak, 2012).
While the number of fog days per year decreases from the coast inland, fog pre-
cipitation increases from the coast up to 35-60 km inland and decreases afterwards
(Lancaster et al., 1984). Lancaster et al. (1984) measured the highest fog precipita-
tion at two stations 33 km and 60 km from the coast at an altitude of 340 and 500 m
(see also Henschel et al., 1998). The increase of fog precipitation is attributable to
the increase of the terrain with most precipitation occurring at a height of 300−600 m
above sea level. This is related to stratiform clouds below the inversion base at 300

1Fog precipitation is measured with a mesh (e.g. a cylindrical wire mesh) installed above a rain
gauge (Henschel et al., 1998; Lancaster et al., 1984). The collected water in the rain gauge is
often referred to as fog precipitation.
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to 600 m which have to travel 20 to 60 km inland to intersect with the terrain (Lan-
caster et al., 1984).
The number of fog days as defined by non-zero fog precipitation might give a wrong
impression about the importance of fog for the ecosystem or the availability for fog
harvesting. Not all fogs deposit significant water. Based on non-zero fog precipita-
tion, fog days were more frequently recorded at the most coastal station compared
to the station farthest inland. However, at the station farthest inland, the fog pre-
cipitation is on average larger. This shows that fogs can be less frequent but produce
more fog precipitation when reaching this far inland (Spirig, 2020).

2.4.4 Fog origins in the Namib Desert – Current theories

In the last decades numerous observational studies have dealt with the origin of the
frequent fog in the Namib Desert. These observational studies suggest different types
of fog regularly occurring in the Namib, i.e. advection fog, radiation fog, frontal fog,
and intercepting clouds or lowering stratus clouds (Hachfeld, Jürgens, et al., 2000;
Lancaster et al., 1984; Seely and Henschel, 1998; Taljaard, 1979).
Advection fog forms when warm moist air is transported over the cold water of the
Benguela current in the Atlantic Ocean by onshore wind (see Sec. 2.2) (Olivier,
1992; Seely and Henschel, 1998). The upwelling and the Benguela current off the
Namibian coast create a SST gradient with the coldest water adjacent to the coast.
The advection fog is often transported inland with a southerly or southwesterly sea
breeze (Olivier, 1992; Seely and Henschel, 1998) and reaches the Namibian coast
during the afternoon. On more than 100 days per year this fog penetrates inland
approximately 15 km reaching a maximum height usually below 200 m (Seely and
Henschel, 1998). The distance from the coast reached by the fog depends on the
wind speed and direction at the coast and further inland (Olivier, 1992; Taljaard,
1979). Rarely this fog types reaches as far as Gobabeb (approximately 56 km from
the coast) (Seely and Henschel, 1998). Advection fog occurs mainly in austral winter
(Andersen et al., 2020).
Radiation fog may form when moist air has been advected inland with the onshore
sea breeze at daytime and cools during the night (see Sec. 2.2). This is opposed by
observations of very low dewpoint temperatures at Gobabeb hinting at dry katabatic
flows during the night obstructive for the formation of radiation fog (Olivier, 1992).
Seely and Henschel (1998) suggest the formation of radiation fog when moist coastal
air masses mix with a cool easterly mountain-plain wind. Until recently, radiation
fog was seen as rare event (Eckardt et al., 2013; Seely and Henschel, 1998).
Frontal fog with drizzle can occur during the passage of a cold front (Seely and
Henschel, 1998). This is rarely observed (Seely and Henschel, 1998) and thus not
further discussed.

Of great importance in the Namib region is cloud interception fog which frequently
occurs in conjunction with a northwesterly breeze (Seely and Henschel, 1998). Ex-
tensive and persistent low cloud fields frequently form over the southeastern Atlantic
Ocean under the influence of large-scale subsidence from the South Atlantic Anticy-
clone and the low SST due to the upwelling of the Benguela Current (see Sec. 2.3).
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These clouds are located between 100 and 600 m above sea level and are usually
topped by a strong capping inversion inhibiting the formation of cumulus clouds
(Seely and Henschel, 1998; Taljaard, 1979). These clouds are advected inland and
fog forms about 20 to 60 km inland at an altitude of 100 to 600 m above sea level
where these clouds intersect terrain (Andersen and Cermak, 2018; Andersen et al.,
2019, 2020; Lancaster et al., 1984; Olivier, 1992, 1995; Spirig et al., 2019; Taljaard,
1979). The clouds are advected inland by westerly or northwesterly winds which
might be enhanced by a plain-mountain wind or a valley breeze (Olivier, 1992; Seely
and Henschel, 1998). The peak seasons of cloud interception fog around Septem-
ber and March are consistent to plain-mountain and mountain-plain winds, because
both wind systems are well-developed at that times (Seely and Henschel, 1998).
The occurrence of cloud interception fog and advection fog is independent from each
other so both fog types can occur at the same time at different altitudes (Seely and
Henschel, 1998).
Cloud interception fog and advection fog are of marine advective origin (Andersen
et al., 2020). This shows, that fog in the Namib region is strongly related to wind
systems. The importance of advective processes for fog in the Namib Desert is fur-
ther supported by measurements of fog microphysics during the AEROCLO-sA field
campaign, which indicate that fog originates from cloudy air masses advected from
the ocean (Formenti et al., 2019). The fact that the timing of the onset of FLCs
depends on the distance from the coast, with FLCs occurring earlier at the coast
than further inland, also points to an advective origin of the fog (Andersen and
Cermak, 2018; Andersen et al., 2019, 2020).

The origin of fog from the inland advection of FLCs has recently been questioned.
Based on an isotope analysis of fog water, Kaseke et al. (2017) and Kaseke et al.
(2018) found that the majority of their fog water probes originated from mixed or
sweet water sources. Interpreting this as an indication of radiation fog they sug-
gested a possible shift from an advection-dominated to a radiation-dominated fog
regime. As a result, the importance of the various processes leading to fog formation
is currently a subject of scientific debate (Andersen et al., 2020).

The importance of the different processes that lead to fog formation and control
the spatio-temporal evolution of fog events are still not fully understood (Andersen
et al., 2019, 2020; Spirig et al., 2019). For future water resource management in the
hyper-arid Namib Desert, it is crucial to understand the mechanisms contributing
to fog formation and evolution (Eckardt et al., 2013; Henschel et al., 1998; Shanyen-
gana et al., 2002). Understanding the local mechanisms and thermo-hydrodynamic
processes leading to fog formation and the spatio-temporal evolution of fog events in
a spatially coherent manner can best be achieved using three-dimensional numerical
simulations. To the author’s knowledge, there is no modelling study which focuses
on understanding the occurrence of FLCs in the Namib Desert.



3 Description of COSMO-FOG

The major objective of this study is the analysis of processes controlling fog occur-
rence and the spatio-temporal evolution of fog events in the Namib Desert. There-
fore, within this thesis the three-dimensional numerical model COSMO-FOG is de-
veloped. The COSMO model is not designed for the simulation of fog, but for
operational weather forecasting. PAFOG is a one-dimensional forecast model with
parametrised cloud microphysics for fog and low stratiform clouds (Bott and Traut-
mann, 2002).
In this study, the two-moment microphysics scheme of PAFOG is newly implemented
into version 5.05 of the meso-scale NWP model COSMO. For the numerical simula-
tion of low-level stratiform clouds, Bott (2020) extended PAFOG by a one-moment
bulk parametrisation of drizzle formation. However, to have access to additional
diagnostic tools, not the pure COSMO model, but COSMO/MESSy (Kerkweg and
Jöckel, 2012), i.e. COSMO including MESSy (Jöckel et al., 2005) is used. For
simplicity the model will be called anyhow COSMO-FOG in the remainder of this
thesis.
This chapter deals with the implementation of the microphysical parametrisation of
PAFOG into the COSMO model. In Section 3.1, the COSMO model is introduced.
Afterwards, the microphysical parametrisation scheme of COSMO is described in
Section 3.2, before the two-moment microphysical parametrisation scheme of PA-
FOG is introduced in Section 3.3. The implementation of the PAFOG microphysical
parametrisation into COSMO is illustrated in Section 3.4. Finally, additional diag-
nostics used from MESSy are presented in Section 3.5.

3.1 The numerical weather prediction model COSMO

The COSMO model is a non-hydrostatic limited-area NWP model which can be
applied for operational weather prediction, climate simulations and scientific ap-
plications on the meso-β and meso-γ scale (Doms and Baldauf, 2018). The basic
version of the COSMO model, formerly named Lokal Modell (LM), has been deve-
loped by the Deutscher Wetterdienst (DWD, German Meteorological Service). The
subsequent improvement and maintainance of the model system has been organised
within the framework of the international Consortium for Small-scale Modelling
(COSMO) (Doms and Baldauf, 2018).
Since the end of 1999, the COSMO model has been part of the operational NWP
system at DWD. Besides the operational NWP application, the COSMO model
has been connected to MESSy building a limited-area atmospheric chemistry model
(Kerkweg and Jöckel, 2012). Special configurations for regional reanalysis (Bollmeyer
et al., 2015; Wahl et al., 2017) and long-term climate simulations (Rockel et al., 2008)
have also been developed.
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In this study, the COSMO model (version 5.05) is applied in configurations at 7 km
and 2.8 km grid spacing. The following model description is mainly based on Doms
and Baldauf (2018), Doms et al. (2018) and Baldauf et al. (2011).

3.1.1 The model equations, base state, coordinate system, and
time integration

The COSMO model is based on hydro-thermodynamical model equations that de-
scribe a non-hydrostatic compressible flow in a moist atmosphere without any scale
approximations (Doms and Baldauf, 2018; Schättler et al., 2018; Steppeler et al.,
2003). The atmosphere is considered to be composed of dry air, water vapour, liquid
water and water in solid state (i.e. frozen state). The prognostic model equations
are derived from the budget equations representing the basic conservation laws of
mass, momentum and internal energy as well as the ideal gas law.
The solution of prognostic equations in NWP models requires the definition of a
spatial and temporal grid. As the spatial and temporal resolution of NWP models
is limited by the grid spacing and time step of the model, the model equations have
to be averaged. Applying some further simplifications to the hydro-thermodynamic
equations (see Doms and Baldauf (2018), their Sec. 2.2 for more details), yields the
basic model equations for the relative velocity v, the pressure p, the temperature
T , the specific humidity qv and the specific water content in liquid ql or optionally
frozen form qf 1,2:

ρ
dv

dt
= −∇p + ρg − 2Ω × (ρv) −∇ · T, (3.1)

dp

dt
= −
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cv
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1 +
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�
T

�−1

. (3.6)

In equations 3.1–3.6, g is the acceleration of gravity, Ω is the constant angular
velocity of earth rotation, cp and cv are specific heat of dry air at constant pressure
and specific heat of dry air at constant volume, respectively. Rd and Rv are the gas
constants for dry air and water vapour, respectively. In this system of equations, the
continuity equation is replaced by an equation for pressure (Eq. 3.2). The density

1Liquid water includes the specific cloud water content and the specific water content of rain.
Water in solid form comprises the specific cloud ice content, the specific content of snow and
graupel, depending on the scheme used. In the following, the ‘specific’ will be omitted for
convenience for the contents of cloud water, cloud ice, rain, snow, and graupel.

2The hat and bar symbols indicating the mean values are omitted for convenience.
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of moist air ρ is determined diagnostically from the equation of state.
Equations 3.1–3.6 form a complete set to predict the grid-scale variables of state if
the terms describing the contributions from subgrid-scale processes on the grid-scale
variables are known. The subgrid-scale processes included in equations 3.1–3.6 are
the turbulent transport of momentum (represented by the Reynolds stress tensor T),
the turbulent fluxes of water vapour Fv, liquid water Fl and ice Ff , the precipitation
fluxes of liquid water Pl and ice Pf , and the rates of phase transitions of liquid water
I l and ice If . Qh represents all diabatic effects and is given as:

Qh = LvI
l + LsI

f −∇ · (H + R) . (3.7)

Here, Lv and Ls denote the latent heat of vaporisation and sublimation, respectively.
H and R denote the turbulent flux of sensible heat, and the flux of solar and thermal
electromagnetic radiation, respectively.
All terms representing subgrid-scale processes have to be expressed in terms of the
grid-scale variables which is called parametrisation. An overview of the physical
parametrisation schemes used in the COSMO model is given in Section 3.1.2.

The model equations are numerically solved on an Arakawa-C grid on a rotated
spherical coordinate system accounting for the spherical shape of the earth. The
geographical coordinates are transformed into rotated coordinates by tilting the
north pole in such a way that the equator is close to the centre of the model domain.
Thus, effects of the convergence of the meridians are minimized. In vertical direc-
tion, a time-independent generalised terrain-following height coordinate ζ is used.
The distance between the ζ-surfaces increases with height thus ensuring a finer ver-
tical grid close to the ground.
Due to the fact, that the model atmosphere in the COSMO model is compressible,
sound and gravity waves occur in the solution of the model equations. As acoustic
sound waves propagate with very fast phase speed, this imposes strong restrictions
on the choice of the time step. To solve the model equation system efficiently, a
time-splitting approach is applied in the Runge-Kutta integration scheme, splitting
the model equations into slow and fast parts. Physical processes, such as advection
or the subgrid-scale processes, belong to the slowly varying modes. The fast part
consists of the pressure gradient terms, the working terms in the temperature and
pressure equation resulting in sound expansion and the buoyancy terms together
leading to expansion of gravity waves. The time-splitting method enables the usage
of a numerical time step of 40 s or 25 s at grid spacings of 7 km or 2.8 km, respectively.

3.1.2 Parametrisations

As already mentioned above, the set of basic model equations 3.1-3.6 can only be
solved with the knowledge of the contributions by subgrid-scale processes to the
grid-scale variables. The effect of these subgrid-scale processes on the resolved grid-
scale variables is determined by means of physical parametrisations.
In the COSMO model, the parametrisation of radiative processes is based on a δ-
two-stream approximation of the radiative transfer equation (Ritter and Geleyn,
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1992). Fractional cloud cover for radiative transfer and further applications in post-
processing is calculated by an empirical function dependent on the relative humi-
dity, the height of the model layer, and (where necessary) the convective activity
(Schättler et al., 2018; Steppeler et al., 2003). Moist convection is parametrised
with the mass flux convection scheme of Tiedtke (1989). For shallow convection a
simplified version of the mass flux scheme of Tiedtke (1989) is applied. The shallow
convection scheme does not form convective precipitation (Doms et al., 2018). The
parametrisation of vertical turbulent diffusion is based on a closure according to Mel-
lor and Yamada (1982) at hierarchy level 2.5 as introduced by Mellor and Yamada
(1974). The parametrisation uses a prognostic equation for the turbulent kinetic
energy (TKE). The turbulent fluxes are parametrised by a traditional K-closure,
i.e. the turbulent fluxes are described proportional to the vertical gradient and a
factor K which is referred to as turbulent exchange coefficient or turbulent transfer
coefficient. The turbulent transfer coefficients are determined in dependence of the
vertical wind shear and the stability of the thermal stratification (Baldauf et al.,
2011). Departing from the scheme described by Mellor and Yamada (1982), the tur-
bulence parametrisation in the COSMO model uses variables which are conserved
under moist adiabatic processes (see Baldauf et al. (2011) for further details). The
fluxes of momentum, heat, and moisture at the bottom boundary are parametrised
consistently with the turbulence scheme based on a prognostic equation for TKE
(Doms et al., 2018). For the calculation of surface fluxes between the surface and the
atmosphere, the land surface temperature and specific humidity at the ground are
provided by the multi-layer soil model TERRA-ML (Doms et al., 2018). TERRA-
ML describes thermal and hydrological processes in the soil (Doms et al., 2018).
The microphysical parametrisation is of special importance for the scope of this
study and is therefore described more detailed in the following section. Further in-
formation on the physical parametrisations can be found in Doms et al. (2018) and
references therein.

3.2 Parametrisation for grid-scale clouds and
precipitation in the COSMO model

Grid-scale clouds and precipitation including phase changes are parametrised using
a one-moment bulk parametrisation in the COSMO model. The prognostic variables
in the bulk parametrisation scheme of the COSMO model are the mass fractions qx

of various hydrometeor types x. The general budget equation for the mass fractions
qx is given by equation 3.5, which can be rewritten as (Doms and Baldauf, 2018)

∂ql,f

∂t
+ v · ∇ql,f − 1

ρ

∂P l,f

∂z
= Sl,f + Mql,f , (3.8)

where the indices l and f mark liquid and solid forms of water substance. The
second term on the left hand side describes advection of the mass fractions. The
term

Mql,f = −1

ρ
∇ · Fl,f (3.9)
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denotes the source term due to turbulent mixing (Doms and Baldauf, 2018). P l,f

are the absolute values of the precipitation fluxes of water (l) and ice (f) which are
given as (Doms and Baldauf, 2018)

Pl,f = −P l,fez = −ρql,f |vl,f
T |ez (3.10)

and depend on the mean terminal fall velocities vl,f
T of the particles being a nonli-

near function of the mass fractions ql,f . In the bulk parametrisation of the COSMO
model, precipitating and non-precipitating categories are distinguished. The bulk
microphysical parametrisation of the COSMO model predicts the mass fractions of
water vapour, cloud water, rain water, cloud ice, and snow. For high-resolution
COSMO simulations, which are expected to explicitly simulate deep moist convec-
tion, additionally graupel is considered (Doms et al., 2018; Reinhardt and Seifert,
2006). The mass fractions of cloud water qc and cloud ice qi belong to the non-
precipitating cloud phase and have a negligible sedimentation velocity. Thus, their
precipitation fluxes Pl,f are neglected. Rain, snow and graupel with mass fractions
qr, qs and qg belong to the precipitable phase. For the precipitating particles the se-
dimentation flux is larger than the turbulent fluxes. Therefore, for the precipitating
categories rain, snow and graupel, the precipitation fluxes Pl,f are included while
the turbulent fluxes Fl,f are neglected.
Sl,f represents the cloud microphysical sources and sinks due to phase changes and
conversion between different hydrometeor types per unit of moist air (Doms and
Baldauf, 2018):

Sl,f =
1

ρ
I l,f . (3.11)

Examples for these processes are condensation and evaporation of cloud water, au-
toconversion of cloud water to form rain, evaporation of rain water, melting of cloud
ice to form cloud water, ... 3. A detailed description of the parametrisation of each
individual process is beyond the scope of this study. For further information, the
reader is referred to Doms et al. (2018).

This study focuses on the numerical simulation of fog and low stratiform clouds, i.e.
warm clouds. Fog and low stratiform clouds usually form no precipitation except for
drizzle. While graupel often occurs in convective situations with strong updraughts,
weather situations with fog and low stratiform clouds are not characterised by strong
convective updraughts and a strong temperature inversion suppresses convection in
the Namib region (cf. Sec. 2.4). So rain, snow and graupel will not be relevant for
the case studies simulated in this study.
For warm clouds, besides the autoconversion from cloud water to rain and drizzle, the
condensation and evaporation of cloud water are essential microphysical processes.
The condensation or evaporation rates are calculated by a saturation adjustment:
If a grid box becomes supersaturated in a numerical time step, the temperature
and the mass fractions of cloud water qc and water vapour qv will be isobarically
adapted to a saturated state taking into account the release of latent heat during
condensation. The resulting difference of qv determines the amount of cloud water

3A list of the cloud microphysical processes which are accounted for is given in the appendix.
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qc being condensed. For supersaturation the cloud cover is set to one. If undersatu-
ration occurs in case of qc > 0, the cloud water is evaporated until either saturation
with respect to water is reached or all cloud water is evaporated. The nucleation
process is encompassed by the saturation adjustment since it is assumed that always
enough cloud condensation nuclei are present in case of supersaturation and resul-
ting condensation (Doms et al., 2018). As the condensation rate is calculated by a
saturation adjustment, condensation-evaporation is a quasi-reversible process with
two thermodynamic states: Either the air in a grid box volume is saturated with
respect to water with qv = qv

sat and qc > 0 or it is undersaturated with qv < qv
sat and

qc = 0. The specific humidity at saturation with respect to water qv
sat is given by

(Doms et al., 2018)

qv
sat(T, p) =

Rd

Rv

esat(T )

p − (1 − Rd

Rv
)esat(T )

. (3.12)

esat(T ) is the equilibrium vapour pressure over a plane surface of water. It is calcu-
lated with the following formula:

esat(T ) = pv
0 exp

�
aw

T − Tr

T − bw

�
(3.13)

using the parameters pv
0 = 610.78 Pa, Tr = 273.16 K, aw = 17.27 and bw = 35.86K

(Doms et al., 2018).

The one-moment bulk parametrisation in the COSMO model is not designed for
the simulation of fog. It distinguishes condensation and evaporation by a threshold
of 100 % relative humidity. A supersaturation cannot occur and is thus neglected.
The cloud water content in the COSMO model is treated as a non-precipitating bulk
phase without a particle size distribution. The sedimentation flux of cloud water is
neglected.
Therefore, in this study, the bulk cloud scheme of the COSMO model is replaced
by the two-moment microphyiscal parametrisation scheme of the fog and boundary
layer cloud model PAFOG in the lower atmosphere.

3.3 Two-moment microphysical parametrisation in
PAFOG

PAFOG is a one-dimensional model which has been developed for the forecast of
radiation fog and low-level stratiform clouds (Bott and Trautmann, 2002). PAFOG
allows for a fog forecast with a lead time of 24 hours on a standard personal computer
within a few minutes. In contrast to the standard microphysical parametrisation of
the COSMO model, PAFOG comprises a two-moment microphysical parametrisa-
tion which is based on Nickerson et al. (1986) and Chaumerliac et al. (1987).
The two-moment microphysical parametrisation of PAFOG includes modules for
the activation of cloud droplets from dry aerosol, a description of the condensa-
tion and evaporation process and a module for the sedimentation of cloud droplets
(Bott and Trautmann, 2002). All these processes are parametrised dependent on
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the droplet number concentration which is treated prognostically in PAFOG. For
the simulation of low-level stratiform clouds, PAFOG has recently been extended
with a one-moment bulk parametrisation for drizzle formation (Bott, 2020). In the
following, the microphysical cloud scheme of PAFOG being relevant for this thesis
is described. The description widely follows Nickerson et al. (1986), Chaumerliac
et al. (1987), Bott and Trautmann (1997) and Bott (2020).

In contrast to the microphysical parametrisation of the COSMO model, where cloud
water is a non-precipitating bulk phase without size distribution, a particle size dis-
tribution is assumed for cloud droplets in PAFOG. As in Nickerson et al. (1986), the
size distribution of the cloud droplets is assumed to be a log-normal size distribution
given as a function of the droplet diameter D by

dN c =
N c

√
2πσcD

exp

�
− 1

2σ2
c

ln2

�
D

D0

��
dD (3.14)

with N c the total number concentration of cloud droplets, D0 denoting the mean
droplet diameter and σc the dispersion parameter of the log-normal distribution. σc

can be prescribed as a function of the aerosol type (maritime: σc = 0.28, continental:
σc = 0.15) as in Chaumerliac et al. (1987). Following Bott and Trautmann (2002),
σc = 0.2 is used in the present study.

Activation

In a cloud scheme based on a two-moment approach, where the cloud droplet number
concentration is a prognostic model variable, the activation of cloud droplets from
aerosol particles is an important source term for the droplet number concentration.
In PAFOG, the number of activated condensation nuclei at a given grid-scale su-
persaturation is determined without an explicit calculation of the Köhler theory,
instead it is based on Twomey’s relation (Twomey, 1959):

Nact = NaSk. (3.15)

Here, Nact denotes the number of activated condensation nuclei, Na the number of
dry aerosol particles and S the supersaturation. Na and k are empirical constants
depending on the aerosol type. Chaumerliac et al. (1987) define Na to be 3500 cm−3

and k to be 0.9 for continental clouds, and Na = 100 cm−3 and k = 0.7 for maritime
clouds. In this study the value for Na is set to 400 cm−3 and k = 0.7 as the research
area is the Namibian coast which is predominantly influenced by maritime air masses,
but sometimes also by continental air masses from the African continent. Currently,
Na is spatially constant over the model domain, although the model domain includes
maritime and country seashore parts. Ideally Na should be a prognostic quantity,
however, implementing nucleation, sources and sinks into the model goes beyond
the scope of this study and a fixed value of 400 cm−3 must suffice. The effect of the
nucleation on the aerosol concentration Na is neglected.
The increase of the droplet number concentration by activated condensation nuclei
is represented as follows:

N c(t + Δt) = N c(t) + max(Nact − N c(t), 0). (3.16)
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The above formulation ensures, that the number concentration of cloud droplets
increases only for an increase in supersaturation. For constant supersaturation, the
already existing cloud droplets grow by condensation and N c stays constant.

Condensation and evaporation

In the PAFOG microphysical parametrisation, the temporal evolution of the cloud
is described by the change of the droplet number concentration and the droplet
diameter. The temporal development of the droplet diameter D due to condensation
or evaporation is given by

dD

dt
= G

S

D
(3.17)

where S is the supersaturation and G is the thermodynamic function (Chaumerliac
et al., 1987):

G =
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Here, Lv is latent heat of vaporisation, ρw the density of water, esat(T ) is the satu-
ration vapour pressure over a plane surface of water, Rw the specific gas constant
for moist air, Dv the water vapour diffusivity and K the thermal conductivity.
The change of cloud water content qc by condensation and evaporation, respectively,
is given by:
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Inserting the log-normal size distribution and equation 3.17 yields an expression for
the change of cloud water content qc and specific humidity qv by condensation and
evaporation, respectively, as a function of the cloud droplet number concentration
N c, the mean droplet diameter D0 and the average supersaturation S:
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For further details see Chaumerliac et al. (1987). The change of temperature due to
phase changes is given by
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. (3.22)

The average supersaturation S is calculated following Sakakibara (1979) yielding an
average supersaturation for a numerical time step in the order of 10 s or even larger
(Bott and Trautmann, 2002; Chaumerliac et al., 1987).
The change of the cloud droplet number concentration due to condensation and
evaporation is based on the following considerations: For a given supersaturation
with S > 0 the droplets grow and the cloud water content increases. As long as
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no further droplets are activated, the cloud droplet concentration remains constant.
In case of undersaturation with S < 0, the small droplets evaporate first. Thus,
the droplet number concentration and the cloud water content decrease. Assuming,
that G and S are constant during the numerical time step Δt, the critical diameter
of the largest evaporating droplet can be determined from equation 3.17 as:

Dc,eva =
√
−2GSΔt with S < 0 (3.23)

Integration of the log-normal size distribution from the smallest droplet to the cri-
tical droplet diameter Dc,eva yields the number of evaporating cloud droplets.
For drizzle particles, the condensational growth is neglected (Bott, 2020). In under-
saturated air, the evaporation rate is split between drizzle and cloud water depending
on the maximum amount of drizzle or cloud water that can evaporate. Due to the
larger size and fall speed of the drizzle particles, it is assumed that in a 20 m thick
model layer at most 15 % of the total specific drizzle water content4 can evaporate
(Bott, 2020).

Sedimentation

Differing from the standard bulk parametrisation of the COSMO model, the cloud
water content has a non-negligible sedimentation velocity in the microphysical para-
metrisation of PAFOG. The assumption of a droplet size distribution for the cloud
droplets allows for the calculation of a sedimentation velocity dependent on the mean
droplet diameter D0. The settling velocity v of the droplets is calculated according
to Berry and Pranger (1974) dependent on the Reynolds number Re and the mean
droplet diameter D0:

v(D0) =
ηRe

D0ρ
, (3.24)

where the dynamic viscosity of air η is determined as a function of temperature

η = 1, 496286 · 10−6 T 1,5

T + 120
. (3.25)

A more detailed description is given in Bott and Trautmann (1997).
The sedimentation of cloud droplets is numerically solved by the positive definite
advection scheme of Bott (1989).

Drizzle

PAFOG has recently been extended by a one-moment bulk parametrisation of drizzle
formation (Bott, 2020). The loss of cloud water by the formation of drizzle water is
parametrised by

�
∂qc

∂t

�

df

= αqc (3.26)

α =
qc

qc
crit

1

3600
(3.27)

4In the following, the ‘specific’ will be omitted for convenience.
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where α has units of s−1 and qc
crit = 0.5 g kg−1. The loss of cloud droplets by the

autoconversion process is ignored. Since the drizzle water is a bulk phase without
droplet spectrum, assumptions for the diameter have to be made for the parametri-
sation of drizzle sedimentation. It is assumed that the radius of the drizzle particles
increases exponentially between the level where drizzle forms and the surface. The
drizzle radius ranges from 70 µm to 90 µm.

Parametrisation of visibility

The reduction of the visibility by fog depends on the number density and size dis-
tribution of the droplets. Many small droplets yield a stronger reduction of the
visibility than larger droplets. Therefore, the parametrisation of visibility should
consider both, the cloud water content and the droplet number concentration. The
cloud water content qc and the droplet number concentration N c are prognostic va-
riables in the microphysical parametrisation of PAFOG. With these two variables,
the visibility is calculated based on the empirical relationship for the calculation
of the visibility in warm fogs without ice particles developed from measurements
during fog events by Gultepe et al. (2006):

V IS =
1.002

(qcN c)0.6473
if qc > 0 (3.28)

This relation has been implemented into the PAFOG model by Mohr (2009).

3.4 Implementing PAFOG into the COSMO model –
COSMO-FOG

PAFOG and COSMO are both stand-alone models which include a parametrisation
scheme for microphysical processes. The one-moment bulk microphysical parametri-
sation scheme of the COSMO model is replaced by the two-moment microphysical
parametrisation of the PAFOG model in the lower atmosphere. So the PAFOG mi-
crophysical parametrisation is active in the region of the atmosphere, where FLCs
form. All other model components of the COSMO model remain unchanged.
The microphysical parametrisation scheme of the PAFOG model replaces the bulk
scheme of the COSMO model in the lower part of the atmosphere extending from
the ground up to a prescribed height of 2000 m above ground level. The upper limit
of the region, where the PAFOG microphysics is active, is determined in such a way
that the distance to the ground is at least 2000 m at every point in the model area.
The saturation adjustment of the COSMO model is switched off in that region, since
the activation of cloud droplets in the PAFOG microphysics requires a supersatura-
tion which cannot occur with the saturation adjustment.
In this study, COSMO-FOG is applied in midlatitude and subtropical regions, where
a strong temperature inversion suppresses the formation of precipitation. The for-
mation of ice phases below 2000 m is not expected. Therefore, below 2000 m a
warm-cloud scheme neglecting ice and mixed-phase cloud processes and precipita-
tion except for drizzle is expected to be sufficient in this study. Above 2000 m,
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the microphysical parametrisation of the COSMO model remains unchanged. Here,
condensation and evaporation are parametrised with the saturation adjustment and
in higher regions, where ice clouds can occur, the ice phase can be simulated.
The PAFOG microphysical parametrisation calculates microphysical tendencies of
the cloud water content, the droplet number concentration and the drizzle water con-
tent. The cloud water content is already a prognostic variable in the COSMO model.
In the prognostic equation for the mass fractions qx (Eq. 3.8) the cloud microphy-
sical sources and sinks Sl,f are replaced by the PAFOG processes below 2000 m.
Inserting the PAFOG tendencies due to condensation/evaporation (∂qc/∂t)con/eva,
sedimentation (∂qc/∂t)sed and drizzle formation (∂qc/∂t)df into 3.8 and neglecting
the precipitation fluxes, yields the prognostic equation for the cloud water content
qc below 2000 m:

∂qc

∂t
= − v · ∇qc + Mqc

� �� �
COSMO

+

�
∂qc

∂t

�

con/eva

−
�
∂qc

∂t

�

df

−
�
∂qc

∂t

�

sed� �� �
PAFOG

. (3.29)

The first two terms on the right hand side (−v ·∇qc and Mqc) represent atmospheric
transport by advection and turbulent diffusion, respectively, which are computed by
the COSMO model.
Besides the cloud water content qc, the droplet number concentration N c and the
drizzle water content qd are prognostic variables in the two-moment scheme of the
PAFOG model. Since the COSMO model does neither have drizzle water content
nor a cloud droplet number concentration, two additional tracers with associated
sources and sinks, among others due to the microphysical processes parametrised in
the PAFOG model, are included in the COSMO model. The prognostic equations
solved below 2000 m for the droplet number concentration N c and the drizzle water
content qd can be written as

∂N c

∂t
= − v · ∇N c + MNc
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(3.30)

∂qd

∂t
= − v · ∇qd + Mqd
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(3.31)

The first two terms on the right hand side represent advection and turbulent diffusion
which are determined by the COSMO model. The calculation of the atmospheric
tranport processes for the droplet number concentration N c and the cloud water
content qc by the same routines in the dynamical core of the COSMO model ensures
a three-dimensional relation between qc and N c.
(∂N c/∂t)act and (∂qc/∂t)df denote the change of the droplet number concentration
due to activation and the change of the drizzle water content by the formation of
drizzle, respectively. (∂ψ/∂t)sed represents the sedimentation of cloud droplets and
drizzle water content with ψ = N c and ψ = qd.
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To ensure that the droplet number concentration and the drizzle water content de-
crease by evaporation ((∂ψ/∂t)eva < 0) only in case of undersaturation and cloud
droplets are only activated if the supersaturation increases, the corresponding ten-
dencies are multiplied by Δ

�
S
�

and Δ
�
dS/dt

�
, respectively, which are defined as

follows:

Δ
�
S
�

=

�
1 for S < 0

0 for S > 0
(3.32)

Δ

�
∂S

∂t

�
=

�
1 for ∂S

∂t
> 0

0 for ∂S
∂t

< 0.
(3.33)

The PAFOG microphysics requires the specific humidity qv, the cloud water content
qc, temperature T and the pressure p as input variables. In addition to those stan-
dard model variables, the droplet number concentration N c and the drizzle water
content qd have to be passed to the microphysical parametrisation of PAFOG. After
the inclusion of N c and qd as prognostic variables in the COSMO model, the re-
quired input can be provided by the COSMO model. The relative humidity which is
also needed for the PAFOG microphysics, is calculated from the saturation vapour
pressure. The COSMO model receives the prognostic variables updated by PAFOG.
At the ground, the sedimentating cloud and drizzle water from PAFOG are treated
as grid-scale precipitation.

Due to the formulation of the condensation/evaporation process and the sedimenta-
tion based on the droplet number concentration and the mean droplet diameter, the
cloud water content qc always has to be linked to a droplet number concentration N c.
Problems arise for cloud water which has not been formed by the PAFOG micro-
physics, e.g. cloud water being already present at model initialisation or cloud water
being transported into the PAFOG domain from the regions in the model domain,
where PAFOG is not active. In this case, the droplet number concentration does not
correspond to the cloud water content. As a result, liquid water may accumulate in
an undersaturated environment (if no droplets are available) or unrealistically huge
droplets form with an enormous settling velocity.
To overcome these problems a boundary condition is necessary linking the cloud wa-
ter content qc to a droplet number concentration N c. One approach for a boundary
condition is to relate the cloud water content to the droplet number concentration
assuming the log-normal distribution. Integration of the log-normal distribution
over the whole droplet spectrum yields for the cloud water content qc (Chaumerliac
et al., 1987):

qc =
N c

ρ

�π
6
D3

0ρw

�
exp

�
9

2
σ2

c

�
. (3.34)

Algebraic operations yield the desired relation between N c and qc which is used as
a boundary condition in this thesis:

N c = ρqc

�
1

π
6
D3

0ρw

�
exp

�
−9

2
σ2

c

�
. (3.35)
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Here, the mean droplet diameter of the log-normal distribution is set to D0 = 10 µm
and the dispersion parameter is set to σc = 0.2. This relation is applied once for
the whole three-dimensional model domain at initialisation. For all other integra-
tion steps, it is applied for the lateral boundaries and all layers above the PAFOG
domain. That way each cloud entering the PAFOG domain is assigned a predefined
droplet size distribution ensuring the treatment of cloud processes by the PAFOG
microphysics.

3.5 Additional diagnostics – the MESSy submodel
TENDENCY

This study analyses processes contributing to the development and patterns of FLCs
in the Namib Desert by means of numerical model simulations. Therefore, it is im-
portant to understand the effects of individual processes on the state variables of
the model. These are represented by tendencies occurring in the budget equations.
In the COSMO model, neither the tendencies including the sum over all simulated
processes (e.g. physical, dynamical and chemical) nor the contributions by indi-
vidual processes are available. These contributions of individual processes to the
total tendency within a model time step can be provided by the MESSy submodel
TENDENCY (Eichinger and Jöckel, 2014).
MESSy is a multi-institutional project. For further information the reader is re-
ferred to Jöckel et al. (2005, 2010) and the MESSy website (http://www.messy-
interface.org). The basic idea of MESSy is to connect parametrisations of physical
processes, dynamical cores, chemistry packages and diagnostic tools to a base mo-
del (e.g. an atmospheric circulation model) by a generalised interface. The specific
parametrisation or diagnostic tool is called submodel and is coded completely in-
dependent from the underlying base model. MESSy contains submodels for its
infrastructure, model physics, atmospheric chemistry and diagnostic tools.
In this study, the basemodel is the NWP model COSMO (see Sec. 3.1) which has
been connected to MESSy by Kerkweg and Jöckel (2012). PAFOG is implemented
into COSMO/ MESSy (COSMO version 5.05, MESSy version based on tag 2.54.0.3-
pre2.55-02). This has the advantage, that the diagnostic features available in the
MESSy submodel TENDENCY can be used for the process analysis in the Namib
region with COSMO-FOG.
The TENDENCY submodel provides the contributions of individual processes to
the total tendency within a model time step. During a model time step, for each
of these processes a tendency is calculated for a specific state variable forming pairs
of “process-prognostic variable” (Fig. 3.1). This process-prognostic variable pair
is passed to the TENDENCY submodel which collects all pairs from all processes
and organises the further processing of the tendencies in the model. The process-
prognostic variable pairs that have been requested in the namelist (Nml) are saved
in TENDENCY for further reference (e.g. output). Thus, the influences of different
sources or sinks and transport processes on prognostic variables can be separated.
TENDENCY facilitates sanity checks of the model implementation, e.g. it is straight-
forward to examine mass conservation or detect unexpected model behaviour. Self-



44

Nml Output

TENDENCY submodel

gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

T
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

...
tend_gscp

T
tend_rad

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

T
tend_vdiff

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

...
tend_vdiff

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

T
tend_adv

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

...
tend_adv

...

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

T
tend_...

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

...
tend_...

adv vdiff rad

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

T
tend_adv

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp QV

tend_gscp
QV

tend_gscp
QV

tend_gscp
...

tend_adv

T
tend_rad

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

T
tend_vdiff

QV
tend_gscp

QV
tend_gscp

QV
tend_gscpQV

tend_gscp
QV

tend_gscp
QV

tend_gscp
...

tend_vdiff

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

T
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

QV
tend_gscp

...
tend_gscp

...

Time step

qv

tend_vdiff

qd

tend_gscp
qv

tend_adv qc

tend_gscp

qc

tend_vdiff

qv

tend_gscp
qc

tend_adv

qd

tend_vdiff

qd

tend_vdiff qd

tend_adv
Nc

tend_gscp

Nc

tend_adv

Nc

tend_vdiff

qv

tend_adv

qc

tend_adv

qd

tend_adv

Nc

tend_adv

qv

tend_vdiff

qc

tend_vdiff

Nc

tend_vdiff

qv

tend_gscp

qc

tend_gscp

qd

tend_gscp

Nc

tend_gscp

qv

tend_...

qc

tend_...

qd

tend_...

Nc

tend_...

Figure 3.1: Schematic of the MESSy submodel TENDENCY (adapted from
Eichinger and Jöckel (2014)). For each process (e.g. advection (adv),
turbulent diffusion (vdiff), radiation (rad), grid-scale precipitation
(gscp), ...) a tendency is calculated for the state variables (e.g. tem-
perature T , specific humidity qv, cloud water content qc, drizzle water
content qd, droplet number concentration N c, ...) and passed to the
submodel TENDENCY.

evidently, TENDENCY enables a better understanding of physical processes on the
basis of the budget equations.
For COSMO-FOG the contributions from the PAFOG processes, namely the activa-
tion of cloud droplets, the condensation and evaporation, the drizzle formation and
the sedimentation occurring in equations 3.29–3.31 are additionally considered.

In this study, TENDENCY is applied to examine how COSMO and COSMO-FOG
simulate the major processes occurring in a low-level marine stratiform cloud in
an idealised framework. Afterwards, the processes contributing to FLC formation
and its development in the Namib Desert will be analysed with the TENDENCY
submodel in real case applications.



4 Idealised sensitivity study with
COSMO-FOG

After the technical development of the COSMO-FOG model it is necessary to check
the coupling and that the new three-dimensional fog model is able to reasonably
well simulate the time evolution of the cloud-topped MBL. The model behaviour
and consistency of COSMO-FOG is investigated in a highly idealised environment
for a horizontally homogeneous marine stratus cloud. A sensitivity study for both
microphysical schemes (standard COSMO scheme and PAFOG scheme) with diffe-
rent vertical resolutions is performed. Since the coupling of the COSMO model
with the PAFOG model concerns the microphysical parametrisation only and the
model dynamics remains unchanged, changes in the results are clearly attributable
to the change in the microphysics and respective feedbacks. In order to reduce
the complexity of interactions between dynamical and microphysical processes, the
originally three-dimensional COSMO model is applied as a quasi one-dimensional
model in single column mode. This implies the assumption of horizontal homoge-
neity for all thermodynamic variables and neglecting advection processes. Although
a simulation of realistic fog and stratus is hardly possible with these assumptions,
the interaction of different processes occuring in the life cycle of fog or stratus is ex-
pected to be simulated reasonably (Smith et al., 2018). It is expected, that findings
from the one-dimensional experiment can be transferred to the three-dimensional
applications (Bott, 2020).
Bott (2020) simulated a horizontally homogeneous marine stratus cloud and anal-
ysed the effects of microphysical parametrisation schemes with different complexity.
This approach is taken up here for COSMO and COSMO-FOG using an analogous
setup as in Bott (2020).

4.1 Experimental setup

For the simulation of a horizontally homogeneous marine stratus cloud only vertical
profiles for the initialisation of the atmosphere and a bottom boundary condition
at the sea surface have to be prescribed. Following Bott (2020) the lower bound-
ary is the saturated sea surface at a temperature of 12 ◦C. The SST stays constant
throughout the simulation. The initial profiles of temperature and specific humidity
are displayed in Figure 4.11. Below the inversion layer at 900 m, the PBL is neutrally
stratified, i.e. the temperature decreases with increasing height with a dry adiabatic
lapse rate of 9.8 ◦Ckm−1. Immediately at the inversion layer height, the tempera-

1The initial profiles of temperature, specific humidity and horizontal wind up to 30 000 m are
displayed in the appendix.
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ture increases by 8 ◦C. Between the inversion height and 10 000 m the temperature
decreases with a lapse rate of 6.5 ◦Ckm−1. Between 10 000 m and 20 000 m the tem-
perature is constant with height and above 20 000 m the temperature increases with
1 ◦Ckm−1.
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Figure 4.1: Initial profiles of (a) temperature T [◦C] and (b) specific humidity qv

[g kg−1] on 15 October, 6 UTC.

The initial specific humidity is vertically constant at 6.9 g kg−1 below the inversion.
Immediately at the inversion height, specific humidity decreases to 2 g kg−1. Above
2500 m the specific humidity is prescribed by relative humidity. The relative hu-
midity is set to 30 % above 2500 m resulting in a decrease of specific humidity to
less than 2 g kg−1. Further above, the relative humidity decreases to 10 % between
10 000 m and 20 000 m and 8 % above 20 000 m. In the PBL, the initial specific hu-
midity is limited such that the relative humidity is lower than 95 %. This limitation
is effective between 350 m and the inversion height resulting in a decrease of specific
humidity with height. This limitation of specific humidity allows for a cloud-free
initialisation so the droplet number concentration does not have to be prescribed
based on an assumed mean droplet diameter (cf. Sec. 3.4) but can develop by acti-
vation.
The initial horizontal wind profile is set to a vertically constant geostrophic wind
ug=5 m s−1 in x-direction which logarithmically decreases to zero at the sea surface.
Departing from Bott (2020), no large-scale subsidence is prescribed. At model ini-
tialisation, the vertical velocity is set to w = 0 m s−1. In the course of the simulation,
the vertical velocity is determined by the dynamical core of COSMO.
The number concentration of the aerosol particles serving as cloud condensation
nuclei in the activation parametrisation is held constant throughout the simulation
at 400 cm−3.
In terms of solar irradiation, all simulations start on 15 October at 6 UTC and last
until 18 October at 18 UTC where local time matches with UTC. The location is at
geographical latitude 50 ◦N and longitude 0.9 ◦W.

For the simulation of a horizontally homogeneous marine stratus cloud, the COSMO
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model is applied in single-column mode using a quasi one-dimensional setup with
7x7 grid points applying double periodic boundary conditions. Thereby only the
grid point in the centre of the domain is treated prognostically while the boundary
lines are overwritten with the values of the centre grid point (Blahak, 2015). The
horizontal grid spacing is 0.025◦ which is approximately 2.8 km.
The simulations use a stretched vertical grid up to 30 km with varying discretisa-
tions2. The low resolution (LR) simulations use a stretched vertical grid with the
lowest layer above the Earth’s surface at 20 m and 57 layers in total which is pro-
vided by the Deutscher Wetterdienst (DWD, German Meteorological Service) for
the application in the tropics and is very close to the former operational model con-
figuration of COSMO-DE. The grid spacing increases from 20 m in the lowest layer
above the surface to ∼ 173 m in the inversion layer. The time step is 25 s.
The simulations with a high resolution (HR) vertical grid use the grid presented by
Bott (2020) up to 2440 m and above that height the grid of the LR simulations,
thus yielding a grid with 188 layers in total. The lowest layer above the earth’s
surface is located at 0.5 m above ground and has a thickness of 1m. With increasing
height above ground the layer thickness increases such that at 1000 m a layer depth
of approximately 30 m is obtained which is considerably smaller than for the LR
simulations.
In the standard COSMO model setup the lowest model layer is usually at 10 m above
the surface justifying the approach to treat the canopy as a skin layer without verti-
cal extension being located below the lowest atmospheric model layer. With a layer
depth of 1m, this is no more valid for simulations with larger roughness elements
like vegetation, buildings or subgrid-scale orography and the effects of vertically ex-
tended canopy could not be neglected any more. However, this is an idealised test
case where the single column is placed over the sea surface under idealised conditions.
Therefore, the (possible) effect of waves is neglected in the following. Following Bott
(2020), the time step is set to 10 s for the HR simulations.
The terrain-following vertical coordinate changes to a height-based coordinate at
15 km height (vcflat). In order to avoid the reflection of vertically propagating
waves, a Rayleigh damping layer is applied. In preparation for the simulations in
the Namib region and departing from the former operational configuration, the lower
boundary of the Rayleigh damping layer is increased from 11 000 m to 18 000 m to
place it above the tropopause in the tropics (Panitz et al., 2014).

For the idealised experiments described hereafter, the physical parametrisations are
to a great extent adopted from the model configuration of COSMO as detailed in
Baldauf et al. (2011) with some modifications. Since convection is not expected to
occur due to the strong capping inversion, the convection parametrisation is switched
off. The radiation scheme is called every 15 minutes. Fractional cloud cover is neg-
lected so only grid-scale clouds are accounted for by the turbulence and radiation
scheme. For the vertical turbulent diffusion, the turbulence scheme based on Mellor

2Tables with the height of the model levels and the model layer thicknesses are given in the
appendix
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and Yamada (1982) is used3.
In the COSMO turbulence scheme, the turbulent diffusion coefficients for scalars
and momentum are limited by a prescribed minimum value (Schättler et al., 2018).
The recommended value is K = 0.75 m2 s−1 (Schättler et al., 2018). This forces
continued mixing in order to avoid vanishing mixing and surface fluxes and, thus, a
decoupling of surface and atmosphere. For the default value of K = 0.75 m2 s−1 the
inversion at PBL top gradually weakens as the inspection of the liquid water poten-
tial temperature and the specific humidity profiles shows (Fig. 4.2 (a) and (b)). The
tendencies from TENDENCY reveal that turbulent diffusion erodes the inversion at
PBL top. Water vapour is transported into the free troposphere across the inversion
layer by turbulent mixing. Dryer and warmer air is entrained into the PBL. The
inversion is further weakened by the evaporation of the cloud water transported into
the inversion layer by turbulent mixing4.
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Figure 4.2: Vertical profiles of (a, c) liquid water potential temperature θl [◦C]
and (b, d) specific humidity qv [g kg−1] at different times for (a,b)
K = 0.75 m2 s−1 and (c, d) K = 0.01 m2 s−1.

3In this study, a slightly adapted namelist setting for the new setup of the turbulence scheme is
used. See Schättler et al. (2018) (their Sec. 6.4) for further details.

4Additional figures showing the tendencies are displayed in the appendix.
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Similar problems like the underestimation of the thermal inversion amplitude or too
fast dissolving of low-level stratus clouds during night have already been reported
for the COSMO model (Cerenzia et al., 2014). It is well known that the former
operational configurations of COSMO show an excessive mixing in situations with
stable atmospheric stratification (Cerenzia et al., 2014). Buzzi (2008) and Buzzi
et al. (2011) highlight the disruptive role of the minimum coefficient for vertical
diffusion in simulations of the stably-stratified boundary layer. They found that the
largest minimum value of the diffusion coefficient not modifying the representation
of the stably-stratified boundary layer is K = 0.01 m2 s−1. Sensitivity studies reveal
an improvement for the simulation of the marine stratus cloud largely maintaining
the inversion for smaller values of K (see Fig. 4.2 (c) and (d) for example with
K = 0.01 m2 s−1). Therefore the minimum turbulent diffusion coefficient is set to
K = 0.01 m2 s−1 for all following simulations.

In the following, results are presented for the sensitivity study for both microphysi-
cal schemes (standard COSMO scheme and PAFOG scheme) with the LR and HR
vertical resolutions. For reasons of clarity, identifiers are introduced for the model
configurations, which are detailed in Table 4.1.

Table 4.1: Identifiers for model configurations based on the vertical grid and the
microphysical parametrisation

Identifier Vertical Grid
Microphysical
Parametrisation

COSMO-LR standard COSMO
COSMO-FOG-LR

Low Resolution with 57 levels
PAFOG

COSMO-HR standard COSMO
COSMO-FOG-HR

High Resolution with 188 levels
PAFOG

4.2 Sensitivity to microphysical parametrisation

In the following section, results of the idealised sensitivity studies with COSMO-LR
and COSMO-FOG-LR will be presented. Both model configurations are identical
except for the microphysical parametrisation.

Results for the standard COSMO microphysical parametrisation

Figure 4.3 shows vertical profiles of virtual potential temperature θv, liquid water
potential temperature θl and vertical velocity w at 6 and 14 UTC on 16 and 17
October. The MBL is topped by a strong capping inversion. In the cloud layer
beneath the inversion, the virtual potential temperature increases with height while
the liquid water potential temperature slightly decreases with height. Thus, the air
in the cloud layer is conditionally unstably stratified which is in good agreement
to the simulation results obtained by Bott et al. (1996) for a marine stratus cloud.
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During daytime the temperature slightly increases by approximately 1 ◦C due to
solar heating. This small daily amplitude results from the large heat capacity of
water at the lower boundary of the atmosphere.
Until 6 UTC the temperature in the boundary layer cools by approximately 2 ◦C.
The nighttime cooling is stronger than warming during daytime thus leading to an
overall cooling of the atmosphere in the course of the simulation. This is clear from
the time of the year well after equinox when nighttime cooling dominates daytime
solar heating.
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Figure 4.3: Vertical profiles of (a) virtual potential temperature θv [◦C], (b) liquid
water potential temperature θl [◦C] and (c) vertical wind velocity w
[m s−1] at different times.

The daily cycle of temperature impacts on the dynamics of the model. In a one-
dimensional setup usually no vertical velocity should occur due to mass conservation.
As Figure 4.3 (c) reveals, a slight vertical velocity is simulated by the model. During
night, COSMO-LR simulates stronger large-scale subsidence than at daytime where
subsidence almost vanishes. In the first half of the day the air even slightly lifts (not
shown). Due to the one-dimensional setup this lifting and subsiding is global and
cannot be compensated by the model. The vertical velocity is nevertheless physi-
cally consistent. With the warming during daytime the air in the boundary layer
extends and the density decreases. Since the model grid boxes cannot expand this is
compensated by a slight upward vertical velocity. At nighttime when the boundary
layer cools and density increases the dynamical core of the COSMO model reacts
with slight large-scale subsidence to the cooling.
Due to the long night, subsidence prevails in total. Compared to the prescribed sub-
sidence in the setup of Bott (2020), the vertical velocity created by the dynamical
core of COSMO is one order of magnitude smaller. COSMO-LR reacts physically
consistent for the given boundary conditions.

Figure 4.4 (a) shows a contour plot of the cloud water content as a function of
time and height. Following Bott (2020), a cloud layer is defined by the cloud water
content exceeding a threshold of 0.01 g kg−1. The COSMO model treats the conden-
sation and evaporation of cloud water with a saturation adjustment (cf. Sec. 3.2).
Thus, only saturated layers are classified as cloud layers and the cloud coincides
exactly with the saturated layers.
The cloud reaches a quasi-steady state during the first 24 hours of the simulation
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which is a spin-up phase where all the variables have to adapt to each other and,
thus, is not shown. When the stratus cloud has reached its quasi-steady state it
exhibits a typical diurnal variation which is mainly driven by radiation (Bott, 2020;
Bott et al., 1996; Ghonima et al., 2016; Wood, 2012, cf. Sec. 2.3). While the cloud
top height is constant at about 980 m throughout the simulation, the cloud base
varies between roughly 200 m in the afternoon and approximately 50–100 m at 6
UTC in the early morning before sunrise. The cloud obtains its largest vertical ex-
tent of roughly 880–930 m at 6 UTC.
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Figure 4.4: (a) Cloud water content qc [g kg−1] as a function of time [UTC] and
height [m] and (b) vertical profiles of the cloud water content at diffe-
rent times. Horizontal dashed lines indicate the layer where the cloud
water content is larger than 0.01 g kg−1 for the respective time.

The profiles of cloud water content depicted in Figure 4.4 (b) for 6 UTC and 14
UTC on 16 and 17 October show that the maximum cloud water content ranges
up to approximately 1.4 g kg−1 at 6 UTC before sunrise. During daytime the cloud
water content decreases by 0.3 g kg−1. In addition, the profiles of cloud water con-
tent show, that the cloud water content increases almost linearly with height as
expected from observational studies (see Wood (2012) and references therein). The
almost exact matching of the curves taken at the same time of the day highlights
the quasi-stationary behaviour of the cloud.
The amount of cloud water content in the COSMO-LR simulation is unrealistically
high. Typical values for the cloud water content of stratus and stratocumulus clouds
are between 0.1–0.5 g m−3 (Pruppacher and Klett, 2010, cf. Sec. 2.3), which corre-
sponds approximately to 0.1–0.5 g kg−1 assuming a density of moist air of 1.2 kg m−3

for saturated air at 15 ◦C. The unrealistically large values are very likely caused by
the rather simple parametrisation of microphysical processes where no sink for cloud
water due to sedimentation is considered. The importance of sedimentation for rea-
listic fog simulations has recently been emphasised by Boutle et al. (2022), showing
that models without a parametrisation of sedimentation simulate a too large water
content. This hypothesis will be further analysed in the following in a simulation
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where the microphysical parametrisation of PAFOG replaces the standard scheme
of COSMO below 2000 m.
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Figure 4.5: As Figure 4.4, but for turbulent kinetic energy TKE [m2 s−2].

Figure 4.5 shows the TKE simulated by COSMO-LR as a function of time and
height and its profiles at 6 and 14 UTC at 16 and 17 October. The COSMO model
simulates a typical diurnal variation of turbulence with stronger turbulence in the
cloud-topped MBL during the night than during daytime (cf. Sec. 2.3). The highest
values of TKE occur during night in the upper part of the cloud. With insolation
during daytime, TKE decreases. This results from the stronger radiative cooling at
cloud top during night driving the turbulence in the cloud-topped MBL. At daytime
the longwave radiative cooling is partly offset by the absorption of solar radiation in
the upper regions of the cloud (Wood, 2012, cf. Sec. 2.3). The simulated turbulent
structure of the boundary layer achieves a quasi-steady state with regular diurnal
variations. This is confirmed by the profiles of TKE depicted in Figure 4.5 (b).

Despite of the unrealistically high cloud water content, the diurnal evolution of
the cloud-topped MBL is reasonably simulated by the COSMO model. The diurnal
variations are driven by solar insolation which is the only varying forcing. All other
parameters driving the evolution of the cloud-topped MBL, e.g. the SST, are held
constant throughout the simulation. Thus, the quasi-steady state is a logical conse-
quence (Bott, 2020). From the analysis of the cloud and the turbulent structure of
the cloud-topped MBL it can be expected that the local derivatives with respect to
time of all prognostic variables vanish.
Figure 4.6 shows the tendencies of the temperature, specific humidity and cloud
water content on 17 October at 6 UTC obtained from the MESSy submodel TEN-
DENCY. In addition to the total tendencies, Figure 4.6 depicts the tendencies of
several processes occurring in the corresponding prognostic equations of COSMO.
As expected, the total tendencies of all variables are orders of magnitude smaller
than for the various single processes. In the boundary layer the tendencies of the
processes are partly quite large but all the single contributions balance each other
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resulting in vanishing local time rates of change for each variable. This confirms the
formation of a quasi-steady state in the cloud-topped boundary layer.
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Figure 4.6: Vertical profiles of (a) temperature (Ttend [K h−1]), (b) specific humi-
dity (qv

tend [g kg−1 h−1]), and (c) cloud water content (qc
tend [g kg−1 h−1])

tendencies on 17 October, 6 UTC for COSMO-LR simulation; tot: to-
tal tendency, adv: advection, turb: turbulent mixing, con: conden-
sation/evaporation, mcr: microphysical conversion rates other than
condensation/evaporation, rad: radiation. Shaded grey areas indicate
where the cloud water content is larger than 0.01 g kg−1.

Figure 4.6 (a) displays the temperature tendencies. In the upper part of the satu-
rated cloud layer strong positive temperature tendencies up to 13 K h−1 occur due to
the release of latent heat by condensation. This strong heating rate is balanced by
radiative cooling of around 2Kh−1 and cooling due to turbulent mixing of more than
10 Kh−1. Below 700 m, evaporative cooling occurs which is balanced by warming
due to turbulent mixing. The maximum of approximately 8 Kh−1 occurs at cloud
base. The temperature change due to radiative cooling around 2K h−1 appears un-
realistically small since radiative cooling at cloud top typically causes temperature
tendencies around 10 Kh−1 (Bott, 2020; Bott et al., 1996; Koračin et al., 2001;
Roach et al., 1982; Wood, 2012). The infrared radiative cooling at cloud top is the
main driver of turbulence in the cloud-topped MBL and condensation within the
cloud (Bott et al., 1996; Ghonima et al., 2016; Lee, 2018; Zheng et al., 2018). Thus,
the infrared cooling at cloud top is an important process to be accounted for which
is not reasonably represented in this simulation.
The tendencies of specific humidity (Fig. 4.6 (b)) and cloud water content (Fig. 4.6
(c)) show the behaviour expected from the temperature tendencies. In the upper
part of the cloud, cloud water is generated by condensation at the cost of specific
humidity. In the lower part of the cloud, evaporation of cloud water increases specific
humidity at the cost of cloud water. The evaporation in the lower part of the cloud is
caused by turbulent mixing resulting in an upward transport of specific humidity and
a downward transport of cloud water within the model timestep. Within the process
calculation this leads to undersaturation and, thus, evaporation until saturation is
reached again as long as cloud water is still present. The relative humidity of 100 %
is calculated elsewhere later in the timestep and thus is just a diagnostic, which is
relatively independent of the situation in the actual process calculation. As for the
temperature, the tendencies due to turbulent mixing and condensation/evaporation
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balance each other for specific humidity and cloud water. The cloud water tendencies
due to microphysical conversion rates (e.g. autoconversion, accretion) other than
condensation and evaporation are vanishingly small. Thus, the main sink of cloud
water content in this simulation is evaporation. This agrees with a previous study
of Boutle et al. (2022) who found that the COSMO model is not able to compensate
for the missing sedimentation by autoconverting fog into precipitation.

The tendency profiles for the simulation with the COSMO microphysical parametri-
sation appear with sharp peaks. The upper cloud region where condensation takes
place comprises only one model layer. At cloud base the tendency profiles exhibit
a local maximum of evaporation and the turbulent counterpart. These patterns are
supposed to be the result from the rather coarse vertical grid spacings and the simple
microphysical parametrisation of the COSMO model. The latter hypothesis will be
analysed step by step in the next sections starting with a simulation where the micro-
physical parametrisation of the PAFOG model replaces the standard scheme of the
COSMO model below 2000 m while the vertical discretisation remains unchanged.

Results for the PAFOG microphysical parametrisation

Comparing the cloud water content profiles from simulations of COSMO-FOG-LR
(Fig. 4.7) with those of COSMO-LR (Fig. 4.4) reveals that the development of the
stratus in COSMO-LR and COSMO-FOG-LR is very similar concerning its time of
formation, diurnal variation, and its cloud top height.
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Figure 4.7: As Figure 4.4, but for the COSMO-FOG-LR simulation.

Like in COSMO-LR, a quasi-steady state is achieved for the cloud with constant
cloud top height and slight diurnal variations. Again the cloud water content in-
creases almost linearly with height. The vertical extent of the cloud layer is smaller
with the cloud base at approximately 100–150 m in the early morning and 300 m
at noon. The cloud top height is constant at roughly 980 m as for COSMO-LR.
So in COSMO-FOG-LR the diurnal variation of cloud base height is slightly more
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pronounced than in COSMO-LR.
However, comparison of Figure 4.4 and 4.7 reveals a crucial difference between the
simulations. In the COSMO-FOG-LR simulation, the cloud water content is roughly
0.5 g kg−1 at 14 UTC and 0.65 g kg−1 at 6 UTC in the morning which is more realis-
tic than the much higher cloud water content in the COSMO-LR simulation. Thus,
the PAFOG microphysical scheme considerably improves this situation. This can
very likely be explained by the more detailed description of microphysical processes
including additional sinks for cloud water. In contrast to the COSMO microphy-
sical parametrisation, where cloud water is a non-precipitating water category, the
PAFOG microphysical scheme considers also gravitational settling of cloud droplets.
A model intercomparison study by Boutle et al. (2022) has shown that including a
parametrisation of cloud water sedimentation reduces an unrealistically high cloud
water content. An additional difference to the COSMO-LR simulation, where all
other cloud water sinks except for evaporation (e.g. due to autoconversion and ac-
cretion) were vanishingly small, is the simulation of cloud water loss due to drizzle
formation by COSMO-FOG-LR. A model sensitivity study comprising simulations
without drizzle or without sedimentation and without both parametrisations indi-
cates that the formation of drizzle might be the more effective process to reduce the
cloud water content in COSMO-FOG-LR5.
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Figure 4.8: (a) Drizzle water content qd [g kg−1] as a function of time [UTC] and
height [m]. Black dots mark the area where the cloud water content is
larger than 0.01 g kg−1. (b) Vertical profiles of the drizzle water content
at different times. Horizontal dashed lines indicate the layer where the
cloud water content is larger than 0.01 g kg−1 for the respective time.

Figure 4.8 shows profiles of the drizzle water content as a function of time and height
for the whole simulation duration and at selected times (6 UTC and 14 UTC). Unlike
the cloud water content, whose maximum values occur at cloud top, the maximum

5An additional figure showing the cloud water content for simulations without drizzle, without
sedimentation, and without both can be found in the appendix.
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of the drizzle water content is located in the middle of the cloud. Bott (2020) ex-
plains this phenomenon as follows: Most of the drizzle is formed at cloud top where
maximum cloud water values occur. But due to the larger assumed particle size
of drizzle its terminal fall velocity is larger, so the drizzle quickly falls out. In the
undersaturated part of the cloud, drizzle starts to evaporate. Due to its large fall
velocity, only a portion of drizzle evaporates in the undersaturated region of the
boundary layer. Thus drizzle occurs also between cloud base and the sea surface.
The results for both, the drizzle water and the cloud water, agree qualitatively well
with the results Bott (2020) presented for PAFOG, but the cloud water content is
up to 0.15 g kg−1 larger and the drizzle water content is considerably larger in the
simulation with COSMO-FOG-LR. The higher drizzle water content results most
probably from the higher values of the cloud water content.

��
��
�

��
��
�

��
��
�

��
��
�

��
��
�

��
��
�

��
��
�

��
��
�

��
��
�

��
��
�

��
��
�

����������

�

���

���

���

����

����

����

�
�
��
�
��
��

�

����
����
����
����
����
����
����
����
����
����
�����
�����

������

(a)

0 50 100 150 200 250 300 350
KH [m2 s 1]

0

250

500

750

1000

1250

1500

H
e
ig

h
t 

[m
]

16.10. 12:00

17.10. 12:00

18.10. 12:00

(b)

Figure 4.9: (a) Relative humidity [%] as a function of time [UTC] and height [m].
Black dots mark the area where the cloud water content is larger than
0.01 g kg−1. (b) Vertical profiles of the turbulent diffusion coefficient for
scalars KH [m2 s−1] at different times. Horizontal dashed lines indicate
the layer where the cloud water content is larger than 0.01 g kg−1 for
the respective time.

The relative humidity (Fig. 4.9) indicates that only the upper part (upper third)
of the cloud layer is saturated or supersaturated in COSMO-FOG-LR (red areas in
Fig. 4.9). In contrast, the COSMO-LR simulation maintains saturation throughout
the cloud region (see previous Sec.). Bott et al. (1996) showed that supersaturation
can be removed within 10–20 seconds, which is in the range of the numerical time
step used in this study. In contrast, the time scale for evaporation in undersatu-
rated regions is one or two minutes. While the immediate removal of supersaturation
within one model time step can be justified, the immediate dissolution of undersat-
urated areas in the cloud layer by the saturation adjustment of the COSMO model
does not account for this different time scales. Figure 4.9 (a) confirms that the
COSMO-FOG-LR simulation reproduces an undersaturated part of the cloud and
is, thus, more realistic.
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A striking feature in Figure 4.9 (a) is the increase of relative humidity between 400
and 500 m around noon. This is strongly related to a local minimum of the turbulent
diffusion coefficient directly above the increase of relative humidity separating the
MBL into a well-mixed layer below 400 m and a mixed cloud layer above 600 m. The
lower part of the cloud layer is somehow decoupled from its upper part as the local
minimum of the turbulent exchange coefficient at 500 m indicates (Fig. 4.9 (b)). The
decoupling causes a reduction of the turbulent upward transport of specific humidity.
Specific humidity accumulates below the local minimum of the turbulent exchange
coefficient and, thus, increases the relative humidity there. In the upper cloud layers,
the relative humidity decreases after sunrise until even an undersaturated region is
established between 600 and 800 m since the upper cloud layers are decoupled from
the surface moisture supply (cf. Sec. 2.3). These patterns occur regularly in the late
morning around noon (cf. Fig. 4.9).
The evolution of relative humidity is an effect of the diurnal variation of solar irradi-
ation (Bott et al., 1996). At daytime, solar warming partly compensates the cooling
rate at cloud top, thus decreasing turbulent mixing during daytime. Between 600
and 800 m slight solar heating warms and stabilises the cloud layer. This causes the
local minimum of the turbulent exchange coefficient slightly below and the under-
saturated region between 600 and 800 m. Similar patterns of turbulent mixing and
relative humidity have been reported for the simulation of a marine stratus by Bott
et al. (1996).

Similar to the simulation with COSMO-LR a quasi-steady state develops. Thus,
almost vanishing total tendencies are expected for all thermodynamic variables.
Figure 4.10 shows exemplarily the vertical profiles of the tendencies of tempera-
ture, specific humidity, cloud water and drizzle water at 17 October, 6 UTC. As
expected, the total tendencies of all variables are orders of magnitude smaller than
for the various individual processes. The depicted profiles are representative of
the whole night. As expected, the same processes balance each other as for the
COSMO-LR simulation, e.g. at cloud top the latent heat release due to condensa-
tion is balanced by turbulent mixing and radiative cooling (see Fig. 4.10 (a)). The
temperature tendency due to radiative cooling (2 K h−1) is still unrealistically small.
In the undersaturated cloud layer the temperature tendency due to evaporational
cooling is balanced mainly by turbulent mixing. For the specific humidity and cloud
water content the condensation/evaporation and turbulent mixing tendencies bal-
ance each other (see Fig. 4.10 (b)).
Although the balancing of the different process tendencies is similar to the COSMO-
LR simulation, the tendencies differ in some respects. In the uppermost cloud level
the condensation tendency of the cloud water content amounts up to 5 g kg−1 h−1

in COSMO-LR (see Fig. 4.6 (c)), while it is 4 g kg−1 h−1 in COSMO-FOG-LR (see
Fig. 4.10 (c)). Additionally, the pronounced peak of 3 g kg−1 h−1 for evaporation
at cloud base in COSMO-LR is in COSMO-FOG-LR reduced to 1 g kg−1 h−1 and
appears approximately 100 m higher resulting in a smoother profile. The differences
for condensation and evaporation result from the different parametrisations of these
processes. In the COSMO-LR simulation, where condensation and evaporation are
treated by a saturation adjustment, water vapour condenses until the supersatura-
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tion is eroded. In contrast, the supersaturation is maintained in COSMO-FOG-LR,
leading to a smaller condensation rate. The same holds for evaporation. In the
COSMO-LR simulation, all the cloud water evaporates as long as no saturation
occurs. In COSMO-FOG-LR, cloud water exists despite of undersaturation. The
corresponding temperature tendency at cloud top differs by 2.5 K h−1 and at cloud
base even 4 Kh−1 (see Fig. 4.6 (a) and Fig. 4.10 (a)).
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Figure 4.10: Vertical profiles of (a) temperature (Ttend [K h−1]), (b) specific humi-
dity (qv

tend [g kg−1 h−1]), (c) cloud water content (qc
tend [g kg−1 h−1]),

and (d) drizzle water content (qd
tend [g kg−1 h−1]) tendencies on 17

October, 6 UTC for COSMO-FOG-LR simulation; tot: total ten-
dency, adv: advection, turb: turbulent mixing, con: condensa-
tion/evaporation, rad: radiation, sed: sedimentation, auco: autocon-
version. Shaded grey areas indicate where the cloud water content is
larger than 0.01 g kg−1.

In COSMO-FOG-LR, two additional sink processes (sedimentation and autocon-
version) appear for the cloud water content which did not become apparent in the
COSMO-LR simulation (cf. Fig. 4.10 (c)). The negative tendency of cloud water
due to drizzle formation is strongest in the uppermost cloud level and decreases to
cloud base (Fig. 4.10 (c)). This is in accordance with the rate of drizzle formation
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being a function of the cloud water content which is largest at cloud top. In addition
to drizzle formation, the sedimentation transfers cloud water from the upper cloud
layer to the lower parts of the cloud. In the uppermost cloud layer, the tendencies
of gravitational settling and autoconversion have almost equal values.
For the tendencies of drizzle water content displayed in Figure 4.10 (d), the gra-
vitational settling (sedimentation) is the most dominant process. Due to the large
assumed droplet diameter the terminal fall velocity of the drizzle is high. The gravi-
tational settling causes a large loss of drizzle water in the uppermost cloud layer and
an increase at cloud base and below. In the saturated cloud region this tendency is
compensated by turbulent mixing and the production of drizzle due to autoconver-
sion. The gain of drizzle water in the undersaturated part of the cloud and below
cloud base is compensated by the evaporation of drizzle which has its maximum
directly below the cloud base.

While the simulation with COSMO-FOG-LR yields a more realistic cloud water
content for the marine stratus cloud compared to the COSMO-LR simulation, a
striking feature occurring in both simulations is the small radiative cooling at cloud
top. The cooling rate is much smaller than expected from observations or modelling
studies. This occurs independently of the microphysical parametrisation and despite
strongly varying cloud water contents. The small cooling rate is very likely an effect
of the large grid spacing of approximately 170 m at cloud top. This hypothesis will
be investigated in the following by simulations with a different vertical discretisation.

4.3 Sensitivity to vertical discretisation

The simulations with COSMO and COSMO-FOG are repeated with the HR vertical
grid. All other parameters defining the model setup are kept as in the previous
section.

Results of the COSMO microphysical parametrisation

Figure 4.11 depicts the cloud water content as a function of time and height and
its vertical profiles at the same times as in Figure 4.4 and Figure 4.7. In contrast
to the LR simulations, in this HR simulation no quasi-steady state of the cloud is
achieved.
The cloud top rises from approximately 980 m to more than 1300 m while the cloud
base height rises by approximately 100 m resulting in an overall increase of geomet-
rical cloud thickness (Fig. 4.11 (a)). As shown in the following, the vertical growth
of the cloud can be explained by permanent cooling and moistening of the model
layer directly above cloud top.
The cloud water content produced by COSMO-HR is still unrealistically high. The
maximum cloud water content increases starting from roughly 1.2 g kg−1 on 16 Octo-
ber at 6 UTC and reaching a maximum of approximately 1.4 g kg−1 in the morning
of 17 October (see Fig. 4.11 (b)). As in the previous simulations, the cloud exhibits
a diurnal variation with lower cloud water content and higher cloud base height dur-
ing the day compared to the night and early morning. Similar to the LR simulation,
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the cloud water content increases almost linearly with height. However, the cloud
top is defined by a much sharper gradient in cloud water content resulting from the
smaller grid spacing.
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Figure 4.11: As Figure 4.4, but for the COSMO-HR simulation.

In his study dealing with the forecast of radiation fog, Masbou (2008) found that the
turbulence parametrisation scheme of the precursor model of COSMO, named LM,
was responsible for the occurrence of numerical instabilities for the small vertical
grid spacings required for the forecast of radiation fog. These numerical instabilities
were expressed by unphysical fluctuations and spurious peaks of the turbulent dif-
fusion coefficient. A remarkable feature of this simulation with small vertical grid
spacing is the smooth vertical structure of the turbulent diffusion coefficient with-
out spurious peaks6. These smooth profiles of the turbulent diffusion coefficient do
not hint at numerical instabilities. This indicates that the COSMO model is well
capable of managing the simulation of the cloud-topped MBL for this vertical grid
in a homogeneous setup.

Figure 4.12 shows exemplarily vertical profiles of the tendencies of temperature,
specific humidity and cloud water on 17 October at 6 UTC. The displayed tenden-
cies for the HR simulation are characterised by almost vanishing total tendencies
although that is not representative for all other times. The phases around the ver-
tical growth of the cloud are characterised by non-vanishing total tendencies.
Although the same processes compensate for each other as expected, the contribu-
tions of the different processes to the total tendencies differ considerably in magni-
tude compared to the LR simulation. The temperature tendencies (Fig. 4.12 (a))
reveal that for the COSMO-HR simulation a strong radiative cooling of approxi-
mately 10 Kh−1 occurs at cloud top. This is 8 Kh−1 more than in the COSMO-LR
simulation. This confirms that the large vertical grid spacing causes the conside-
rably weaker longwave cooling in the previous simulations.

6Additional figures of the turbulent diffusion coefficient can be found in the appendix.
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Figure 4.12: As Figure 4.6, but for the COSMO-HR simulation.

Since radiative cooling drives turbulent mixing and condensation in the cloud-topped
MBL (see Sec. 2.3), the stronger radiative cooling likely causes the considerable in-
crease of the condensation rate and turbulent tendencies. In the LR simulation the
condensation creates cloud water and specific humidity tendencies of 5 g kg−1 h−1 (see
Fig. 4.6 (b) and (c)), and around 14 g kg−1 h−1 for the HR simulation (see Fig. 4.12
(b) and (c)). The corresponding latent heat release amounts to ∼ 13 K h−1 for the
LR simulation (see Fig. 4.6 (a)) and around 36 K h−1 for the HR simulation (Fig. 4.12
(a)). For both vertical grids, the parametrisation of the condensation/evaporation
with the saturation adjustment yields a sharp peak in the tendencies at cloud base.
The peak due to evaporation at cloud base is considerably more pronounced for the
HR grid. For the LR grid, the evaporation tendency of the cloud water content
amounts to roughly -3.5 g kg−1 h−1 (see Fig. 4.6 (c)), while it is around -6 g kg−1 h−1

for the HR grid spacing (Fig. 4.12 (c)). Accordingly the latent heat consumption
changes from -8 K h−1 to -16 Kh−1.
This pronounced peak persists for both vertical grids and does not occur in the simu-
lation with COSMO-FOG. Thus, it is very likely attributable to the microphysical
parametrisation.
In general, the HR grid spacing yields tendency curves with more clearly defined
patterns and a better representation of the local maxima and minima of the profiles.
The supersaturated area of the cloud, where condensation takes place, comprises
more than one model layer. The peaks and gradients become more pronounced and
the transitions appear smoother representing the gradients and peaks more accu-
rately than for the LR grid spacing. The smooth profiles of all analysed variables
reveal that no numerical instabilities occur for the adapted grid spacing.

A remarkable feature of the HR simulation compared to the LR simulations is the
vertical growth of the stratus cloud. The reasons of this behaviour can be analysed
by means of the MESSy submodel TENDENCY. Figure 4.13 shows the tendencies of
temperature, specific humidity and cloud water content in the model layer directly
above cloud top as a function of time. Note, that the model layer above cloud top
is replaced with the next layer at each time when the cloud increases by one model
layer. This explains the strong peaks in the tendency curves.
In the model layer above cloud top, the total tendencies of temperature (specific
humidity) are always negative (positive) (Fig. 4.13 (a) and (b)). As a result, the



62

model layer above cloud top is cooled and moistened, thus, increasing the relative
humidity. The total temperature and specific humidity tendencies are largely ex-
plained by the sum of the tendencies from condensation/evaporation and turbulent
diffusion (see congruence of black and green line in Fig. 4.13 (a) and (b)). The
difference between the total temperature tendency and the sum of its contributions
by turbulent diffusion and condensation/evaporation is due to radiation (Fig. 4.13
(a)).
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Figure 4.13: Time series of (a) temperature (Ttend [K h−1]), (b) specific humidity
(qv

tend [g kg−1 h−1]), and (c) cloud water content (qc
tend [g kg−1 h−1])

tendencies in the model layer directly above cloud top from 16 Oc-
tober, 6 UTC until 18 October, 18 UTC; tot: total tendency, adv:
advection, turb: turbulent mixing, con: condensation/evaporation,
rad: radiation, con + turb: sum of condensation/evaporation and
turbulent mixing.

As can be seen from the tendencies of cloud water (Fig. 4.13 (c)), turbulent mixing
transports a small amount of cloud water into the layer directly above cloud top. The
cloud water is immediately evaporated by the saturation adjustment as long as this
layer is undersaturated. The evaporation of the cloud water in turn increases specific
humidity and cools the according layer causing an imbalance becoming evident by
non-vanishing total tendencies of temperature and specific humidity (Fig. 4.13 (a)
and (b)). This persistent behaviour moistens and cools the layer above cloud top
until saturation is reached and the cloud water is not evaporated in the saturation
adjustment any more. The cloud has grown by a further layer.

Despite the vertical growth of the cloud, some conclusions can be drawn. The
smaller grid spacing enables a strong radiative cooling as known from other model-
ling studies or observations being realistic of a stratus cloud. This stronger cooling
causes stronger condensation rates and turbulent mixing. However, the smaller grid
spacing does not improve the unrealistically high cloud water content for the si-
mulation with the COSMO model which, thus, is an effect of the microphysical
parametrisation.
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Results for the microphysical parametrisation of PAFOG

In the following, results obtained for the COSMO-FOG-HR simulation are analysed
using the same vertical discretisation as in the previous section for the COSMO-HR
simulation.
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Figure 4.14: As Figure 4.4, but for the COSMO-FOG-HR simulation.

Figure 4.14 illustrates the cloud water content as a function of time and height
and its vertical profiles at the same times as in Figure 4.11. The comparison of the
two figures yields in general a similar evolution of the cloud in time. On 16 October
at 6 UTC, the cloud top is located at approximately 980 m increasing to roughly
1100 m in the end. The cloud base increases from 400 m to roughly 500 m (Fig. 4.14
(a)). As in the other simulations, the cloud exhibits a diurnal variation with lower
cloud base and larger cloud water content at night than during daytime. The verti-
cal extent of the cloud varies by approximately 100 to 150 m between 6 UTC before
sunrise and 14 UTC. The cloud water content exhibits a diurnal variation with a
minimum value around 0.5 g kg−1 at 14 UTC and a maximum of ∼ 0.6 g kg−1 at
6 UTC. Different from the COSMO-HR simulation, the cloud water content only
slightly increases in total and never exceeds 0.65 g kg−1. The gradient of cloud wa-
ter content at cloud top is more pronounced with smaller vertical grid distances
which is more in accordance with observations and other modelling studies (Bott,
2020; Bott et al., 1996; Duynkerke, 1989; Nicholls and Leighton, 1986). As in the
COSMO-FOG-LR simulation, the inclusion of the PAFOG microphysical parame-
trisation considerably reduces the cloud water content which is in better accordance
with other simulations and observations (Bott, 2020; Bott et al., 1996; Nicholls,
1984; Nicholls and Leighton, 1986; Wood, 2012).

Figure 4.15 depicts vertical profiles of the tendencies of temperature, specific hu-
midity, and cloud water content for the COSMO-FOG-HR simulation. Due to the
vertical growth of the cloud, the depicted tendency profiles with almost vanishing
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total tendencies are not representative of all times during the simulation. The phases
around the vertical growth of the cloud are characterised by non-vanishing total ten-
dencies as for the simulation with COSMO-HR (cf. Sec. 4.3).
The compensating processes are the same as for all other simulations. In the up-
permost supersaturated cloud layers the latent heat release by condensation is com-
pensated by radiative cooling and turbulent mixing (Fig. 4.15 (a)). In the under-
saturated cloud layer the temperature tendencies due to evaporation and turbulent
mixing counteract with each other. For the specific humidity turbulent mixing and
condensation/evaporation counteract (Fig. 4.15 (b)).
The cloud water tendency by condensation is compensated by sedimentation, drizzle
formation and the turbulent transport of cloud water. The additional sinks of cloud
water contribute to the lower cloud water content compared to the simulations with
COSMO-LR and COSMO-HR.
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Figure 4.15: Vertical profiles of (a) temperature (Ttend [K h−1]), (b) specific
humidity (qv

tend [g kg−1 h−1]), and (c) cloud water content (qc
tend

[g kg−1 h−1]) tendencies on 17 October, 6 UTC for COSMO-FOG-
HR simulation; tot: total tendency, adv: advection, turb: turbulent
mixing, con: condensation/evaporation, rad: radiation, sed: sedimen-
tation, auco: autoconversion. Shaded grey areas indicate where the
cloud water content is larger than 0.01 g kg−1.

The comparison of the contributions of the different processes to the total tendencies
reveals some differences to the simulations with COSMO-HR and COSMO-FOG-LR.
The radiative cooling amounts up to 10 K h−1 as for the COSMO-HR simulation.
These realistic cooling rates of 10 Kh−1 occur for the HR simulations independent of
the microphysical parametrisation but not for the LR simulations. Thus, radiative
cooling at cloud top strongly depends on vertical grid distance as expected.
The condensation rate in the uppermost cloud layers is approximately 10 g kg−1 h−1

for the simulation with COSMO-FOG-HR (Fig. 4.15 (b) and (c)) which is smaller
compared to COSMO-HR with around 14 g kg−1 h−1 (see Fig. 4.12 (b) and (c)).
Compared to the simulation with COSMO-FOG-LR where the condensation rate
amounted up to 4 g kg−1 h−1 (cf. Fig. 4.10 (c)), the condensation rate simulated
by COSMO-FOG-HR is more than twice as large. This also feeds back on the
corresponding temperature tendencies due to latent heat release. Compared to the
COSMO-FOG-LR simulation, the temperature tendency due to latent heat release
is nearly 20 Kh−1 larger in the COSMO-FOG-HR simulation. The release of latent
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heat by condensation is almost 10 Kh−1 smaller for the COSMO-FOG-HR simu-
lation than for the COSMO-HR simulation. The compensating tendency due to
turbulent mixing is correspondingly smaller as well for the COSMO-FOG-HR simu-
lation.
The differences of the tendencies between the COSMO-FOG-LR and COSMO-FOG-
HR simulations confirm the result from the COSMO simulations, that the stronger
radiative cooling at cloud top for the HR simulations triggers more condensation and
turbulent mixing. The differences between the two HR simulations might probably
be explained by the different parametrisation of the condensation/evaporation pro-
cess. For the COSMO microphysical scheme the condensation rate might be larger,
because all the excessive water vapour above the saturation water vapour is con-
densed into cloud water. In contrast to that, condensation for COSMO-FOG might
be smaller since a supersaturation is possible so not all the water vapour above the
saturation water vapour is transformed to cloud water.
A remarkable feature of all tendency profiles of the COSMO-FOG-HR simulation
is their smooth and regular shape. As for the COSMO-HR simulation, the narrow
supersaturated cloud region where condensation occurs extends over more than one
model layer and is thus clearly defined. No more kinks or discontinuities occur. This
holds especially for the peak of evaporation at cloud base which occurred in both
configurations with the COSMO model. With COSMO-FOG-HR the evaporation at
cloud base is smoother. As expected from the COSMO-HR simulation, also smaller
peaks due to vertical discretisation are no more present.

The results agree qualitatively well with a previous study by Bott (2020). This
is a promising result since only the microphysical parametrisation is almost identi-
cal (except for the size of the drizzle radius in the drizzle sedimentation) between
the simulation performed by Bott (2020) and the simulation presented here while
other processes like turbulence or radiation contributing to the fine balance in the
cloud-topped MBL (cf. Sec. 2.3) are treated differently. A large-scale subsidence is
not prescribed in COSMO-FOG which renders a quantitative agreement with the
results of Bott (2020) impossible.

4.4 Finding a compromise

The previously presented sensitivity simulations with different model configurations
have shown that a fine vertical grid is necessary in order to resolve sharp gradients
of e.g. temperature, specific humidity and cloud water content at cloud top which
are typical features of the cloud-topped MBL (Bott, 2020; Bott et al., 1996; Paluch
and Lenschow, 1991; Wood, 2012). This applies especially for radiative cooling at
cloud top driving condensation and turbulent mixing in the cloud layer (Bott et al.,
1996; Duynkerke et al., 2004; Ghonima et al., 2016; Lee, 2018; Wood, 2012; Zheng
et al., 2018).
However, the vertical discretisation with 188 model layers (HR) used in the latter
two simulations is computationally too expensive for real case applications. In ad-
dition, the small grid distances close to the ground might violate assumptions of
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the transfer scheme for a heterogeneous setup including orography and roughness
elements larger than the lowest model layer at 1 m above the ground (Buzzi, 2008).
Thus, a vertical grid is required, which still represents the important features of a
cloud-topped MBL but which is numerically much more efficient (i.e. has a smaller
number of vertical model levels) than the HR grid.
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Figure 4.16: Vertical profiles of the model layer thickness Δz [m] for the LR con-
figuration with 57 model layers (blue), the MR configuration with 75
model layers (red), and the HR configuration with 188 model layers
(green).

Figure 4.16 illustrates the model layer thicknesses for the vertical grids used in Sec-
tions 4.2 and 4.3 and the vertical grid presented in the following. The vertical grid
used in the remainder of this study comprises 75 layers from the surface up to 30 km
height (medium resolution, MR). The lowest layer is 20 m thick. This corresponds
to the layer thickness in the standard “COSMO tropical setup”. The layer thickness
increases slower than in the model configuration used in Section 4.2 (LR) reaching
approximately 80 m in the inversion layer which is roughly half the grid spacing of
the LR grid (∼ 170 m)7.
In the following, it is tested for an idealised COSMO-FOG simulation using this ver-
tical grid with 75 layers (COSMO-FOG-MR), whether this configuration is capable
to represent the features of the cloud-topped MBL and its diurnal cycle reasonably
well compared to the simulations presented before.

Figure 4.17 displays the cloud water content as a function of time and height and
its vertical profiles at 6 and 14 UTC on 16 and 17 October. As can be seen from
Figure 4.17, the stratus cloud evolves similarly to the COSMO-FOG-LR simulation
concerning its time of formation, diurnal variation and its cloud top and cloud base

7A table with the height of the model levels and layer thicknesses is provided in the appendix.
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height. Similar to the COSMO-LR and COSMO-FOG-LR simulations, for COSMO-
FOG-MR a quasi-steady state is achieved for the cloud with a constant cloud top
height at 900 m. As in the COSMO-FOG-LR simulation, the cloud base height ex-
hibits a typical diurnal variation. It varies between 200 m at 6 UTC in the early
morning and roughly 400 m at 14 UTC. The largest vertical extent of the cloud
occurs at 6 UTC before sunrise with the cloud top at 900 m and its base at 200 m
yielding 700 m vertical extent. This is slightly less than in the COSMO-FOG-LR
simulation.
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Figure 4.17: As Figure 4.4, but for the COSMO-FOG-MR simulation.

As in all other COSMO-FOG simulations, the cloud water content is considerably
smaller than in the COSMO simulations. The maximum of the cloud water content
is reached at 6 UTC in the early morning with approximately 0.65 g kg−1. During
daytime the cloud thins under the influence of solar radiation. The minimum cloud
water content occurs at 14 UTC with 0.5 g kg−1. These values are typical of stratus
and stratocumulus clouds (Bott et al., 1996; Pruppacher and Klett, 2010; Wood,
2012). The quasi-steady state of the cloud is confirmed by the almost identical
cloud top and base heights as well as by the almost identical profiles of the cloud
water content for different days at a fixed time. As expected, the sharp gradient of
cloud water content at cloud top is slightly worse represented for the MR simula-
tion compared to the HR simulations but considerably better compared to the LR
simulations.
The typical diurnal variation of the cloud is also evident for the drizzle water con-
tent. The vertical profiles of the drizzle water content depicted in Figure 4.18 are
very similar to those obtained with COSMO-FOG-LR (cf. Fig. 4.8) whereby the
MR configuration yields smaller values. The representation of the drizzle in the
COSMO-FOG-MR simulation is much better than for the COSMO-FOG-LR simu-
lation which yields a profile with some kinks. Although the values for the drizzle
water content are larger than those obtained in the study by Bott (2020), the shape
of the drizzle water profile resembles the results for the PAFOG model.
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Figure 4.18: As Figure 4.8, but for the COSMO-FOG-MR simulation.

The vertical structure and diurnal variation of the TKE and the turbulent diffusion
coefficient in Figure 4.19 reveal that COSMO-FOG-MR simulates a typical diur-
nal variation of turbulence in the cloud-topped MBL. The maximum of the TKE
and the diffusion coefficient occurs in the upper region of the cloud during night.
This enhanced turbulence in the upper part of the boundary layer in presence of a
cloud is driven mainly by radiative cooling at cloud top, especially during nighttime
(Duynkerke et al., 2004; Ghonima et al., 2016; Paluch and Lenschow, 1991; Wood,
2012).
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Figure 4.19: Vertical profiles of (a) TKE [m2 s−2] and (b) turbulent diffusion co-
efficient for scalars KH [m2 s−1] at different times. Horizontal dashed
lines indicate the layer where the cloud water content is larger than
0.01 g kg−1 for the respective time.

At daytime the TKE and the turbulent diffusion coefficient decrease and a mini-
mum evolves due to the effect of shortwave radiative warming, thus, decoupling the
cloud layer from surface moisture supply (Bott et al., 1996; Duynkerke et al., 2004;
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Nicholls, 1984). This minimum of the TKE and the diffusion coefficient is conside-
rably better represented in the MR (Fig. 4.19) and HR simulations compared to the
LR simulations (cf. Fig. 4.5 (b)).
The profiles of the turbulent diffusion coefficient are characterised by a smooth shape
without any sharp peaks or oscillations indicating, that the COSMO-FOG-MR si-
mulation is numerically stable.
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Figure 4.20: As Figure 4.10, but for the COSMO-FOG-MR simulation.

Figure 4.20 shows vertical profiles of the tendencies of temperature, specific humi-
dity, cloud water content, and drizzle water content. As in the previously discussed
simulations, the quasi-steady state of the cloud-topped MBL is reflected by almost
vanishing total tendencies of thermodynamic variables. As expected, the compen-
sating physical processes have the same importance as in the other model simu-
lations. However, comparing the magnitudes of the different contributions to the
total tendencies to those obtained with the other COSMO-FOG configurations some
differences become evident.
The most striking difference is the smaller radiative cooling of 5 K h−1 at cloud top
compared to 10 K h−1 for the COSMO-FOG-HR simulation. This difference can only
be attributed to the differences in grid spacing. For the COSMO-FOG-HR simula-
tion the corresponding layer at cloud top is ∼ 30 m thick while it is ∼ 70 m in the
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MR configuration. The radiative cooling of 5 Kh−1 is an improvement compared to
the LR simulations with only 2 K h−1 where the model layer at cloud top is ∼ 170 m
thick. A sensitivity study with 94 layers in total and a grid spacing of ∼ 60 m at
cloud top shows no considerable improvement for radiative cooling (not shown).
Since the radiative cooling at cloud top is a main driver for the condensation this
also explains the smaller condensation rate around 8 g kg−1 h−1 compared to the
COSMO-FOG-HR simulation with ∼ 10 g kg−1 h−1 and larger condensation rate in
comparison to the COSMO-FOG-LR simulation with only 4 g kg−1 h−1. The corres-
ponding latent heating rates differ up to 10 Kh−1 to the COSMO-FOG-HR and the
COSMO-FOG-LR simulations.
As in the COSMO-FOG-LR simulation, for the large drizzle droplets, the tendencies
of the drizzle water content are dominated by gravitational settling (sedimentation)
resulting in a strong decrease at cloud top and an increase below. The tendency
due to gravitational settling is compensated by turbulent mixing and the formation
of drizzle due to autoconversion. Towards cloud base the gravitational settling is
compensated by evaporation of drizzle water. Compared to the COSMO-FOG-LR
simulation, the drizzle water content tendencies are considerably smoother. Except
for the larger tendency due to autoconversion, the importance of the processes is
similar to a previous study of Bott (2020).
An important feature of the MR configuration is, that the smooth shape of the ten-
dency profiles, also occurring in the COSMO-FOG-HR simulations, is maintained
for this coarser resolution.
In conclusion, the configuration with 75 vertical layers, which is only 18 additional
vertical layers compared to the LR vertical discretisation, improves the results for
the simulation of a horizontally homogeneous marine stratus cloud substantially.
The vertical grid spacing is sufficient to represent gradients of temperature, specific
humidity, cloud water content and especially radiative cooling at cloud top. With
the COSMO-FOG-MR configuration a cloud water content being typical of stratus
and stratocumulus clouds is simulated. It is possible to obtain reasonable results for
the characteristics of the cloud-topped MBL with the COSMO-FOG-MR configura-
tion. Therefore this model configuration will be used for the real case applications
presented in the next chapter.



5 Diurnal cycle of fog and low
stratiform clouds in the Namib
Desert and its controlling
processes

One of the main objectives of this study is to provide a comprehensive understanding
of the local mechanisms controlling the occurrence and spatio-temporal evolution of
FLCs in the hyper-arid Namib Desert. Using a meso-scale NWP model at a grid
spacing of about 2.8 km, the present modelling study offers new insights into the
development of spatio-temporal FLC patterns and the processes contributing to the
FLC evolution in the Namib region during the advection of marine air masses. To
the author’s knowledge, no modelling study has been performed yet focusing on
spatio-temporal patterns of FLCs and its contributing processes in the Namib re-
gion using a comparable grid resolution.
In this chapter, results are presented for the simulation of case studies in the central
Namib Desert during the austral spring season in September/October 2017. In order
to investigate the spatio-temporal patterns, diurnal life cycle phases, and contribut-
ing atmospheric processes of fog types in the Namib region, four case studies are
performed with COSMO-FOG:

• CS1819: 18 to 19 September 2017

• CS2021: 20 to 21 September 2017

• CS2324: 23 to 24 September 2017

• CS2728: 27 to 28 September 2017.

The case studies were selected to illustrate on the one hand the similarity to cli-
matology and on the other hand the variability and complexity of fog events in the
central Namib.

The chapter starts with a description of the model setup and the model domain.
Afterwards, the spatial patterns and temporal evolution of FLCs and the atmos-
pheric conditions are analysed for the four case studies. In Section 5.2, CS1819 is
exemplarily presented in detail and in Section 5.3, the other case studies are investi-
gated with a focus on phenomena and processes that differ from the first case study.
Finally, the model simulations are evaluated with surface-based measurements.
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5.1 Model configuration

For the analysis of FLC patterns and the involved processes in the Namib region,
COSMO-FOG-MR is used which has been tested in the idealised experiments (cf.
Sec. 4.4) and will be called COSMO-FOG in the remainder of this thesis. The mo-
del simulations are performed with a horizontal grid spacing of 0.025◦, i.e. roughly
2.8 km. The numerical time step in the simulations is set to 25 s.
The reference atmosphere, which is used in the dynamical core to build a reference
state for all prognostic variables, is adapted to reflect subtropical conditions. This
includes an increase of the temporally constant reference temperature on sea level
from 288.15 K to 300 K. The temperature difference between sea level and the strato-
sphere is increased from 75 K to 90 K and the scale height from 10 000 to 12 000 m
(Panitz et al., 2014). A similar setup has been applied for Africa by Panitz et al.
(2014).
Apart from using the two-moment microphysical parametrisation from PAFOG in-
stead of the standard microphysics scheme below 2000 m, the physical parametri-
sation schemes are mostly adopted from Baldauf et al. (2011). Departing from
Baldauf et al. (2011), the parametrisation for subgrid-scale clouds is switched off at
grid points where grid-scale clouds are present. Since neither lakes nor sea ice occur
in the model domain, the lake model and the sea ice parametrisation are switched
off. The parametrisation of the bare soil evaporation in the soil model TERRA-
ML is based on a resistance formulation and the surface temperature is determined
based on a skin temperature formulation (Schulz and Vogel, 2020). For the model
simulations no data assimilation is performed.

For the analysis of the Namib fog life cycle the model domain is located around
the central Namib Desert. Figure 5.1 (a) displays the model topography. The
model domain ranges from 20.25 to 26 ◦S and 11 to 18 ◦E and covers a region of
784×644 km2 (280×230 grid points). The model domain is approximately bisected
by the coastline of Namibia. The regions of upwelling cold water of the Benguela
Current are included in the model domain1. This allows for the simulation of weather
situations when low stratiform clouds form above a low SST due to the upwelling of
the Benguela Current (see Sec. 2.3) and are advected inland by westerly or north-
westerly winds.
Onshore, the coastal Namib Desert, the Namibian part of the Great Escarpment
with deeply incised river valleys (e. g. Kuiseb river, Omaruru, Khan, Swakop), and
also areas of the inner plateau are included in the model domain (see Sec. 2.4 for
further details). The inclusion of the Great Escarpment and the inner plateau in the
model domain is a necessary prerequisite for the simulation of potentially evolving
meso-scale circulations like e.g. the plain-mountain circulation which has frequently
been observed (Seely and Henschel, 1998). North of a line Swakopmund – Windhoek
the model domain covers the Escarpment Gap.

1A figure showing the SST is included in the appendix.
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In Figure 5.1 (b) the FogNet measurement stations are marked which are used for
the evaluation of the near-surface meteorological parameters (Sec. 5.4). The stations
have been installed as part of the Southern African Science Service Centre for Cli-
mate Change and Adaptive Land Management (SASSCAL) initiative (Kaspar et al.,
2015; Muche et al., 2018). The FogNet station network encompasses 11 automated
meteorological stations (see Tab. 5.1) aligned in two transects (north to south from
22.97 to 23.92 ◦S and west to east from 14.46 to 15.31 ◦E) (Andersen et al., 2019).

(a) (b)
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Figure 5.1: Topographic height of the surface HSURF [m] in the COSMO-FOG
model domain (left) as used in this study. The largest cities are Wind-
hoek (WH), Swakopmund (SK) and Walvis Bay (WB). The largest
ephemeral rivers are Omaruru, Khan, Swakop and Kuiseb. Enlarge-
ment of the white bordered area shows the FogNet stations (for expla-
nation of the abbreviations see Table 5.1) (right). Stations are grouped
into coastal stations (blue crosses), inland stations (red crosses) and a
transition station (black cross).

According to their height above sea level, Andersen et al. (2019) grouped the stations
into coastal stations (all stations located < 100 m a.s.l., blue crosses in Fig. 5.1) and
inland stations (all stations located > 300 m a.s.l., red crosses in Fig. 5.1). The sta-
tion in Kleinberg (KB, 185 m a.s.l., black cross in Fig. 5.1) is a transition station not
belonging to either category (Andersen et al., 2019). During the NaFoLiCA-IOP
tethered balloon sonde (TBS) and unmanned aerial vehicle (UAV) measurements
have been performed for the sites in Gobabeb and Vogelfederberg (Spirig et al.,
2019), respectively, which are used for the evaluation of the model results in Section
5.4.
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Table 5.1: Name, abbreviation, latitude [◦], longitude [◦], elevation [m a.s.l.], and
distance to the coast [km] of FogNet stations. According to their height
above sea level, the stations are grouped into coastal stations (stations
located < 100 m a.s.l.) and inland stations (stations located > 300 m
a.s.l.). The station in Kleinberg is a transition station not belonging to
either category. Adapted from Spirig et al. (2019).

Name Abbr. Lat Lon
Elevation
[m a.s.l.]

Distance to
coast [km]

Saltworks SW –23.02 14.46 5 1
Conception Water CW –24.02 14.55 10 10
Coastal Met CM –23.06 14.63 94 17
Kleinberg KB –22.99 14.74 185 24
Sophies Hoogte SH –23.01 14.89 342 40
Marble Koppie MK –22.97 14.99 419 51
Vogelfederberg VF –23.10 15.03 515 58
Station 8 S8 –23.27 15.06 490 55
Aussinanis AU –23.44 15.05 444 55
Gobabeb GB –23.56 15.04 406 56
Garnet Koppie GK –23.12 15.31 733 85

As a limited-area regional weather prediction model, COSMO-FOG requires initial
and lateral boundary conditions. At the lateral boundaries of the model domain,
boundary values of all prognostic model variables are provided by a nesting simula-
tion. Figure 5.2 depicts the model nesting domains. The COSMO-FOG simulation
at 2.8 km resolution (model domain marked by solid square in Fig. 5.2) has been
nested in a COSMO-FOG simulation with 7 km grid spacing (model domain marked
by dashed square in Fig. 5.2). A sensitivity study for model initialisation has shown
that results improve if the coarser nesting simulation is started 24 hours before the
simulation with finer grid spacing to enable a spin-up phase. Table 5.2 summarises
the start and end dates of the simulations2.

Table 5.2: Start dates of the COSMO-FOG simulations with 7 km and 2.8 km ho-
rizontal grid spacing and simultaneous end dates of both simulations for
the case studies.

Case study Startdate 7 km Startdate 2.8 km Enddate
CS1819 2017/09/17 12 UTC 2017/09/18 12 UTC 2017/09/19 18 UTC
CS2021 2017/09/19 12 UTC 2017/09/20 12 UTC 2017/09/21 18 UTC
CS2324 2017/09/22 12 UTC 2017/09/23 12 UTC 2017/09/24 18 UTC
CS2728 2017/09/26 12 UTC 2017/09/27 12 UTC 2017/09/28 18 UTC

2Local time in Namibia is UTC+02:00.
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Figure 5.2: Topographic height of the surface HSURF [m] in the model nesting
domains of COSMO-FOG. The horizontal grid size of the nesting do-
main is 0.0625◦ (dashed square) covering 280x250 grid points. The
horizontal grid size of the inner domain is 0.025◦ (solid square) cover-
ing 280x230 grid points. For a sensitivity study a simulation with a
horizontal grid size of 0.01◦ and 400x400 grid points (dotted square)
was nested into the inner domain.

The nesting simulation runs for 54 hours in total using ICON as initial and three-
hourly lateral boundary conditions. After 24 hours of spin-up for the coarse resolu-
tion simulation, at 12 UTC, the atmospheric state of the nesting simulation is used
to initialise the model simulation with a horizontal grid distance of 2.8 km which
runs 30 hours and receives hourly lateral boundary conditions from the nesting si-
mulation. For all simulations COSMO-FOG is used with 75 vertical levels. The
external data (e.g. land use, roughness length,...) on both grids were provided by
the Deutscher Wetterdienst (DWD, German Meteorological Service).

A sensitivity study was performed to investigate whether a horizontal grid spacing
finer than 2.8 km improves the representation of FLCs. A COSMO-FOG simulation
with approximately 1 km grid spacing was nested into the simulation with 2.8 km
grid distance. The model domain of this simulation is depicted in Figure 5.2 (dotted
square). The meteorological fields were compared for the overlapping areas of the
domains yielding only small differences. This is illustrated in Figure 5.3 showing the
vertically integrated cloud water content on 18 September 2017 at 22 UTC for all
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horizontal grid spacings. The integration takes part from the surface to a height of
1000 m above the surface. The resulting liquid water path is called LWP1000 in the
remainder of this thesis. The simulated cloud cover and its spatial patterns resemble
strongly for the three model simulations.

(a) Δx� 7 km (b) Δx� 2.8 km (c) Δx� 1 km

Figure 5.3: Vertically integrated cloud water content up to 1000 m (LWP1000

[g m−2]) on 18 September 2017, 22 UTC simulated with COSMO-FOG
for different horizontal grid spacings Δx. Dotted black lines mark ter-
rain height (100, 200, 300, 400, 500, 1000, 1500, and 2000 m).

All model configurations simulate a cloud over the Atlantic Ocean reaching roughly
70–80 km inland. In some valleys the FLCs reach farther inland. These valleys are
also evident for the simulation with 2.8 km grid spacing. This sensitivity study indi-
cates that the horizontal grid spacing of 2.8 km is small enough to catch the essential
processes for the simulation of FLCs in the Namib. This is quite clear from the in-
vestigated fog type and the topographic situation in the Namib. The investigated
fog in the Namib is expected to be strongly related to the horizontally extensive
fields of low-level marine stratiform clouds above the Atlantic Ocean intersecting
the terrain at some distance from the coast (Andersen and Cermak, 2018; Andersen
et al., 2019; Spirig et al., 2019). These clouds form in the shallow MBL above the
cold Benguela Current capped by a strong temperature inversion under the influence
of large-scale subsidence from the South Atlantic Anticyclone. Wind systems such
as the sea breeze or the plain-mountain wind advect cold and moist maritime air
masses. The subsidence and the Benguela Current are large-scale phenomena which
are expected to be adequately accounted for at a horizontal grid spacing of 2.8 km.
Heterogeneities in the Namib like the Great Escarpment, the coastline, some river
valleys, even the Brandberg massif, are also evident in the simulation with 2.8 km
grid spacing. This is small enough to catch e.g. the sea breeze or the plain-mountain
wind. Thus, the horizontal grid spacing of 2.8 km is expected to be sufficient and is
used for the model simulations of the analysed case studies.
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5.2 Advection of low stratiform clouds - Case study
18 to 19 September 2017

In the night from 18 to 19 September 2017 the central Namib experienced a fog
event. Stratiform clouds were already present at the coast from noon and extended
inland in the evening and during the night. Before the spatial and temporal patterns
of FLCs will be investigated in detail, the fog event is put into context focusing on
the description of the large-scale weather patterns.

5.2.1 Synoptic conditions and meteorological situation

The Namib Desert is located in the subtropics where dry descending air masses
in the subsiding branch of the Hadley cell circulation create semi-persistent sur-
face anticyclones forming the subtropical high-pressure belt (cf. Sec. 2.4.2). On
18 September 2017 (CS1819), the subtropical anticyclones are established on both
sides of the African continent3. The South Atlantic Anticyclone is located south-
west off the Namibian coast and the Indian Ocean Anticyclone is located at the east
coast of the African continent. The South Atlantic Anticyclone is characterised by
a maximum surface pressure of 1034 hPa covering almost the entire area between
South America and Africa. Generally, the large-scale subsidence within the sub-
tropical high-pressure belt causes stable atmospheric conditions suppressing cloud
development above the PBL. Thus, the whole southern African continent shows
clear skies except for the eastern parts close to the Indian Ocean being influenced
by a smaller-scale low-pressure system. The clear sky enables strong heating of the
ground and near-surface air by solar radiation above southern Africa during day-
time. In the northeast of Namibia, the near-surface temperature rises to more than
35 ◦C with the highest temperature around 40 ◦C. The near-surface heating by solar
radiation causes low surface pressure extending over wide parts of southern Africa.
The thermally induced low-pressure system is characterised by a minimum surface
pressure of 1010 hPa extending from Namibia over Angola, the Democratic Republic
of Congo, and Zambia.
Both, the thermally induced low-pressure system on the continent as well as the
high-pressure system off the Namibian coast interact and govern the atmospheric
flow which is modified by thermally and topographically induced wind systems (e.g.
sea breeze and plain-mountain wind). At the eastern flank of the South Atlantic
Anticyclone, southeasterly to southerly trade winds blow off the Namibian coast
throughout the day (Fig. 5.4 (a)). A gentle to moderate southwesterly breeze blows
in the coastal plain and a fresh southwesterly breeze on the mountain ridges of the
Great Escarpment in the afternoon which result from the superposition of a sea
breeze with the plain-mountain wind and the outflow from the high-pressure system
off the Namibian coast. With the southwesterly wind cool and moist maritime air
masses are advected inland (Fig. 5.4 (b, c)). The cold air advection by the south-
westerly wind is counteracted by near-surface heating due to solar radiation and
resultant heat fluxes from the ground. This causes a temperature gradient between

3Additional figures showing the synoptic situation on 18 September 2017 are provided in the
appendix.
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the coastal plain and the interior of Namibia. At daytime, the temperature is rather
moderate and reaches 15–20 ◦C in the coastal area (Fig. 5.4 (b)). With increasing
distance from the coast, the near-surface temperature gradually increases to more
than 30 ◦C at the slopes of the Great Escarpment.
Specific humidity further illustrates the contrast between the coastal plain influ-
enced by the advection of maritime air and the hot and dry inner plateau. Specific
humidity reaches 9–11 g kg−1 in a stripe close to the coast and quickly decreases to
4 g kg−1 or even less further inland (Fig. 5.4 (c)).

(a) (b) (c)

(d) (e) (f)

Figure 5.4: Spatial distribution of (a, d) horizontal wind WS [m s−1], (b, e) tem-
perature T [◦C], and (c, f) specific humidity qv [g kg−1] in the lowest
model layer at 14 UTC (top) and 21 UTC (bottom) for 18 September
2017.

As expected from temperature and specific humidity, near-surface relative humidity
exhibits a strong gradient quickly decreasing from more than 80 % to below 50 %
within roughly 60 km between the maritime air mass over the Atlantic Ocean and
the warm air mass over land4.
Towards sunset, the incoming solar radiation and, thus, heat fluxes decrease, so the
temperature and its gradient decrease (Fig. 5.4 (e)). At night, a stably stratified

4Additional figures showing the weather situation of CS1819 can be found in the appendix.
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nocturnal boundary layer develops over land due to longwave radiative cooling. The
near-surface temperature widely drops to 10–15 ◦C. In the valleys of the Great Es-
carpment the coldest air aggregates leading even to temperatures below 10 ◦C. At
the mountain ridges of the Great Escarpment and the Inselbergs, the temperature
does not decrease below approximately 20 ◦C at night.
The moist air extends further inland but still being restricted to a distance 100–
150 km from the coast (Fig. 5.4 (f)). In areas where the Great Escarpment is dis-
sected by river valleys and no topographic lifting is required, moist air progresses
farther inland as can be deduced from the spikes in Figure 5.4 (f). The shallow
stably stratified boundary layer with accumulation of cold air and specific humidity
in the coastal plain and in the river valleys of larger rivers such as Swakop, Khan
and Omaruru allows for the existence of ground fog there.
A striking feature of the spatial patterns of specific humidity at 21 UTC is the de-
velopment of isolated dry areas 100–150 km inland from the coast. These dry areas
with specific humidity below 3–4 g kg−1 spatially correlate with the Great Escarp-
ment reaching around 2000 m. This is a hint that the mountain crests of the Great
Escarpment peak into the dry free troposphere after the collapse of the PBL in the
evening.
With the cooling at night, the thermal low weakens, as expected, while the anticy-
clone southwest of the Namibian coast extends eastwards on 19 September. Weaker
pressure gradients due to the attenuated heat low and the stable boundary layer
yield a near-surface wind pattern that is largely driven by mountain-valley circula-
tions in the Great Escarpment and on the inner plateau at night. Close to the coast,
the wind decreases to almost calm air (Fig. 5.4 (d)).
After sunrise (04:45 UTC), the near-surface temperature rises to about 20 ◦C, es-
pecially at the mountain peaks of the Great Escarpment and in the northeastern
model domain. Closer to the coast the temperature only slightly increases and stays
around 10–14 ◦C due to the maritime air masses and persisting clouds.

5.2.2 Spatial and temporal evolution of fog and low stratiform
clouds

In this section, the spatial patterns and temporal evolution of FLCs simulated by
COSMO-FOG are investigated.

Horizontal distribution and evolution of fog and low-level clouds

To analyse the spatial patterns and temporal evolution of FLCs in the COSMO-
FOG simulation, Figure 5.5 displays the vertically integrated water content LWP1000.
Regions with ground fog are identified by visibility falling below 1000 m according to
the definition of fog by the World Meteorological Organisation (WMO) (red dotted
areas, cf. Sec. 2.2) or the cloud water content in the lowest model layer exceeding
0.01 g kg−1 (blue dotted areas, see Bott (2020)). The visibility is determined by
means of the empirical formulation according to Gultepe et al. (2006) (cf. Sec. 3.3).
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(a) 18 September, 15 UTC (b) 18 September, 20 UTC

(c) 18 September, 22 UTC (d) 19 September, 3 UTC

(e) 19 September, 8 UTC (f) 19 September, 12 UTC

Figure 5.5: Spatial distribution of LWP1000 [g m−2] for CS1819 simulated with
COSMO-FOG. Small blue and red dots mark the occurrence of ground
fog. Dashed black lines mark terrain height (100, 200, 300, 400, 500,
1000, 1500, and 2000 m). Map inset shows enlargement of central
Namib with simulated 10 m wind speed and direction at FogNet sta-
tions. Half line, full line, and flag indicate 1, 2, and 5 m s−1. The cross
sections shown in Figure 5.7 are indicated as dashed lines. Marked
locations are Coastal Met (green), Vogelfederberg (red) and Gobabeb
(blue).
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(a) 18 September, 15 UTC (b) 18 September, 20 UTC

(c) 18 September, 22 UTC (d) 19 September, 3 UTC

(e) 19 September, 8 UTC (f) 19 September, 12 UTC

Figure 5.6: Dust composite from Meteosat combined with FogNet data for CS1819.
Orange (daytime) and darkorange/brownish (nighttime) colors mark
FLCs. Wind barbs represent 15 minute averages of wind speed and
direction at the FogNet stations. Half line, full line and triangle in-
dicate 1, 2, and 5 m s−1. The FogNet stations are marked in blue if
fog precipitation occured during the previous 15 minutes. Courtesy
of Dr. Robert Spirig (Department of Environmental Sciences, Univer-
sity of Basel, now at Departement Umweltsystemwissenschaften, ETH
Zürich). Marked locations are Coastal Met (green), Vogelfederberg
(red) and Gobabeb (blue).
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In order to evaluate if the model predicts FLCs reasonably, the simulated LWP1000

is visually compared to a RGB (Red, Green, Blue) composite based on the SEVIRI
on board of the Meteosat Second Generation (MSG) satellite platform. The RGB
composite combines data of the SEVIRI infra-red (IR) channels IR8.7, IR10.8 and
IR12.0 (R: IR12.0-IR10.8, G: IR10.8-IR8.7, B: IR10.8) and is also referred to as dust
composite (EUMETSAT, 2024; University of Basel, 2024). The dust composite al-
lows to distinguish low clouds or fog from other clouds (Spirig et al., 2019) at daytime
and nighttime over land and over ocean surfaces but it does not allow to discrimi-
nate between fog and low-level clouds. Therefore, the dust composite was combined
with ground-based FogNet data by Spirig et al. (2019) which provide indications for
the occurrence of ground fog. The occurrence of ground fog is determined by fog
precipitation (i.e. fog deposition at a screen) (Spirig et al., 2019), which cannot be
determined in the model simulation. Visibility, which is available in the model si-
mulation, was only measured at the FogNet station in Gobabeb (Feigenwinter et al.,
2020). On 18 September 2017 at 15 UTC in the late afternoon, a closed blanket
of stratiform clouds covers the Atlantic Ocean offshore of the Namibian coast and
reaches a few kilometres inland in the model simulation (cf. Fig. 5.5 (a)) which is in
well accordance with satellite (orange (daytime) and darkorange/brownish (night-
time) areas) and ground-based observations (cf. Fig. 5.6 (a)).
Starting from 15 UTC, the simulated FLCs extend eastwards inland with a clear
front-like boundary almost parallel to the shore (in the following also referred to
as FLC front). A southwesterly sea breeze is simulated at that time. The simula-
ted FLC front reaches the Namib Desert from the west with an estimated speed of
8 to 10 km h−1 covering the FogNet stations in the east-west transect successively
with approximately one hour difference. Previous studies by Andersen and Cermak
(2018) and Andersen et al. (2019) interpreted the simulated time lag in the arrival
of the FLC front depending on the distance from the coast as a sign that the clouds
are advected inland from the Atlantic Ocean. It is therefore likely that the clouds
are advected in the model simulation.
During the eastward extension of the low stratiform clouds, the model simulates
ground fog along the leading edge of the eastward progressing stratiform clouds
from 18 UTC on as indicated by visibility below 1000 m and cloud water content
above 0.01 g kg−1 in the lowest model layer (red and blue dotted area in Fig. 5.5
(b–d)). Figure 5.5 reveals, that both criteria for the occurrence of ground fog based
on visibility and cloud water content yield very similar results which agree with
measurements of fog precipitation for Coastal Met (no fog precipitation, white dots
in Fig. 5.6 (c) and (d)) and Vogelfederberg (fog precipitation measured, large blue
dot in Fig. 5.6 (c) and (d)). In Gobabeb, no fog precipitation is registered at 22 and
3 UTC, but ceilometer measurements reveal a ground fog from 21 UTC on, so the
simulated ground fog seems reasonable5.
At 22 UTC the FLCs extend up to 50–60 km inland. The horizontal distribution
of FLCs in Figure 5.5 (b) and (c) shows that the inland progression of the FLCs is
more pronounced north of the Kuiseb river in the gravel plains than south in the
Namib Sand Sea. This pattern is confirmed by the satellite retrieval depicted in
Figure 5.6 (b) and (c).

5Additional figures showing the ceilometer observations can be found in the appendix.
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In the river valleys and canyons of larger rivers as Omaruru, Khan and Swakop
the FLCs proceed further inland than in the surrounding between 20 and 22 UTC,
which becomes obvious by the eastward spikes in Figure 5.5 (b–d). This feature
cannot clearly be identified in the satellite retrieval depicted in Figure 5.6 (b–d),
but has been found in a climatological satellite study by Olivier (1995) who found
an eastward bulging of the isolines of fog frequency in the river valleys. So this
model behaviour seems realistic. The FLCs in the river valleys do not persist during
the whole night in all river valleys, but widely dissolve in the Swakop valley until 0
UTC. As this example shows, besides the distance from the coast, local topography
affects the FLC occurrence and its spatial patterns.
Around 22 UTC, less dense (less LWP1000) and rather patchy fog forms at the down-
stream eastern boundary of the FLCs. The satellite retrieval shows no hint for the
occurrence of less dense fog before the arrival of the FLC front. This does not nec-
essarily mean, that no shallow ground fog has been observed. Shallow thin fog has
a similar cloud top temperature than the ground so the satellite retrieval based on
cloud top temperature might not be able to distinguish fog from the ground.
Between 22 and 3 UTC, the dense fog further extends eastward especially south of
the Kuiseb river in the model simulation thus overlapping the less dense fog. Between
2 and 3 UTC the simulated coverage with dense fog and stratiform clouds reaches its
maximum horizontal extent. While the model simulates ground fog in Vogelfeder-
berg and Gobabeb, fog precipitation has only been observed in Vogelfederberg, but
the ceilometer measurements in Gobabeb show a ground fog. So the simulated
ground fog seems reasonable.
Except for two coastal stations (Saltworks and Conception Water) where the south-
easterly wind direction prevails, a near-surface wind from a northwesterly or northerly
direction is simulated at all FogNet stations which is well in accordance with the
observations (see Fig. 5.5 (d) and Fig. 5.6 (d)).
The dissolution of fog starts around 3 UTC while the cloud coverage stays still con-
stant. In the Escarpment Gap north of Walvis Bay the fog lifts from the ground as
indicated by visibility larger than 1000 m and cloud water content below 0.01 g kg−1

in the lowest model layer. The ground fog completely lifts until approximately 7
UTC. Similar to the eastward movement of the FLCs in the first half of the night,
their dissolution progresses also like a front moving from the east westwards to the
coast. From 6:30 UTC, the dissolution of the FLCs is strongly accelerated along
its eastern boundary, which is in well accordance with the satellite observation (cf.
Fig. 5.5 (e) and Fig. 5.6 (e)). The stratiform clouds widely disappear above land
until the beginning of the sea breeze circulation around 9 UTC. The stations closest
to the coast (Saltworks and Conception Water) are overcast for the longest time.
The dissolution of the low stratiform clouds until 12 UTC corresponds well with the
satellite observation (cf. Fig. 5.5 (f) and Fig. 5.6 (f)). With the complete dissolution
of the low stratiform clouds over land until approximately 12 UTC, the life cycle
begins anew.

The spatial patterns and temporal evolution of FLCs simulated by COSMO-FOG for
18 September 2017 are consistent with in-situ satellite observations and longer term
climatological studies based on satellite retrievals (see e.g. Andersen et al., 2019;
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Olivier, 1995). Analysing several years of satellite data, Andersen et al. (2019)
showed that the FLC occurrence is highest along the coastline and the timing of fog
occurrence depends on the distance from the coastline with later fog occurrence for
larger distance from the coast which is also evident in the model simulation.

Vertical distribution and evolution of fog and low-level clouds

Figure 5.7 depicts a representative vertical cross section through the cloud water
content reaching from [-22.2 ◦S,14.0 ◦E] to [-22.2 ◦S,15.5 ◦E] (dashed lines in Fig. 5.5
(b) and (d)). A spatially coherent low stratiform cloud reaching from the Atlantic
Ocean onshore can be diagnosed. The cloud at the top of the MBL has a cloud
top height slightly above 500 m and a cloud base height below 200 m a.s.l. Onshore,
cloud top and base height increase in the PBL above the sloping terrain of the Great
Escarpment. The cloud intersects with the ascending terrain of the Great Escarp-
ment between 300 and 700 m a.s.l. at some distance from the coast forming ground
fog there.
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(a) 20 UTC
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(b) 3 UTC

Figure 5.7: Vertical cross sections of cloud water content qc [g kg−1] for CS1819 at
(a) 20 UTC and (b) 3 UTC from [22.2 ◦S,14.0 ◦E] to [22.2 ◦S,15.5 ◦E]
(dashed lines in Fig. 5.5 (b) and (d)). Brown areas mark the terrain
height.

Between 20 and 3 UTC, the cloud rises in height and extends further onshore in-
tersecting the terrain at higher altitude and farther onshore. This reveals that the
eastward expansion of the FLCs comes along with the rise of the cloud top height.
The cloud base height determines where the stratiform cloud first intercepts with
the terrain and turns into fog while the cloud top height controls the maximum
inland extension of the fog. So the ground fog simulated by the model results from
the interception of the stratiform cloud with the terrain. This finding is in line with
many past and recent studies linking the occurrence of the ground fog in the Namib
to the stratus and stratocumulus clouds, (e.g. Andersen and Cermak, 2018; Ander-
sen et al., 2019, 2020; Olivier, 1992; Spirig et al., 2019; Taljaard, 1979).

The vertical distribution of FLCs is analysed at selected locations in the central
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Namib (Fig. 5.8). One profile is taken close to the coast (Coastal Met, Fig. 5.8 (a)),
one in the area where less dense and patchy ground fog forms before the arrival of
the FLC front (Gobabeb, Fig. 5.8 (b)), and one in a region where the FLC front
arrives (Vogelfederberg, Fig. 5.8 (c)).
Close to the coast in Coastal Met, a low stratiform cloud is simulated with a cloud
base around 300 m a.s.l. and cloud top height at approximately 550 m a.s.l. in the
afternoon (Fig. 5.8 (a)). The cloud base height decreases to 200 m a.s.l. around
sunset between 16 and 17 UTC (sunset: 16:45 UTC) and further lowers to 120 m
a.s.l. between 21 and 23 UTC. This results in a geometrical thickening of the cloud
and an increase of the cloud water content. This is further enhanced by the gradual
increase of cloud top from 500 to 600 m between 22 and 3 UTC. From 0 UTC the
cloud base gradually rises by roughly 50 m until the cloud dissolves around 10 UTC
approximately six hours after sunrise at 04:45 UTC. The dissolution of the cloud is
well met by COSMO-FOG, while the simulated cloud base is too low and no cloud
was observed in the afternoon on 18 September6.
At the inland station Gobabeb, a very shallow ground fog confined to the low-
est model layer is simulated between 21 and 23 UTC (Fig. 5.8 (b)). Ceilometer
measurements in Gobabeb reveal a ground fog from 21 UTC on, so the simulated
ground fog seems reasonable. Around 23 UTC, a cloud is simulated at 550 m a.s.l.
The cloud thickness quickly grows by more than 100 m in the next hour due to a
rapid lowering cloud base. The rapid development of a thick ground fog by lowering
cloud base coincides with an increase of LWP1000 and the arrival of the FLC front
in Gobabeb (cf. Fig. 5.5 (c) and (d)). Thus, the sudden appearance of the thick
ground fog by lowering cloud base height might probably suggest the arrival of the
intercepting stratiform cloud in Gobabeb by an advective process. From 3 UTC on,
the fog layer continues to grow gradually up to a thickness of 300 m. While still
growing vertically, it starts to thin and lift from the ground around 4 UTC due to a
slight warming by less than 1 ◦C which coincides with a shift of the wind direction to
north and northeast. At 8 UTC the low stratiform cloud has completely dissipated
in Gobabeb.
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(b) Gobabeb
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(c) Vogelfederberg
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Figure 5.8: Time series of cloud water content qc [g kg−1] profiles at (a) a coastal
and (b, c) two inland locations for CS1819. Brown areas mark the
terrain height.

6Additional figures showing the ceilometer observations are displayed in the appendix.
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At Vogelfederberg, the fog event starts abruptly with a cloud at approximately 600 m
a.s.l. turning into a 150 m thick ground fog by rapid lowering of the cloud base be-
tween 18 and 19 UTC (Fig. 5.8 (c)). From 23 UTC until 2 UTC the fog top height
gradually grows until the fog reaches its maximum vertical extent of 300 m around
3 UTC. Afterwards the fog lifts from the ground and dissolves around 7 UTC in the
morning approximately two hours after sunset.
The spatio-temporal patterns at all selected locations have in common the increase
of cloud top height after 22 UTC and the lifting of fog or cloud base height after 3
UTC. The vertical extent and LWP1000 of FLCs culminate between 3 and 5 UTC.
The cloud already lifts from the ground while it still grows vertically. For the inland
locations, the difference in cloud top height results from the increase of cloud top
with the rising terrain of the Great Escarpment. The cloud water content of the
FLCs is widely between 0.1 and 0.5 g kg−1 and does only rarely exceed 0.5 g kg−1.

Diurnal Cycle of fog and low stratiform clouds

Figure 5.9 illustrates the area covered by FLCs and the domain-averaged LWP1000

for the whole domain, ocean and land areas. A distinct life cycle of FLCs is evident
from the total area covered with clouds and the LWP1000 averaged over the whole
domain (black curves in Fig. 5.9). From the variation of the total area covered with
clouds and the area covered with clouds over land, different life cycle phases of FLCs
in the Namib Desert can be distinguished.
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Figure 5.9: Time series of simulated (a) area covered by FLCs [km2] and (b)
LWP1000 [g m−2] averaged over the model domain (b) for the whole
domain and divided into land and ocean areas for CS1819. Dashed
areas for LWP1000 represent the spatial variability of LWP1000.

The cloud cover and mean LWP1000 for the whole domain are minimal in the cloud-
free phase during daytime, when low stratiform clouds are for the most part confined
to the Atlantic Ocean and hardly progress eastwards onshore. In the extension
phase starting with lowering sun around 15 UTC, the total area covered with clouds
increases almost linearly reaching its maximum during nighttime between 21 and 6
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UTC. When the horizontal extension of FLCs slows down and the number of cloudy
grid points stays nearly constant from 21 UTC on, the cloud and fog phase starts.
The almost constant cloud coverage between 21 and 6 UTC along with the increase
of mean LWP1000 until 0 UTC results from the vertical growth of the FLCs during
night with only slight further horizontal extension. In the dissipation phase starting
around 6 UTC after sunrise and lasting until approximately 10 UTC, cloud cover
drops to the baseline of the day before.
Splitting the cloud coverage into land and ocean areas, it becomes clear that the
cloud coverage is almost constant over the ocean while the diurnal cycle of total area
covered with clouds is driven by the cloud coverage over land areas. FLCs extend
onshore mainly from 15 UTC until 21 UTC and most of the clouds over land dissolve
between 6 and 9 UTC after sunrise the next morning. Over land areas the mean
LWP1000 is smaller than over the Atlantic Ocean and already starts to decrease after
0 UTC.
The diurnal cycle of FLCs simulated by COSMO-FOG is in line with a study by
Warren et al. (2015), who found that the total cloud cover of all cloud types west of
Namibia peaks at 4 UTC and reaches its minimum at 16 UTC. Warren et al. (2015)
stated that low stratiform clouds are responsible for this diurnal cycle.

5.2.3 Atmospheric conditions and processes influencing fog and
low stratiform clouds

The investigation of the spatio-temporal patterns of FLCs suggests various life cycle
phases. To understand the evolution of FLCs in the life cycle phases, the atmos-
pheric conditions and processes contributing to the development of FLCs and their
properties are analysed in this section. This section provides an overview over the
PBL conditions during different phases of the fog event.

Before the onset of fog and low-level clouds - the cloud-free and extension
phase

The investigation of spatio-temporal FLC patterns in the previous section has shown
that the eastward progression of FLCs starts towards sunset although a south-
westerly wind advects cool and moist maritime air masses onshore and relative
humidity increases already in the afternoon. Thus, the advection of cool maritime
air masses with an onshore flow is not sufficient for the formation of FLCs on-
shore. In the following, it will be investigated which processes make the atmosphere
favourable for the formation of FLCs until the cloud and fog phase starts.
Figure 5.10 illustrates the temporal and vertical evolution of the virtual potential
temperature θv and relative humidity RH at two inland locations – namely in Go-
babeb and Vogelfederberg (blue and red markers in Fig. 5.5). Figure 5.10 (a) and
(b) reveal that at daytime the 200 m thick well-mixed boundary layer is topped by
a strong temperature inversion. Until evening, the virtual potential temperature
drops by approximately 10 ◦C in six hours in the entire PBL. The strongest cooling
occurs around sunset (16:45 UTC) between 16 and 18 UTC when the solar surface
warming and the sensible heat flux decrease. In Gobabeb, the cooling is stronger at
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the surface resulting in the formation of a surface-based inversion and stabilisation
of the boundary layer until 20 UTC. In Vogelfederberg, a well-mixed boundary layer
of approximately 100 m depth persists for a longer time. Above 1000 m, the virtual
potential temperature remains almost constant.
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Figure 5.10: Vertical profiles of (a, b) virtual potential temperature θv [◦C] and
(c, d) relative humidity RH [%] in (a, c) Gobabeb and (b, d) Vo-
gelfederberg (blue and red marker in Fig. 5.5) at different times of
CS1819. Horizontal dashed lines indicate the layer where the cloud
water content is larger than 0.01 g kg−1. Brown areas mark the terrain
height.

The relative humidity increases from beneath 50–70% to more than 90 % from 14
UTC until 20 UTC in the PBL (Fig. 5.10 (c, d)). The strongest increase of the
relative humidity happens along with the strongest cooling between 16 UTC and 18
UTC. As expected from the surface-based inversion in Gobabeb, a quicker increase
of the relative humidity occurs in the lowest model layer above ground. Values of
the relative humidity above 60 % are confined to the lowest 200–400 m above ground
level. Above 1100 m, the atmosphere is very dry with a relative humidity below 10 %.

In order to understand whether the specific humidity or temperature change has
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a stronger influence on the relative humidity and thus fog formation, the contribu-
tions of temperature and specific humidity changes to the relative humidity changes
are determined using equation 2.1. The changes of temperature and specific humi-
dity are taken from the MESSy submodel TENDENCY and are averaged over the
model output step.
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Figure 5.11: Vertical profiles of relative humidity change [% h−1] and its individual
contributions by temperature and specific humidity determined using
Equation 2.1 in (a) Gobabeb and (b) Vogelfederberg on 18 September
at 17 UTC. Brown areas mark the terrain height.

Figure 5.11 depicts vertical profiles of the relative humidity change and its individual
contributions by temperature and specific humidity at 17 UTC when the increase
of relative humidity is strongest. The strongest increase of relative humidity of 6–
8 % h−1 occurs close to the ground up to approximately 600 m a.s.l. which is similar
for both locations (Fig. 5.11). This relative humidity increase is caused by a relative
humidity increase due to temperature around 8–12 % h−1 while specific humidity
causes a smaller counteracting decrease of relative humidity by less than -5 % h−1.
So the increase of relative humidity in the boundary layer, where low-level clouds
and fog form, is for most driven by a temperature decrease while specific humidity
changes play only a minor role or even counteract. Above the PBL the relative hu-
midity tendencies are controlled by changes in specific humidity. These results are
representative for the coastal plain of Namibia during the extension phase7. Since
cooling is the key process leading to the saturation responsible for the formation of
FLCs, the heat budget will be analysed with detail in the following.
From the model equation for temperature (Eq. 3.3), it follows that the total tem-
perature tendency can be caused by dynamical processes, phase changes, radiation,
subgrid-scale turbulent diffusion and subgrid-scale convection (cf. Sec. 3.1). The
contributions of the different processes to the total temperature tendency and the to-
tal temperature tendency itself are provided by the MESSy submodel TENDENCY.
Figure 5.12 shows vertical profiles of the temperature tendencies in Gobabeb and

7Additional figures showing the spatial distribution of the relative humidity changes in total and
by temperature and specific humidity are displayed in the appendix
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Vogelfederberg in the afternoon (14 UTC) and shortly after sunset (17 UTC) when
cooling and the resulting increase of relative humidity are strongest. The tempe-
rature changes up to 750 m in the PBL are largely controlled by the interaction of
cold air advection and turbulent diffusion. The contributions of all other processes
are orders of magnitude smaller. At 14 UTC, in the cloud-free phase, the air cools
by about 1K h−1. This cooling is caused by cold air advection with a southwesterly
near-surface wind from the sea breeze and the upslope flow yielding an advective
temperature tendency about -2.5 to -4 Kh−1. This negative advective temperature
tendency is countered by a turbulent temperature tendency reaching approximately
+1.5 to +3 K h−1 in the cloud-free phase.
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(a) Gobabeb (14 UTC)
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(b) Gobabeb (17 UTC)
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(c) Vogelfederberg (14 UTC)
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Figure 5.12: Vertical profiles of temperature tendencies Ttend [K h−1] in (a, b) Go-
babeb and (c, d) Vogelfederberg on 18 September 2017 at (a, c)
14 UTC and (b, d) 17 UTC; tot: total tendency, adv: advection,
turb: turbulent mixing, con: condensation/evaporation, rad: radia-
tion. Brown areas mark the terrain height.

Around 17 UTC after sunset, the turbulent warming has nearly vanished while
advective cooling around -1.5 to -3 Kh−1 is still present. So during the extension
phase the temperature changes in the boundary layer are almost exclusively caused
by advection. Above the PBL the temperature tendencies are driven by advection.
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(a) (b)

(c) (d)

(e) (f)

Figure 5.13: Spatial distribution of (a, b) total temperature tendency [K h−1], tem-
perature tendencies [K h−1] due to (c, d) advection and (e, f) turbulent
mixing on 18 September 2017 at 14 UTC (left) and 17 UTC (right),
respectively. Marked locations are Coastal Met (green), Vogelfeder-
berg (red) and Gobabeb (blue).



92

The results obtained for Gobabeb and Vogelfederberg are representative for large
parts of the coastal plain as the spatial distribution of the temperature tendencies
in total and due to turbulent diffusion and advection in the lowest model layer
demonstrates (Fig. 5.13). In the cloud-free phase, the cooling takes place in a wide
stripe almost parallel to the shore reaching approximately 200 km inland (Fig. 5.13
(a)). Almost the complete land areas in the model domain are affected by advective
cooling which decreases with increasing distance from the coast due to the decreasing
temperature gradient (Fig. 5.13 (c)). Where the cold air is advected over the warm
land surface it is heated from below by the sensible heat flux causing turbulent
mixing during daytime (Fig. 5.13 (e)).
After sunset, the turbulent warming has almost vanished in a stripe approximately
100 km from the coast while advective cooling still continues (Fig. 5.13 (d) and (f)).
One has to note, that the positive turbulent temperature tendency close to the coast
compensates evaporative cooling below the clouds.
Farther inland in the Great Escarpment and on the inner plateau turbulent diffusion
cools the air close to the ground due to a negative sensible heat flux directed towards
the ground. In these areas, cooling by turbulent diffusion explains the largest part
of the total cooling. Despite of cooling, no saturation will be reached in the Great
Escarpment and on the inner plateau due to the small values of relative humidity.
In these regions, the boundary layer is too dry for fog to form. In the coastal plain,
conditions are more favourable for the formation of FLCs due to the advection of
cool and moist air during daytime.
The analysis of the contributions of individual processes to the total temperature
tendency for the extension phase has shown, that the extension of FLCs is caused by
cold air advection. Fog and cloud formation is related to the advection of maritime
air masses supplying moisture in the coastal area of the Namib Desert. Also the
occurrence of fog in the river valleys is related to the advection of moist maritime
air.

The cloud and fog phase

From 21 UTC on, the FLCs extend only slightly further inland while the LWP1000

averaged over the model domain still increases (cf. Fig. 5.9) due to an increase of the
cloud water content and a vertical growth of the cloud and fog layer (cf. Fig. 5.8).
Figure 5.14 shows exemplarily the vertical profiles of virtual potential tempera-
ture, specific humidity and relative humidity at 21, 0, and 3 UTC in Gobabeb.
In Vogelfederberg the results are very similar and will therefore be omitted in the
following. The evolution of the virtual potential temperature profiles displayed in
Figure 5.14 (a) illustrates the development of a ∼ 200 m deep well-mixed fog layer
between 21 and 0 UTC. As the fog develops, the cooling in the fog layer decreases
because the fog inhibits the radiative cooling of the surface and the station is sur-
rounded by a rather homogeneous cool air mass.
The evolution of specific humidity reveals that specific humidity decreases in the
fog layer, whereas it increases between 700 and 800 m (above fog top). Due to the
increase above fog top a peak with values around 9.5 g kg−1 develops in the profile
of specific humidity which is eroded once the fog grows into that layer.
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Figure 5.14: Vertical profiles of (a) virtual potential temperature θv [◦C], (b) spe-
cific humidity qv [g kg−1], and (c) relative humidity RH [%] in Goba-
beb (blue marker in Fig. 5.5) at different times in the cloud and fog
phase for CS1819. Horizontal dashed lines indicate the layer where
the cloud water content is larger than 0.01 g kg−1 for the respective
time.

The maximum of the specific humidity profile is caused by the advection of moist air
with an easterly wind (the affected layers are marked by a red rectangle in Fig. 5.15
(a)) which can be explained as follows: The specific humidity is advected inland dur-
ing daytime in the PBL with a southwesterly sea breeze and plain-mountain wind.
In the evening, the specific humidity is left in the boundary layer and is advected
back to the coast with an easterly wind above the layer with maritime air masses
(cf. Fig. 5.15 (a) and (b)). Later in the night, the wind turns to a southeasterly di-
rection and specific humidity is advected alongshore. Note, that the largest changes
of specific humidity occur above the maximum of specific humidity which is also
evident from Figure 5.14 (b).
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(b)

Figure 5.15: Vertical cross sections of (a) specific humidity qv [g kg−1] and (b)
virtual potential temperature θv [◦C] with horizontal wind (arrows)
for CS1819 at 21 UTC from [23.56 ◦S, 14 ◦E] to [23.56 ◦S, 15.5 ◦E].
The red rectangle is referred to in the text. Brown areas mark the
terrain height.
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As expected from the surface-based inversion, the relative humidity profile in Goba-
beb simulated by COSMO-FOG shows a very shallow saturated layer confined to the
lowest model layer at 21 UTC. As a consequence, the fog phase starts with a very
shallow ground fog in Gobabeb (cf. Fig. 5.8). During the night, an approximately
200 m deep saturated layer develops due to cooling which causes the strong increase
of fog top height between 21 and 0 UTC (cf. Fig. 5.8). The increase of fog top
height is not restricted to Gobabeb, but occurs at several locations. This explains
the ongoing increase of the domain-averaged LWP1000 in the cloud and fog phase
while the cloud coverage is nearly constant (cf. Fig. 5.9). As in the extension phase,
the relative humidity stays constant at values below 10 % above 1200 m.

In order to get more insight into the processes contributing to the maintenance
and growth of the FLCs, the tendencies resulting from the heat equation and the
balance equation of specific humidity will be analysed.
Figure 5.16 displays the temperature and specific humidity tendencies in Gobabeb at
0 UTC. The processes from the heat equation and the balance equation for specific
humidity occurring in the fog layer are the same as for the simulation of a homoge-
neous marine stratus (cf. Chap. 4). Departing from the simulation of a horizontally
homogeneous marine stratus, an additional advective temperature tendency occurs
which is not balanced (Fig. 5.16 (a)). Thus no quasi equilibrium is reached. In
the undersaturated area of the fog, the evaporative cooling is slightly overcompen-
sated by warming due to turbulent diffusion. Nevertheless, the total temperature
tendency in that region is negative due to the advection of cold air with a south-
westerly wind which turns to a southerly direction after 0 UTC when the South
Atlantic Anticyclone approaches to the Namibian coast. In the saturated upper
part of the cloud, the latent heat release due to condensation is overcompensated by
the sum of turbulent diffusion and radiative cooling. An additional contribution by
cold air advection further contributes to a negative total temperature tendency. The
strongest cold air advection occurs at fog top with a southeasterly wind which, com-
bined with longwave radiative cooling, causes strong cooling there (cf. Fig. 5.14).
With roughly 7Kh−1 the tendency by radiative cooling at fog top is smaller than
in the idealised case study. This is caused by the continuous growth of fog top and
also occurred for the idealised cases when the cloud grew in the next layer (for the
two simulations with high resolution). Above fog top, cold air advection occurs and
causes a negative total temperature tendency.
As for temperature, an advective tendency occurs also for specific humidity. The
advection of drier air in the boundary layer causes a decrease of specific humidity
in most parts of the fog layer (Fig. 5.16 (b)). In the undersaturated area of the
fog, the increase of specific humidity by evaporation is compensated by turbulent
diffusion. In the uppermost part of the supersaturated region of the fog, the loss of
specific humidity by condensation is not fully compensated by turbulent diffusion,
resulting in a total decrease of specific humidity there. Between 700 and 1000 m, the
advection of moist air with an easterly to southeasterly wind results in the increase
of specific humidity discussed before (cf. Fig. 5.14 and 5.15).
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Figure 5.16: Vertical profiles of (a) temperature (Ttend [K h−1]) and (b) specific
humidity (qv

tend [g kg−1 h−1]) tendencies in Gobabeb on 19 Septem-
ber 2017, 0 UTC; tot: total tendency, adv: advection, turb: tur-
bulent mixing, con: condensation/evaporation, rad: radiation. (c)
Vertical profiles of relative humidity change [% h−1] and its individ-
ual contributions by temperature and specific humidity determined
using Equation 2.1 in Gobabeb. Shaded grey areas indicate where
the cloud water content is larger than 0.01 g kg−1.
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Due to the decrease of temperature and specific humidity in the fog layer with com-
peting effects on relative humidity, the inspection of relative humidity tendencies
is especially interesting. As can be seen from Figure 5.16 (c), the negative relative
humidity tendency due to the decrease of specific humidity and the positive relative
humidity tendency due to cooling balance each other in most parts of the fog layer.
Close to fog top, the negative relative humidity tendency by the decrease of specific
humidity is overcompensated by the positive relative humidity tendency due to tem-
perature yielding an increase of relative humidity by cooling.
So the analysis of the heat and moisture budget reveals that the increase of relative
humidity around the cloud top is largely due to radiative cooling at the cloud top
and the advection of cooler air. These processes cause the vertical growth and a
slight eastward extension of the fog during the cloud and fog phase.

The dissipation phase

The profiles of the virtual potential temperature in Gobabeb depicted in Figure 5.17
(a) show the warming of the PBL after sunrise. In Gobabeb, the increase of the vir-
tual potential temperature is not limited to the boundary layer but also occurs in
the free troposphere. Other than expected, the boundary layer height decreases
by about 100 m after sunrise. This hints at the contribution of additional dynamic
processes besides heating by surface fluxes and turbulent diffusion.
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Figure 5.17: As Figure 5.14, but at different times in the dissipation phase for
CS1819.

The specific humidity decreases between 600 and 1300 m from 6 to 9 UTC (Fig. 5.17
(b)) and increases in the PBL. The relative humidity decreases simultaneously at
fog top and from fog base resulting in a lifting of fog base and a thinning of the fog.
Between 7 and 8 UTC, the strongest decrease of relative humidity occurs from the
bottom of the fog/cloud, so the fog dissipation mainly progresses from the ground
upwards. Due to the warming, the relative humidity decreases by about 10 to 20 %
and the cloud fully dissipates between 8 and 9 UTC in Gobabeb. As in the other
phases, the relative humidity above 1200 m stays constant below 10 %.
In order to figure out the processes contributing to fog and cloud dissipation, the
budgets of temperature and specific humidity are investigated. Figure 5.18 exempla-
rily displays the profiles of temperature and specific humidity tendencies in Gobabeb
at 7:15 UTC, when the cloud already starts to thin and the processes are well es-
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tablished. After sunrise, the absorption of incoming solar radiation at the surface
starts convective surface fluxes driving turbulent mixing in the boundary layer. In
Gobabeb, the temperature tendency due to turbulent mixing is around 5 Kh−1 at
the ground but is partly compensated by evaporative cooling (cf. Fig. 5.18 (a)). The
warming enhances evaporation resulting in a decrease of cloud water content while
specific humidity increases (cf. Fig. 5.18 (b)). The warming is further enhanced by
slight warm air advection. An easterly wind advects air from inland areas where
clouds already dissolved and heating of near-surface air by surface fluxes is stronger.
The warming is further enhanced by dry adiabatic warming of the air flowing down
the Great Escarpment. This warm air advection accelerates the fog dissipation.
The warming by advection and turbulent diffusion causes a decrease of the relative
humidity by approximately 6–8 % h−1 in the lower 200 m above ground level which
is partly counteracted by the increase of specific humidity due to evaporation (cf.
Fig. 5.18 (b, c)). The warming dominates resulting in a total decrease of the relative
humidity by 6 % h−1 at cloud base causing the lifting of the fog from the ground.
Ongoing sedimentation and evaporation result in an optically thinner cloud which
gets more transparent for solar radiation. The optically thinner cloud and the in-
tensifying sun increase the heating by shortwave solar radiation in the lower part of
the cloud and at the ground. The feedbacks between these processes act together
to rapidly dissipate the cloud after sunrise.
Normally, the increase of turbulence after sunrise would lead to an increase of cloud-
top entrainment and of the inversion height. In contrast, the height of the inverion
decreases by about 100 m between 6 and 9 UTC. Above the cloud-topped boundary
layer, warm, dry air masses are advected between 700 and 1400 m height with an
easterly and southeasterly wind. This is evident from the positive temperature ten-
dency and the negative tendency of specific humidity by advection in Figure 5.18
(a) and (b). This advection of warmer and drier air at cloud top and above causes
a strong decrease of the relative humidity up to 40 % h−1.
Until 12 UTC, similar atmospheric conditions as on the previous day are obtained
with maritime air masses being transported inland with a southwesterly breeze and
heated from below by the land surface.

The analysis of the case study CS1819 reveals important processes controlling the
life cycle of FLCs in the Namib Desert. The formation of FLCs is caused by the ad-
vection of cool and moist air masses interacting with turbulent mixing. The vertical
growth and a slight eastward extension results from radiative cooling at fog/cloud
top and the advection of cooler air. The dissipation of FLCs is caused by solar
radiation initiating surface fluxes and, thus, turbulent mixing. The dissipation is
enhanced by the advection of warm air.
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Figure 5.18: As Figure 5.16, but on 19 September 2017, 7:15 UTC.
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5.3 Other factors influencing fog and low stratiform
clouds

In the nights from 20 to 21, 23 to 24 and 27 to 28 September 2017 the central
Namib experienced inland reaching fog events which reveal the role of processes
contributing to the spatial patterns and temporal evolution of FLCs additional to
the processes discussed in the previous section. Similar to the preceding case study,
these fog events will be put into the large-scale synoptic context before the spatial
and temporal patterns of FLCs and the contributing processes will be analysed.

5.3.1 Synoptic conditions and meteorological situation

On 20 and 23 September 2017, the large-scale subsidence within the subtropical
high-pressure belt causes stable atmospheric conditions suppressing cloud develop-
ment above the PBL as for 18 September. Thus, again the whole southern African
continent shows clear skies except for the eastern parts close to the Indian Ocean
being influenced by smaller-scale low-pressure systems on both days. The heating of
near-surface air results in a thermally induced low surface pressure extending from
the west coast of Namibia towards central Africa8. At the 500 hPa level, a high-
pressure ridge is located over the southern African continent.
Both, on 20 and 23 September 2017, a surface high-pressure system of the subtro-
pical high-pressure belt has shifted from the Atlantic Ocean to the east compared
to 18 September. The eastward shift of the maximum in surface pressure results
in a northeasterly flow over large parts of the southern African continent. This
northeasterly flow causes warm air advection over the western and southern parts
of Namibia and above the MBL over the Atlantic Ocean alongshore the Namibian
coast. As a result of the warm air advection, the temperature at the 850 hPa level
and the near-surface temperature in Namibia are higher compared to 18 Septem-
ber. The temperature at 850 hPa reaches more than 25 ◦C over the ocean along the
Namibian coast. For CS2021 and CS2324, the soil temperature of 40 and 45 ◦C is ap-
proximately 10 ◦C higher than for the other two case studies with around 35 ◦C. The
higher surface temperature causes stronger heating of the near-surface air by surface
fluxes resulting in a stronger temperature increase with increasing distance from the
coast than for CS1819. The near-surface temperature widely reaches around 30 to
35 ◦C in the Great Escarpment and in the interior of Namibia. Close to the coast,
a thermally and topographically driven southwesterly wind advects cool and moist
maritime air masses inland (Fig. 5.19 (a)).
After sunset, the temperature quickly decreases to 10–14 ◦C in a stripe of 60 km
width alongshore while inland the near-surface temperature still widely reaches 25–
30 ◦C. During night, the temperature at 850 hPa still reaches 25 ◦C and more at the
Namibian coast. Due to the advection of warm air with the northeasterly wind and
the cooling of inland areas during night, the highest temperature occurs in the wes-
tern and southwestern part of Namibia rather than to the northeast at night. This
relocation of the maximum heat results in a displacement of the thermally induced

8Additional figures showing the synoptic situation and the weather situation of CS2021, CS2324,
and CS2728 are provided in the appendix.
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low surface pressure. An extended zone of low surface pressure is located alongshore
the Namibian coast during both nights, on 20 to 21 and 23 to 24 September. At
the eastern flank of the relocated low surface pressure a northwesterly wind blows
along the Namibian coast (Fig. 5.19 (b) and (c)) while an easterly wind blows in the
Great Escarpment.
The maximum surface pressure of the South Atlantic Anticyclone decreases during
night and the high-pressure ridge at 500 hPa attenuates.

(a) 15 UTC (b) 0 UTC (c) 6 UTC

Figure 5.19: Spatial distribution of horizontal wind WS [m s−1] in the lowest model
layer for (a) 20 September, 15 UTC, (b) 21 September, 0 UTC, and
(c) 24 September, 6 UTC.

On 24 September an upper level trough approaches the African continent which
passes Cape Town on 25 and 26 September. With the passage of the trough, cold
air is advected from southerly directions to the southern part of Namibia. The
temperature at the 850 hPa pressure level decreases from around 30 ◦C for CS2021
and CS2324 to around 20 ◦C over southern Namibia for CS2728. This results in a
lower temperature in the south of Namibia where the temperature rises to around
25–30 ◦C on 27 September. The highest temperature is reached in the northeast of
Namibia as for 18 September raising to more than 30 ◦C. As for all case studies,
a southwesterly and westerly wind blows in the coastal plain and a southwesterly
wind in the Great Escarpment during daytime which advects maritime air masses
onshore. Due to the lower temperature after the passage of the low, the diabatic
heating of this maritime air masses is weaker than for 20 and 23 September. As a
result the stripe with moderate near-surface temperature along the coastline is wider
at daytime than for 20 and 23 September. During nighttime temperature decreases
to 15–20 ◦C in wide parts of Namibia. In the coastal area the temperature decreases
to 10–14 ◦C.
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5.3.2 Spatial and temporal evolution of fog and low stratiform
clouds

As for CS1819, the spatial patterns and temporal evolution of FLCs simulated by
COSMO-FOG are analysed by means of the LWP1000. In order to estimate the
quality of the model simulation with respect to the spatial distribution of FLCs, the
simulated cloud cover is visually compared to the RGB composite combined with
FogNet measurements as for 18 September.

Horizontal distribution of fog and low-level clouds

Similarly to Figure 5.5, Figure 5.20 displays the LWP1000 below 1000 m and the RGB
composite combined with FogNet measurements. Figure 5.20 shows the time with
maximum horizontal extent of FLCs for CS2021, the significantly smaller extent of
FLCs for CS2324 at a similar time, and a time where COSMO-FOG underestimates
the cloud cover for CS2728.
The spatial distribution of fog and low-level clouds on 20 and 21 September 2017 is
very similar to 18 September 2017. On 21 September at 3 UTC, FLCs are located
above the Atlantic Ocean and reach 50 to 60 km inland (Fig. 5.20(a)). The FLCs
do not reach as far inland as for CS1819. They scarcely reach the FogNet stations
on 21 September at 3 UTC (see red and blue point in Fig. 5.20(a)). Finally, the
low stratiform clouds intersect with the land surface at a height of 200 m a.s.l.
which is lower than for CS1819. The eastward extension stops when the fog reaches
approximately 500 m a.s.l. In the south of the model domain, there is a stripe of sea
fog above the Atlantic Ocean in the vicinity of the coast.
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(a) 21 September, 3 UTC (b) 21 September, 3 UTC

(c) 24 September, 2 UTC (d) 24 September, 2 UTC

(e) 27 September, 21 UTC (f) 27 September, 21 UTC

Figure 5.20: Left: as Figure 5.5, right: as Figure 5.6, but for (a, b) CS2021, (c, d)
CS2324, and (e, f) CS2728. Dark magenta (b, d) and violet (f) colors
mark FLCs. Courtesy of Dr. Robert Spirig (Department of Environ-
mental Sciences, University of Basel, now at Departement Umwelt-
systemwissenschaften, ETH Zürich). The cross sections shown in Fig-
ure 5.21 are indicated as dashed line.
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The vertical cross section of the cloud water content depicted in Figure 5.21 reveals
that the cloud base and top height are smaller compared to CS1819 leading to a
lower intercept of the stratiform cloud with the terrain than in CS1819.
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(b)

Figure 5.21: Vertical cross sections of cloud water content qc [g kg−1] for 20 Septem-
ber 2017 at (a) 18 UTC and (b) 22 UTC from [24 ◦S,14.0 ◦E] to
[24 ◦S,15.5 ◦E] (dashed line in Fig. 5.20 (a)). Brown areas mark the
terrain height.

The cloud base height simulated by COSMO-FOG is lower than in reality9.
Figure 5.20(b) displays the RGB composite combined with FogNet measurements
for 21 September at 3 UTC. In contrast to CS1819, some mid level clouds (yellow
areas) above the Atlantic Ocean slightly hinder the satellite observations of FLCs
(purple areas). The eastward extension of the simulated FLCs is in good accordance
with the satellite retrieval.
On 23 and 24 September 2017, the model simulates a stripe of FLCs which follows
the coastline at 2 UTC (Fig. 5.20(c)) and is considerable smaller than the cloud
blanket on 19 and 21 September. Furthermore, ground fog is simulated from a
height of 100 m a.s.l. on, while in the other case studies it started much higher. The
lower interception of the cloud with the terrain of the Great Escarpment and the
occurrence of sea fog along the coast south of Walvis Bay hints at a lower cloud
base compared to the other case studies. The simulated stripe of FLCs is in well
accordance with the satellite observation displayed in Figure 5.20(d), although the
extent of the fog and cloud cover is underestimated in the central Namib Desert and
above the Atlantic Ocean north of 22 ◦S.
On 27 September 2017 around 21 UTC, an almost cloud free gap stays between the
clouds above the ocean and onshore (Fig. 5.20(e)). The clouds start to intercept
with the terrain above 200–300 m a.s.l. and the eastward extension of the fog and
clouds stops at approximately 500 m a.s.l. Similar to CS1819, patchy and rather
thin ground fog forms in the coastal area of the Namib Desert independent of the
large areas with FLCs.
Although some mid-level clouds (red areas) hinder the observation of FLCs (purple
areas) by satellite, the visual comparison of the model results to the satellite image

9Additional figures showing ceilometer measurements can be found in the appendix.



104

displayed in Figure 5.20(f) shows that the model strongly underestimates the cloud
cover over ocean areas. The extent of FLCs over land areas simulated by COSMO-
FOG is in rather well agreement with the satellite observation.

Diurnal cycle of fog and low-level clouds

Figure 5.22 illustrates the area covered by FLCs in total and divided into ocean and
land areas for the three case studies. The total area covered by clouds is minimal
between 15 and 18 UTC. For CS2324 and CS2728, it decreases due to the cloud
dissolution over the ocean until 18 UTC. After 18 UTC, the area covered by clouds
over the ocean and in total increases until the next morning for all three case studies.
For CS2728 the increase of the area covered by clouds is strongest. Until 6 UTC it
increases by a factor of five. Between 6 and 9 UTC the total cloud area decreases
due to the dissipation over land areas. The decrease is accelerated if the cloud area
over the ocean decreases as well.
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(b) 23 and 24 September
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(c) 27 and 28 September

Figure 5.22: Time series of simulated area covered by FLCs [km2] for the whole
domain and divided into land and ocean areas for (a) CS2021, (b)
CS2324, and (c) CS2728.

A distinct life cycle of FLCs is evident over land areas. The temporal development of
the FLC area over land is quite similar to CS1819 for all case studies, but especially
for CS2021. On 20 September 2017, the area covered by FLCs over land is minimal
in the afternoon when the low-level clouds are confined to the ocean and starts to
increase when the clouds proceed eastwards inland like a front around 15 UTC (cf.
Fig. 5.22(a)). The extension of clouds lasts until around 21 UTC (extension phase).
Between 21 and 4 UTC the cloud cover is almost constant (cloud and fog phase).
The dissolution is also similar to CS1819. Starting from 4 UTC the fog lifts from the
ground before the stratiform clouds break up. The lifting of the ground fog has al-
most no effect on the area covered by fog and clouds over land since the area covered
by FLCs does not distinguish between fog and low clouds. After 5 UTC the cloud
area decreases more rapidly when the dissolution gradually starts and accelerates
further after 6 UTC (dissipation phase). Until 11 UTC the stratiform clouds widely
dissolve and the cloud area reaches the baseline of the day before. So the general
life cycle of FLCs, i.e. the cloud-free phase, the extension phase, the cloud and fog
phase and the dissipation phase, is identical to CS1819.
However, the area covered by FLCs over land and ocean is overall smaller. This is
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due to the smaller extension of the cloud blanket over the ocean compared to CS1819
until the clouds spread during the night. In addition, the FLCs do not reach as far
inland to the east as for CS1819.
The visual comparison of model results to the satellite images reveals that the model
captures the diurnal cycle of FLCs quite well for CS2021 although COSMO-FOG
slightly underestimates the horizontal extension of FLCs for that case study in the
first half of the night. In Gobabeb, e.g., COSMO-FOG simulates a ground fog from
0 UTC on, while ground fog was observed already from 21 UTC on10,11.

For CS2324, the cloudy area over land stays almost constant until 18 UTC (cf.
Fig. 5.22(b)). Its increase in the extension phase starts three hours later than for
CS1819 and CS2021. First clouds form in a small stripe in the flat coastal area of the
Namib Desert north of Walvis Bay in direct vicinity to the Atlantic Ocean. Until 23
UTC FLCs spread eastward farther onshore and southwards. This increase of cloud
coverage onshore dominates the total cloud coverage until 23 UTC while the cloud
coverage over ocean areas is nearly constant at its minimum. This is because the
cloud in the model simulation is restricted to the coastal area north of Walvis Bay
while almost no clouds have formed over the Atlantic Ocean. The formation of FLCs
only over land areas has not been observed but results from an underestimation of
the cloud cover over the ocean by COSMO-FOG in the first half of the night.
In the cloud and fog phase after 23 UTC, the cloud coverage over land increases
slightly until it reaches its maximum around 7 UTC. As for CS2021 the maximum
eastward extension is smaller than for CS1819. The maximum inland extent of FLCs
is slightly underestimated by the model simulation. During the cloud and fog phase,
clouds form over the Atlantic Ocean in the second half of the night and the cloud
cover over the ocean is in agreement with satellite observations.
In the dissipation phase, the cloud coverage decreases between 8 and 12 UTC but
in contrast to CS1819 and CS2021, the cloudy area over land does not reach the
level of the day before. This results from an approximately 20–40 km wide stripe
of persistent clouds in the vicinity of the coast which cannot be confirmed by the
satellite observation.
On 27 September 2017 at 15 UTC, the area covered by clouds is very similar to
CS2324 (cf. Fig. 5.22(b) and Fig. 5.22(c)). Cloud formation in the model starts
spatially independent over the ocean and in the coastal area north of Walvis Bay
around 16 UTC. Departing from the other case studies the extension phase is two-
fold for CS2728. Between 15 and 18 UTC, FLCs start to extend onshore. This first
extension phase lasts until 21 UTC. Between 21 and 0 UTC, the FLC area over land
is almost constant. During that time shallow ground fog thickens which does not
impact on the area covered by clouds since ground fog is already included in the
cloudy area. Until 0 UTC, rather coherent and thick FLCs are simulated onshore.
The extension of FLCs continues after 0 UTC until approximately 2 UTC. During
that time, the FLCs spread slightly further eastward. The FLCs do not penetrate
eastwards as far as for CS1819 but wider than for CS2021 and CS2324 as can be

10Additional figures displaying ceilometer measurements for CS2021 are shown in the appendix.
11Supplementary figures of this subsection showing simulated and observed cloud cover can be

found in the appendix.
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seen from the land area covered by FLCs being smaller (larger) than for CS1819
(CS2021 and CS2324). Until 4 UTC, the land area covered by FLCs stays more
or less constant (cloud and fog phase), before the dissipation phase starts with the
decrease of the cloud covered land area. Until 12 UTC all the clouds over land
dissolve and the land area covered by FLCs reaches the baseline of the day before as
for CS1819 and CS2021. The cloud deck over the Atlantic Ocean thins and appears
more patchy as the decrease of the area covered by FLCs over the ocean shows.
The visual comparison of the model results to satellite images shows that the mo-
del underestimates the cloud cover over the ocean until 4 UTC, while the extent of
FLCs over land areas simulated by COSMO-FOG is in rather well agreement with
the satellite observation.
The investigated case studies confirm the general life cycle of FLCs, i.e. the cloud-
free phase, the extension phase, the cloud and fog phase and the dissipation phase,
which has been identified for CS1819.

5.3.3 Atmospheric conditions and processes influencing fog and
low stratiform clouds

The processes contributing to the formation of FLCs in the coastal area of Namibia
for the second to fourth test case are very similar to CS1819 (cf. Sec. 5.2.3). There-
fore, the following analysis will focus only on the differences between the second to
fourth test case and CS1819.

In the previous section it has been shown that the eastward inland extent of the
FLCs is smaller for CS2021 and CS2324 compared to CS1819. The atmospheric
conditions leading to these differences are analysed in the following.
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Figure 5.23: Vertical cross sections of temperature T [◦C ] for (a) 21 September
2017 at 3 UTC and (b) 24 September 2017 at 3 UTC from [23 ◦S,
11.5 ◦E] to [23 ◦S, 17.5 ◦E]. Brown areas mark the terrain height.

Figure 5.23 displays cross sections of the temperature field in the central Namib
at 23 ◦S on 21 and 24 September at 3 UTC. Air masses with a temperature up to
32 ◦C are located between 500 and 1500 m a.s.l. This is about 10 ◦C warmer than for
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CS181912. The higher temperature above 500 m compared to 19 September results
from the advection of warm air from the African continent with a northeasterly flow
(see Sec. 5.3.1). The warm air is further advected alongshore with the southeasterly
trade winds. The warm air masses stabilise the boundary layer and result in a strong
inversion at 500 m (CS2021) and 300 m (CS2324) a.s.l. The inversion is further en-
hanced by large-scale subsidence in the subtropical high-pressure belt, especially for
CS2324 where the influence of the high-pressure ridge at 500 hPa is stronger than for
CS2021. Inland, where the warm air intersects the terrain of the Great Escarpment,
COSMO-FOG simulates a strong surface-based inversion (cf. Fig. 5.24).
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Figure 5.24: Vertical profiles of (a, c) virtual potential temperature θv [◦C] and
(b, d) relative humidity [%] in Gobabeb at different times of CS2021
(top) and CS2324 (bottom). Horizontal dashed lines indicate the
layer where the cloud water content is larger than 0.01 g kg−1 for the
respective time. Brown areas mark the terrain height.

Figure 5.24 shows the profiles of the virtual potential temperature and relative
humidity for CS2021 and CS2324 at Gobabeb at approximately 15 ◦E where the
warm air intersects the terrain of the Great Escarpment. In the night from 20 to 21

12An additional figure showing a cross section for CS1819 is displayed in the appendix.
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September, a strong surface inversion with a temperature jump of more than 20 ◦C
across the first 200 m above the surface develops after the collapse of the roughly
300 m deep well-mixed boundary layer (cf. Fig. 5.24(a)). Until 20 UTC, the cooling
of the lowermost model level is due to longwave radiation of the ground, afterwards
cold air advection dominates the cooling. Between 400 and 800 m a.s.l., the virtual
potential temperature increases until 21 UTC due to large-scale subsidence which is
related to the intensifying high-pressure ridge at 500 hPa. Due to the cooling near
the surface, the relative humidity reaches saturation in the lowermost model layer
(cf. Fig. 5.24(b)). Until 0 UTC, the temperature decreases up to 700 m a.s.l. by
cold air advection which decreases the stability in the lowermost part of the atmos-
phere. In the following hours a flat well-mixed fog layer of 100 m depth develops.
The strong increase of temperature in the inversion layer results in a quick decrease
of relative humidity to less than 20 % above the boundary layer as can be seen in
the profiles of relative humidity (Fig. 5.24(b)).
On 23 September, the virtual potential temperature (around 38 ◦C) in the 200 m
deep well-mixed boundary layer is higher than for 20 September (around 33 ◦C),
while above the inversion layer the virtual potential temperature is with around
40 ◦C about equal in these two cases (cf. Fig. 5.24(a) and Fig. 5.24(c)). At daytime,
this results in a weaker inversion for CS2324. After sunset a strong near-surface
inversion develops with a temperature jump slightly less than 20 ◦C across the lower
200 m of the atmosphere above the ground. Close to the surface, the relative humi-
dity reaches no more than about 80 % (Fig. 5.24(d))
The stable stratification for CS2021 and CS2324 suppresses topographically forced
lifting for inland advection and, thus, hinders further extension of cool and moist
maritime air masses during night. Figure 5.25 shows the temperature and specific
humidity in the lowermost model level at 3 UTC for 21 and 24 September. The cool
maritime air is restricted to a small stripe along the coast and a sharp gradient in
near-surface temperature and specific humidity occurs where the top of the MBL
intersects with the terrain of the Great Escarpment (cf. Fig. 5.23). This sharp
gradient marks the boundary between the continental air and the maritime air at
the slope of the Great Escarpment where the cool maritime air is trapped below
the strong temperature inversion. For CS2021, the temperature is too high and the
specific humidity too low for fog to exist or form further east where, due to the
mountainous terrain, the lowest model layer is located higher than the trade wind
boundary layer height. For CS2324 the near-surface temperature is the limiting
factor for fog formation since specific humidity is still available from the advection
with a southwesterly wind during daytime.
So the shallow boundary layer with maritime air topped by a strong temperature
inversion results in the low cloud height and low cloud interception with the terrain
and explains the smaller horizontal extent of FLCs for CS2021 and CS2324. The
shallow MBL is caused by the advection of warm air masses from the continent and
by large-scale subsidence due to a high-pressure ridge. That way, the large-scale
circulation feeds back on the spatial patterns of FLCs in the Namib Desert.
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(a) (b)

(c) (d)

Figure 5.25: Spatial distribution of (a, c) temperature T [◦C] and (b, d) specific
humidity qv [g kg−1] in the lowest model layer at 3 UTC for 21 (top)
and 24 (bottom) September 2017. The location of the tendency pro-
files shown in Figure 5.26 is marked by a red x. The cross sections
shown in Figure 5.23 are indicated as dashed lines. Marked locations
are Coastal Met (green), Vogelfederberg (red) and Gobabeb (blue).

Another difference between CS2324 and CS1819 is the smaller extent of clouds and
the cloud formation in the second half of the night above the Atlantic Ocean for
CS2324. Due to the eastward shift of the surface high pressure and the resulting
northeasterly flow (see Sec. 5.3.1) warm air masses have been advected above the
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MBL. Large-scale subsidence further enhances the strong inversion. As a result, the
boundary layer is topped by a strong temperature inversion and even more shallow
as for CS2021. This inhibits cloud formation over the ocean because for CS2324 the
lifting condensation level over the Atlantic Ocean exceeds the height of the inversion
base, thus, preventing cloud formation over the ocean. In the second half of the
night, clouds start to form over ocean areas.
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Figure 5.26: Vertical profiles of (a, c) temperature (Ttend [K h−1]) and (b, d) spe-
cific humidity (qv

tend [g kg−1 h−1]) tendencies at 23.5 ◦S, 13.5 ◦E on 24
September 2017 at (a, b) 5 UTC and (c, d) 6:30 UTC; tot: total
tendency, adv: advection, turb: turbulent mixing, con: condensa-
tion/evaporation, rad: radiation. Shaded grey areas indicate where
the cloud water content is larger than 0.01 g kg−1.

Figure 5.26 depicts the tendencies of temperature and specific humidity at 5 and
6:30 UTC for a point over the Atlantic Ocean (see red crosses in Figure 5.25 (c, d))
in order to analyse what makes the atmosphere over the ocean favourable for cloud
formation. From around 1 UTC during night, colder and moister air masses are
advected with a southeasterly trade wind between 250 and 600 m height a.s.l. The
cold air advection destabilises the MBL and results in an increase of the boundary
layer height. This is further supported by the decrease of large-scale subsidence due
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to a weakening of the high-pressure ridge at 500 hPa. Due to the advection of cold
and moist air, a cloud forms at ∼ 380 m a.s.l. at 6:30 UTC.
Further north, the cold air advection starts already before 0 UTC with a north-
westerly wind and clouds form correspondingly earlier. This northwesterly wind
along the Namibian coast results from the relocation of the thermally induced sur-
face low-pressure system onto the Atlantic Ocean due to the advection of warm air
from the continent (see Sec. 5.3.1). At the eastern flank of the relocated surface
low-pressure system a northwesterly wind blows along the Namibian coast north of
Walvis Bay causing the cold air advection. So the cloud formation over the Atlantic
Ocean, which occurs for most parts in the second half of the night, results from
the advection of cool and moist air resulting from feedbacks with the large-scale
circulation. The northwesterly wind along the Namibian coast is another example
how the large-scale circulation feeds back on FLC patterns in the Namib region.

The case studies CS2021 and CS2324 reveal important processes for the occurrence
and evolution of FLCs in the Namib Desert. The advection of warm continental
air masses with an easterly wind due to an eastward shift of a surface high-pressure
maximum causes lower cloud heights or even hinders the onshore movement of FLCs.
The influence of high-pressure ridges and related large-scale subsidence enhances
these effects. In cases where the heat maximum is advected to the Namibian coast
and the thermally induced low surface pressure is relocated onto the Atlantic Ocean,
a northwesterly wind at its eastern flank causes the onshore advection of maritime
air masses which is important for FLC formation.

Figure 5.27: Spatial distribution of relative humidity RH [%] in the model layer
where relative humidity is at its maximum on 27 September 2017
at 21 UTC. The maximum is determined between the surface and a
height of 2500 m a.s.l. The dashed ellipse marks the region where the
model misses the observed clouds.
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For CS2728, the model simulation temporarily underestimates the low cloud cover
over the ocean, e.g. at 21 UTC (see previous section). Figure 5.27 displays the
maximum relative humidity in each grid column. FLCs can only form, where the
relative humidity exceeds 100 %. Figure 5.27 reveals that the areas, where the mo-
del misses the observed clouds (dashed ellipse), have a relative humidity larger than
90 %, often even larger than 95 %. To answer the question, why in the simulation
the relative humidity does not reach the 100 % required for cloud formation, the
dew point spread is analysed. The dew point spread is the difference between tem-
perature and dew point temperature. A larger (smaller) dew point spread means
smaller (larger) relative humidity, respectively. If the dew point spread is equal to
zero, saturation is reached and relative humidity is equal to 100 %.

(a) (b)

Figure 5.28: Spatial distribution of (a) dew point spread [◦C] and (b) difference
between specific humidity qv and specific humidity at saturation qv

sat

[g kg−1] on 27 September 2017 at 21 UTC in the model layer where
relative humidity is at its maximum (see Fig. 5.27). The dashed ellipse
marks the region where the model misses the observed clouds.

Figure 5.28 (a) shows a map of the dew point spread in the layer where the relative
humidity is maximal. The dew point spread is between 0.5 and 1.5 ◦C for the large
areas along the Namibian coast where the model misses the clouds observed in the
satellite retrieval. The difference of specific humidity and specific humidity at satu-
ration for the actual temperature, shown in Figure 5.28 (b), reveals that the specific
humidity is too low by 0–1 g kg−1 for clouds. Already a small change of temperature
or specific humidity would lead to the required cloud cover.
Small temperature or specific humidity changes can be easily obtained in the model
by initialisation, dynamic processes, or parametrisations, and the feedbacks among
all of them decide if a cloud forms or not. This example highlights the difficulties in
modelling clouds. A wrongly simulated cloud cover can have large feedback effects.
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Stratiform clouds reflect incoming downward solar radiation efficiently and play a
major role in the global energy budget. In a region where baroclinicity is weak and
for most part given by thermal contrasts, e.g. land-sea contrast, a wrongly simulated
cloud cover can also impact on the circulation.

5.4 Evaluation of model simulations with observations

The simulated spatial and temporal patterns of FLCs have already been shown to
agree quite well with satellite images. The horizontal extent of FLCs is temporarily
underestimated if warm continental air masses are advected to the Namibian coast
with an easterly wind.
To further check, if the atmospheric conditions are simulated correctly by COSMO-
FOG, a comparison to measurements at ground-based FogNet stations is performed
in the following. Due to the scarcity of the observational data this is not an objective
model evaluation, but for the case studies analysed in this thesis it provides the best
way for evaluation.
The 2 m temperature and relative humidity are compared to measurements at FogNet
stations. The root mean square error (RMSE) and the correlation coefficient (R2) are
calculated. The FogNet station in Gobabeb is equipped with a CS215 Temperature
and Relative Humidity Probe13 measuring air temperature and relative humidity
(Spirig et al., 2019). This device has an accuracy of ±0.9 ◦C for temperature and
±4 % for relative humidity (Campbell Scientific, 2018). In the absence of measure-
ment accuracies for the other FogNet stations, it is assumed that the accuracies for
the station in Gobabeb also apply to the other stations.
The measurement data available every minute is averaged to the model output fre-
quency of 15 minutes. To obtain representative simulation results accounting for
the effective model resolution of about 5 to 7Δx (Skamarock, 2004), model results
are averaged over a square with the grid box containing the station measurement in
the centre and its three neighbours at each side thus yielding 7 x 7 grid points. This
corresponds to an edge length of ∼ 19.6 km for Δx� 2.8 km.

On 18 and 19 September the 2m temperature is simulated realistically (RMSE=
1.65 ◦C, R2=0.94), so COSMO-FOG captures the spatial distribution of near-surface
temperature in the central Namib Desert reasonably well. As an example, Fig-
ure 5.29 displays observed and simulated 2m temperature at a coastal station
(Coastal Met (a)) and two inland stations (Gobabeb (b) and Vogelfederberg (c))
for 18 and 19 September. The simulated 2 m temperature is widely in the error
range of the observations. In Coastal Met the daytime maximum temperature is
underestimated due to a wrongly simulated cloud blocking incoming solar radiation.
In Gobabeb and Vogelfederberg, the maximum temperature is well captured, but
slightly too early. The observations at the FogNet stations Gobabeb and Vogelfeder-
berg in Figure 5.29 (b) and (c) confirm the simulated cooling by about 10 ◦C between
15 and 18 UTC near the surface. The minimum temperature of ∼ 10 ◦C is met by
the model simulation in Coastal Met and Gobabeb.

13Temperature and relative humidity probe CS215, Campbell Scientific
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(c) Vogelfederberg

Figure 5.29: Time series of observed (black) and simulated (red) 2 m temperature
[◦C] at (a) a coastal and (b, c) two inland stations for CS1819. The
shaded bands represent the standard deviation of the simulation val-
ues over the averaging area. Error bars represent accuracies of the
observations.

The near-constant temperature evolution during night is in well accordance with
the FogNet observations of 2m temperature for Coastal Met and Gobabeb. A light
warm bias arises, since the model simulates fog earlier than observed at some sta-
tions and longwave radiative cooling is blocked by FLCs, e.g. in Vogelfederberg the
nighttime temperature minimum is overestimated by COSMO-FOG.
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(c) Vogelfederberg

Figure 5.30: As Figure 5.29, but for observed (black) and simulated (blue) 2m
relative humidity [%].

The temporal evolution of near-surface relative humidity (Fig. 5.30) reveals that the
simulated relative humidity is in rather well agreement with the FogNet observa-
tions, especially between 17 and 3 UTC, i.e. in the phase where clouds and fog form
and occur. In Gobabeb the timing of fog occurrence is well captured by the model
(Fig. 5.30 (b)) while in Coastal Met (Fig. 5.30 (a)) and Vogelfederberg (Fig. 5.30
(c)) the decrease of relative humidity starts earlier in the model compared to the
observation resulting in an underestimation of near-surface relative humidity by the
model in the morning. In the afternoon the model overestimates the relative humi-
dity causing a rather large RMSE for relative humidity (RMSE=9.35 %, R2=0.93).
In accordance with the observations, the simulated near-surface relative humidity is
approximately 30 % higher closer to the coast than inland in the afternoon.
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The simulation of the fog event and the meteorological conditions and, thus, the
underlying processes, appear reasonable for 18 and 19 September.
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(c) Vogelfederberg

(d) Gobabeb
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(e) Gobabeb
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(f) Vogelfederberg

Figure 5.31: Time series of (a) mean error of 2 m temperature [◦C] at all FogNet
stations, (b, c) observed (black) and simulated (red) 2 m tempera-
ture [◦C] at two inland stations, (d) observed (black) and simulated
(red) surface temperature [◦C] at an inland station, (e, f) observed
(black) and simulated (blue) wind direction [◦] at two inland stations
for CS2021. The shaded bands (and error bars for wind direction)
represent the standard deviation of the simulation values over the
averaging area. Error bars represent accuracies of the observations.

In contrast to CS1819, the simulated 2 m temperature deviates from the observations
for CS2021 (RMSE=3.78 ◦C, R2=0.83) and CS2324 (RMSE=3.29 ◦C, R2=0.87). For
CS2021, the 2 m temperature fits well to the observations for coastal stations with
a bias around 2 ◦C (blue lines in Fig. 5.31 (a)) but is largely overestimated at in-
land stations (orange and red lines in Fig. 5.31 (a)). The large warm bias at inland
stations in the first 10 hours of the simulation period causes the large RMSE for
CS2021. At most inland stations the warm bias in the first ten hours is around
5 ◦C (Fig. 5.31 (a)). At the location of some inland stations the model is initialised
warm biased by ∼ 8–18 ◦C (see Fig. 5.31 (a) and examples in Fig. 5.31 (b) and (c)).
The overestimated 2 m temperature from the beginning of the simulation on results
very likely from an overestimation of the surface temperature14 (measurements only
available in Gobabeb, see Fig. 5.31 (d)). Due to the warmer surface, the marine air
advected inland is heated more strongly by heat fluxes from the surface.

14Infra-red Remote Temperature Sensor IR120, Campbell Scientific, accuracy ±0.2 ◦C (Campbell
Scientific, 2019)
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A sensitivity simulation initialised 24 hours earlier (at 19 September 2017, 12 UTC)
develops equally large errors as the simulation initialised at 20 September, 12 UTC
although started with a very small error (not shown). It is most likely that COSMO-
FOG overestimates the advection of warm air with a northeasterly wind causing the
higher simulated surface and 2 m temperature.
During night, COSMO-FOG simulates a southerly to easterly surface wind while
a northwesterly wind direction15 has been observed (see examples in Fig. 5.31 (e)
and (f)). As a result, the model misses the maritime influence in the first half of
the night. The large spatial variability of the simulated wind direction (large error
bars) results from the weak pressure gradients at night, so the wind direction is
strongly dominated by local effects. It seems, that the zone with thermally induced
low surface pressure causing a northwesterly wind at its eastern flank is not correctly
simulated. When the northwesterly wind direction is correctly simulated from ap-
proximately 21 UTC on, the bias of the 2 m temperature subsequently decreases at
all stations except for the easternmost (Fig. 5.31 (a)). The observed southeasterly
wind in Gobabeb between 3 and 6 UTC blows parallel to the valley of the Kuiseb
river and, thus, can be due to local effects.
In order to exclude that a too small model domain is the cause for the misrepre-
sentation of the circulations, a sensitivity simulation was performed with a domain
ranging from 15 to 35 ◦S and 5 to 40 ◦E covering a region of 2 240×3 920 km2. This
simulation does not improve the results. So the choice of the model domain is not
responsible for the wrong wind direction and the large bias.
In the morning of 21 September 2017, a cold bias occurs at most inland stations. The
model simulates wind from westerly directions advecting cool maritime air masses,
while an easterly land breeze is observed after sunrise advecting warm air which
causes a peak of 2 m temperature at some stations until the westerly sea breeze sets
in and results in cooling (see e.g. Fig. 5.31 (c)). The model misses the easterly wind
and warm air advection resulting in the temperature difference. On 21 September,
the temperature fits again well with the observations from 9 UTC on and the bias
is around 2 ◦C for most of the stations.
Despite the large temperature bias, a fog event is simulated for the FogNet station
in Gobabeb (Fig. 5.32 (a)). Although the temperature is overestimated by up to
7 ◦C at the beginning of the night, the relative humidity is in quite well accordance
with the observations during the night. This is most likely caused by an overesti-
mation of specific humidity by the model. A comparison of specific humidity to the
FogNet measurements is not possible in Gobabeb since no pressure measurements
are available in Gobabeb to calculate specific humidity from relative humidity. In
contrast, no fog is simulated at the FogNet station in Vogelfederberg (Fig. 5.32 (b)),
where the relative humidity is underestimated by up to 30 % during night (Fig. 5.32
(c)). Overall, the simulated relative humidity is slightly worse represented than for
CS1819 (RMSE=9.94 %, R2=0.88).

For 20 and 21 September, the 2 m temperature is not simulated realistically at
inland stations, partly leading to missing fog in the model simulation.

15Wind Monitor, R.M. Young, Campbell Scientific, accuracy ±3◦(Campbell Scientific, 2012)
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(a) Gobabeb
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(b) Vogelfederberg
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(c) Gobabeb and Vogelfederberg

Figure 5.32: Time series of observed (black) and simulated (blue) 2 m relative hu-
midity [%] in (a) Gobabeb and (b) Vogelfederberg, (c) mean error of
2 m relative humidity [%] in Gobabeb (FNGB) and Vogelfederberg
(FNVF) for CS2021. The shaded bands represent the standard de-
viation of the simulation values over the averaging area. Error bars
represent accuracies of the observations.

On 23 September COSMO-FOG simulates the 2 m temperature quite realistic at the
coastal stations (see example in Fig. 5.33 (a)). On 24 September the daytime maxi-
mum temperature is underestimated by COSMO-FOG due to a wrongly simulated
cloud along the coastline.
For 23 September, the daytime temperature is simulated rather well at the inland
stations until 18 UTC (see examples in Fig. 5.33 (b) and (c)). The above mentioned
large RMSE for this case study is caused by a warm bias of more than 5 ◦C at all
inland stations during night (orange and red lines in Fig. 5.33 (d)). This is due to
underrepresented cooling after sunset in the model simulation.
The overestimation of temperature during night results likely from a wrongly simula-
ted wind direction. The model simulates an easterly land breeze during night, while
from 18 and 21 UTC on, respectively, a northwesterly wind was observed (Fig. 5.33
(e) and (f)). The northwesterly wind at the eastern flank of the surface low pressure
is not at all simulated by COSMO-FOG for the inland stations. As a result, the
model misses the maritime influence. This can be further enhanced by an underes-
timation of the MBL height due to large-scale subsidence under the influence of the
high-pressure ridge at the 500 hPa level.
The overestimation of the near-surface temperature at inland stations during night
causes a strong underestimation of relative humidity, e.g. in Vogelfederberg where
the observed fog event is not reproduced by COSMO-FOG (not shown). The
underestimation during night at inland stations causes a larger deviation and a
smaller correlation between observed and simulated relative humidity for CS2324
(RMSE=11.58, R2=0.85). This results in the underestimation of the fog extent
above land areas.
Although the model does not simulate the atmospheric conditions and the fog event
correctly for 20 and 23 September, these simulations have revealed important pro-
cesses for the occurrence and evolution of FLCs in the Namib Desert. The advection
of warm continental air masses with an easterly wind due to an eastward shift of
a surface high-pressure maximum causes lower cloud heights or even hinders the
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onshore movement of FLCs. If the heat maximum is advected to the Namibian
coast and the thermally induced low surface pressure is relocated onto the Atlantic
Ocean, a northwesterly wind at its eastern flank supports the onshore advection of
maritime air masses supporting FLC formation.
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(b) Gobabeb
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(c) Vogelfederberg
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(d) all FogNet stations
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(e) Gobabeb
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(f) Vogelfederberg

Figure 5.33: Time series of observed (black) and simulated (red) 2 m temperature
[◦C] at (a) a coastal and (b, c) two inland stations, (d) mean er-
ror of 2 m temperature [◦C] at all FogNet stations, (e, f) observed
(black) and simulated (blue) wind direction [◦] at two inland stations
for CS2324. The shaded bands (and error bars for wind direction)
represent the standard deviation of the simulation values over the
averaging area. Error bars represent accuracies of the observations.

On 27 September 2017 the 2 m temperature agrees rather well with the observa-
tions (RMSE=2.11, R2=0.95). As for 18 September 2017, the model captures the
near-surface temperature evolution very well at the coastal station except for an
underestimation of the daytime maximum at 28 September 2017 (Fig. 5.34 (a)).
At inland stations the simulated near-surface temperature matches the observation
well until the simulated cooling stops around 19 UTC which is some hours earlier
than observed (see examples in Fig. 5.34 (b) and (c)). As a result the nighttime
temperature is overestimated. The overestimation of the near-surface temperature
during night is caused by the formation of the first fog two to three hours earlier than
observed. Inspection of the relative humidity reveals that the end of the cooling at
the inland stations coincides with the relative humidity reaching 100 % and thus the
occurrence of fog some hours earlier than observed (cf. Fig. 5.35 (b) and (c)). That
way, the cooling of the ground by longwave radiation is reduced or even completely
inhibited resulting in the 2m temperature bias.
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(b) Gobabeb
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(c) Vogelfederberg

Figure 5.34: Time series of observed (black) and simulated (red) 2 m temperature
[◦C] at (a) a coastal and (b, c) two inland stations for CS2728. The
shaded bands represent the standard deviation of the simulation val-
ues over the averaging area. Error bars represent accuracies of the
observations.

At Coastal Met the simulated relative humidity fits quite well to the observation for
the night between 27 and 28 September (Fig. 5.35 (a)). At the inland stations the
model captures the temporal evolution of relative humidity but shifted by approxi-
mately one to three hours (Fig. 5.35 (b) and (c)). This results in an overestimation
of the relative humidity and fog formation earlier than observed causing the afore-
mentioned temperature bias. The temporal shift and overestimation of the relative
humidity also feeds back on the RMSE for relative humidity which is larger than
for all other case studies (RMSE=14.81). Nevertheless, the observed and simulated
relative humidity are quite well correlated (R2=0.92). In Gobabeb the simulated
relative humidity is equal to 100 % departing from the observation staying slightly
below 100 %.
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(b) Gobabeb
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(c) Vogelfederberg

Figure 5.35: As Figure 5.34, but for observed (black) and simulated (blue) 2m
relative humidity [%].

The analysis of the case studies has revealed the importance of the inversion height
and strength for spatial fog and low cloud patterns. To estimate if the inversion
is reasonably represented in the model simulations, simulated temperature profiles
are compared to manually operated profile measurements. At the site in Gobabeb,
a Graw radiosonde is used (TBS) and in Vogelfederberg the measurement device is
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self-constructed (UAV, Spirig et al. (2019), cf. Sec. 5.1). The Graw radiosonde has
an accuracy of ±0.2 ◦C for temperature and ±0.3 hPa for pressure (GRAW Radioson-
des, 2018). It is assumed that these accuracies also apply to the self-constructed
device.
For the profile measurements data are available for the ascent and the descent. These
measurements differ frequently. This can either be due to memory effects of the de-
vices or the time passed between ascent and descent. In order to get representative
data for the comparison with the model simulation the data from ascent and descent
are averaged.
The model data have to be chosen representative and fitting to the measurements.
In the time taken for an ascent and a descent several model outputs are available. To
get a value representative for the time span of the measurements the model output
is averaged over the time slot taken for ascent and descent. The model output is also
averaged spatially over 7×7 grid points to account for the effective model resolution.
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(a) Gobabeb
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(b) Vogelfederberg

Figure 5.36: Vertical profiles of mean error (ME, bias) of the potential temperature
for (a) Gobabeb and (b) Vogelfederberg for the analysed case studies.
Brown areas mark the terrain height.

Figure 5.36 displays the mean error of potential temperature averaged over all time
slots with available observations for each case study. As expected from the results for
near-surface temperature, the bias of potential temperature (around 6 ◦C) is smaller
for 18 September and 27 September than for the remaining two case studies with a
bias larger than 10 ◦C (up to 18 ◦C). For all case studies the largest deviations occur
between 600 and 900 m a.s.l.
In order to get an idea how these errors arise, some examples of profiles of potential
temperature are displayed in Figure 5.37.
On 18 September at 21 UTC, COSMO-FOG simulates a ground-based inversion
which has not been observed (Fig. 5.37 (a)). In contrast to the model, the TBS
sounding shows a 200 m deep well-mixed layer already at 21 UTC. Close to the
ground the potential temperature of the sounding is well captured by the model
which is in agreement with the FogNet station comparison. The simulated potential
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temperature increases too strongly causing a difference between model and obser-
vation of approximately 5 ◦C. Around 1200 m the simulated and observed potential
temperature converge again. In the fog layer at 4 UTC, the potential temperature
simulated with COSMO-FOG fits very well to the TBS sounding. But the verti-
cal extent of the fog layer is underrepresented in the model simulation. Especially
between 600 and 900 m a.s.l. the model simulation overestimates the potential tem-
perature by up to 10 ◦C. However, the shape of the observed potential temperature
profile (as far as available) is represented rather well by COSMO-FOG.
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(a) CS1819, Gobabeb
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(b) CS2021, Gobabeb
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(c) CS2324, Gobabeb
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(d) CS2324, Vogelfederberg

Figure 5.37: Vertical profiles of simulated (lines with crosses) and observed (dots)
potential temperature θ [◦C] at different times for (a) CS1819, (b)
CS2021, (c) and (d) CS2324 in (a–c) Gobabeb and (d) Vogelfeder-
berg. The shaded bands represent the standard deviation of the si-
mulation values over the averaging area. For observations, shaded
bands represent errors obtained from error propagation. Brown areas
mark the terrain height.

So on 18 September 2017 the differences between model simulation and observations
are caused by a stronger inversion in the model simulation. The overestimation of
the potential temperature by the model results in an underestimation of relative



122

humidity by up to 30 % (not shown).

For CS2021 and CS2324, COSMO-FOG simulates a strong surface inversion at night,
which is not confirmed by the observations in Gobabeb. For CS2021, a roughly 150 m
deep well-mixed layer was observed during the night (from 21 to 3 UTC) with an
elevated mixed layer above (Fig. 5.37 (b)). Neither the elevated mixed layer nor
the well-mixed layer close to the surface are captured by the model wich simulates
a strong surface inversion. This leads to a strong overestimation of the potential
temperature by ∼ 20 ◦C by COSMO-FOG. In the morning, the simulated strong in-
version is in better accordance with the observation due to a decrease of the height
of the observed well-mixed layer to less than 500 m a.s.l. Above 500 m a.s.l., the
model still overestimates the potential temperature by more than 5 ◦C.

On 23 September, the observations show a surface inversion at 21 UTC in Gobabeb,
but COSMO-FOG strongly overestimates the strength of the inversion (Fig. 5.37
(c)). At 21 UTC, a potential temperature jump of 20 ◦C between 400 and 800 m
a.s.l. was observed, while the model simulates a similar potential temperature jump
between 400 and 600 m a.s.l. Afterwards, the formation of a ∼ 350 m deep well-
mixed fog layer was observed which is completely missed by the model simulation.
In Vogelfederberg, the potential temperature simulated by COSMO-FOG fits bet-
ter to the observations although the surface inversion forms too early in the model
simulation. At 18 UTC the simulated temperature deviates by less than 5 ◦C from
the observation close to the surface (Fig. 5.37 (d)). The model misses a less than
100 m deep well-mixed layer causing a temperature difference between model and
observation of 5–10 ◦C. Around 800 m a.s.l. the simulated and observed tempera-
ture converge again. At 21 UTC, the model simulates a surface inversion which was
observed. The deviation of the model simulation from the observation is smaller
than 5 ◦C, especially between 600 and 800 m and above 1200 m. The differences of
model errors between Gobabeb and Vogelfederberg show that the model quality is
also influenced by regional effects.

In summary, the evaluation of the model simulations with ground-based observa-
tions shows that COSMO-FOG simulates the atmospheric conditions well at coastal
stations. At inland stations COSMO-FOG predicts the atmospheric conditions quite
well, but the model experiences some difficulties dependent on synoptic patterns.
The situations with an advection of continental air masses seem difficult to predict
for the model, because these situations are dependent on the exact position of the
low surface pressure. If the low surface pressure minimum is slightly differently
located, this results in a completely different wind direction. This impacts on the
temperature and relative humidity and, thus, FLC occurrence. Also the height of
the inversion capping the MBL might impact on the model results at inland sta-
tions. If the height of the MBL in the model simulation is lower than observed this
causes higher temperatures at inland stations. The dominating processes control-
ling the height of the inversion layer are turbulent mixing in the boundary layer and
subsidence in the lower troposphere. Stronger mixing increases the height of the
boundary layer and rises the inversion. Large-scale subsidence over low SSTs cre-
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ates a shallow MBL capped by a strong temperature inversion. This above analysis
shows, that the model deficiencies result mainly from the dynamical and not the
microphysical representation in the model. The dynamical core (advection) as well
as the turbulent mixing likely exhibit the largest impact on the analysed deficiencies
in the model simulation. A further investigation of these deficiencies is beyond the
scope of this study.
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6 Conclusion and Outlook

6.1 Summary and concluding remarks

The Namib Desert located at the southern west coast of the African continent in
the proximity of the cold Benguela current is a typical coastal desert. Scarce pre-
cipitation makes the Namib Desert one of the driest places on earth. Fog occurs
regularly along the coast. Water input by fog often exceeds rainfall and thus fog
water deposition is a major source of water for the ecosystem and could be a sup-
plementary source of water for human settlements. Little is still known about the
processes which control the formation and spatio-temporal patterns of fog and low
stratiform clouds (FLCs) in the Namib Desert, despite their importance.
By means of numerical simulations, this study investigates spatial patterns and di-
urnal variations of FLCs as well as the processes which control these variations in
the hyper-arid Namib Desert. In the present thesis, the following scientific questions
have been answered:

Q1 Is the three-dimensional fog model COSMO-FOG able to reasonably simulate
the time evolution of the cloud-topped marine boundary layer?

Q2 What are the temporal and spatial patterns of coastal fog occurrence in the
Namib region?

Q3 What are typical life cycle phases of Namib region fog?

Q4 What factors determine the development, persistence and properties of the fog?

For this purpose, the two-moment microphysical parametrisation of the one-dimen-
sional fog and boundary layer model PAFOG has been implemented into the nu-
merical weather prediction model COSMO including the Modular Earth Submodel
System, forming the three-dimensional fog model COSMO-FOG. The one-moment
bulk microphysical parametrisation scheme of COSMO has been replaced by the
microphysics scheme from PAFOG below 2000 m. Above 2000 m, the microphysical
parametrisation of the COSMO model remained unchanged. Additionally, a visi-
bility parametrisation based on the prognostic variables cloud water content and
droplet number concentration has been implemented into COSMO.
The model behaviour of COSMO-FOG has been investigated in a highly idealised
environment for a horizontally homogeneous marine stratus to check if the three-
dimensional fog model is able to reasonably well simulate the time evolution of the
cloud-topped MBL (scientific question Q1). A sensitivity study for both microphy-
sical parametrisation schemes (standard COSMO model and COSMO-FOG) and
different vertical model grids has been performed.
This sensitivity study revealed that COSMO-FOG yields more realistic cloud water
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contents for the marine stratus compared to the COSMO model which produces an
unrealistically high cloud water content. Additional sinks for cloud water by gravi-
tational settling and autoconversion in the simulations with COSMO-FOG reduced
the cloud water content, thus, highlighting the importance of these processes for
realistic cloud simulations. This finding is in agreement with a previous study by
Boutle et al. (2022).
The sensitivity simulations with different vertical grids have shown that a fine verti-
cal grid is necessary to resolve sharp gradients of e.g. temperature, specific humidity,
and cloud water content at cloud top. Especially the radiative cooling at cloud top
is not reasonably well represented in the simulations using a vertical grid typical
of meso-scale models. A vertical grid has been defined which combines an as accu-
rate as possible representation of the important features of the cloud-topped MBL
with computational efficiency and starts with a grid spacing typical of meso-scale
models for the lowest layer above the surface. This vertical discretisation improves
the representation of radiative cooling at cloud top. A fine tuning of the turbulent
diffusion coefficients in the turbulence parametrisation further improves the model
results for the marine stratus by maintaining the strong gradients across the in-
version layer. With the resulting model configuration, COSMO-FOG is capable of
reasonably well simulating the diurnal evolution and processes in the cloud-topped
MBL. This configuration is used for real case applications in the Namib region.

In order to investigate the spatio-temporal patterns, diurnal life cycle phases and
contributing atmospheric processes of FLCs in the Namib Desert, individual case
studies in the austral spring season in September 2017 have been simulated with
COSMO-FOG for a model domain located around the central Namib Desert.
The analysis of the case studies revealed spatial and temporal patterns of FLCs
which allow to distinguish life cycle phases of FLCs in the Namib region (scientific
questions Q2 and Q3). During daytime, low stratiform clouds are mostly confined
to the Atlantic Ocean. In this cloud-free phase cloud coverage above land is almost
constant at its minimum. In the extension phase starting around sunset, the clouds
extend eastward in a front-like structure almost parallel to the coastline inducing an
increase of cloud area coverage above land areas. When the clouds intercept with
the ascending terrain of the Great Escarpment at some distance from the coast,
fog forms. In the cloud and fog phase the cloud coverage is at its maximum and
nearly constant. When the fog thins and lifts from the ground the next morning,
the dissipation phase starts. In the following hours during the dissipation phase, the
stratiform clouds dissolve resulting in a decreasing cloud covered area. Occasionally,
a narrow stripe of clouds persists along the coast during the day. After the dissipa-
tion of FLCs over land areas the life cycle starts again.
In order to estimate the quality of the model simulation with respect to the spatial
distribution of clouds, the simulated cloud cover has been visually compared to RGB
composites combined with ground measurements of fog occurrence. For most of the
case studies, the horizontal extension of FLCs is in rather well accordance with the
satellite observations. For one case study, COSMO-FOG strongly underestimates
the cloud cover above ocean areas at times during night, while the extent of FLCs
above land areas simulated by COSMO-FOG matches quite well with the satellite
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observation. The cloud layer above the ocean did not form in the model due to small
deviations from saturation. This highlights the difficulty in modelling clouds.
The spatial patterns and temporal evolution of FLCs simulated by the model above
land areas are consistent with satellite observations of the exact dates. Although
the dataset of four case studies is small, the consistency with longer term satellite
retrievals indicates that the spatio-temporal patterns simulated with COSMO-FOG
are typical for the Namib region.

In order to get insights into the processes contributing to the FLC patterns in
the various life cycle phases (scientific question Q4), the temperature and specific
humidity budget was analysed using the MESSy submodel TENDENCY.
In the cloud-free phase, thermally and topographically induced wind systems advect
cool and moist air onshore resulting in a front-like boundary in temperature and
specific humidity at some distance from the coast. Sensible heat fluxes from the
surface and turbulent mixing counter the cold air advection thus preventing clouds
to proceed eastwards.
In the extension phase, the sensible heat flux and turbulent mixing decrease around
sunset, so cooling by advection is no longer compensated resulting in a strong cool-
ing of the PBL around sunset. This cooling makes the atmosphere favourable for fog
and cloud formation enabling their onshore progression. The analysis of the contri-
butions of temperature and specific humidity to relative humidity changes revealed
that the increase of relative humidity before the onset of fog or low clouds is mostly
caused by cooling while the specific humidity changes play a minor role.
In the cloud and fog phase, the FLCs grow vertically by longwave radiative cooling
and the advection of cold air at cloud top. This vertical growth supports slightly
further eastward extension above land areas.
In the dissipation phase, the absorption of solar radiation warms the land surface
leading to an increase of the sensible heat flux. The resulting warming causes evapo-
ration at the bottom of the fog layer. Due to the evaporation, the fog and cloud layer
becomes increasingly transparent for solar radiation, thus, enhancing the heating of
the ground and fog dissipation. That way the fog lifts from the ground. Advection
of warm air with an easterly wind from the interior of Namibia contributes to fog
and cloud dissipation.
The spatial and temporal patterns of FLCs are further modified by large-scale synop-
tic patterns. Due to an eastward shift of a surface high-pressure maximum, warm
continental air masses are advected towards the Namibian coast with an easterly
wind. This results in a shallow MBL capped by a strong inversion and, thus, lower
cloud height. The strong inversion suppresses topographically forced lifting for in-
land advection and, thus, hinders the onshore movement of FLCs. For the case
studies with an advection of warm continental air masses towards the Namibian
coast, the extent of FLCs is smaller. In extreme, even cloud formation above the
Atlantic Ocean is inhibited, if the inversion layer above the ocean is located be-
low the lifting condensation level. The influence of high-pressure ridges and related
large-scale subsidence enhances these effects.
If the heat maximum is advected to the Namibian coast and the thermally induced
low surface pressure is relocated onto the Atlantic Ocean, a northwesterly wind at
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its eastern flank supports the onshore advection of maritime air masses supporting
FLC formation.

Finally the simulation results obtained with COSMO-FOG have been compared
to ground-based measurements performed in the central Namib Desert. The eva-
luation of the model simulations with ground-based observations has shown that
COSMO-FOG simulates the atmospheric conditions quite well. At inland stations
COSMO-FOG exhibits some weaknesses for the weather situations with advection
of continental air masses where the temperature is overestimated causing an un-
derestimation of the FLC extent. The correct simulation of FLCs in these weather
situations depends on a fine balance between the position of the thermally induced
low surface pressure, large-scale subsidence and turbulence in the MBL. The inclu-
sion of the PAFOG microphysics improves the microphysical representation of the
FLCs, but can not compensate other deficiencies in the model. Since other physical
parametrisations than the microphysical parametrisation are tuned with the stan-
dard microphysical scheme of COSMO, this is a notable result. Improving these
deficiencies is an important next step on the way to a reliable FLC prediction. Al-
though the model did not simulate the atmospheric conditions and the fog events
correctly for the case studies with an advection of continental air masses, these si-
mulations revealed important processes for the occurrence and evolution of FLCs in
the Namib Desert.

The findings of this study for the processes contributing to the development, persis-
tence and properties of the fog demonstrated the importance of advection processes
which is in agreement with many previous studies (e.g. Andersen and Cermak, 2018;
Andersen et al., 2019, 2020; Lancaster et al., 1984; Olivier, 1992, 1995; Spirig et al.,
2019; Taljaard, 1979). Especially in the extension phase and in the cloud and fog
phase, the advection of cold and moist air masses is decisive for the occurrence and
persistence of fog. These findings oppose the hypothesis for the occurrence of radi-
ation fog (Kaseke et al., 2017).

The application of COSMO-FOG in this study presented new insights into the
processes controlling fog occurrence and its spatial and temporal patterns in the
Namib region. Key factors influencing the onshore movement of low clouds that
intercept higher elevation terrain could be simulated and identified with COSMO-
FOG. Increasing the knowledge about these processes involved in the fog formation
is of crucial importance for future water resources in the Namib Desert. Montecinos
et al. (2018) reported that no fog water was collected if the cloud water content
was below 0.045 g m−3. The cloud water content in the fog simulated with COSMO-
FOG would be sufficient for fog water harvesting. However, further factors like wind
speed, duration of fog events, orientation of the mesh relative to fog movement, and
the properties of the mesh influence water yields (Eckardt et al., 2013; Montecinos
et al., 2018).
The regions most suitable to establish fog water harvesting are those locations where
low stratiform clouds intersect with ascending terrain (called landfall regions in the
following). These locations are determined by the cloud base and the cloud top
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height and the terrain height. The cloud base height determines the westernmost
location of landfall while the cloud top height decides how far the fog reaches east-
wards onshore. The cloud top height is in turn dependent on the height and strength
of the inversion and the cloud base height depends on the lifting condensation level.
Previous studies based on satellite and ground-based observations revealed, that the
regions of frequent ground fog occurrence vary considerably (Andersen et al., 2019;
Spirig et al., 2019). Andersen et al. (2019) found seasonal patterns in cloud base
altitude with lower cloud base height between April and June shifting the landfall
region closer to the coast. A recommendation of regions favourable for fog formation
and thus suitable for water harvesting would require long-term model simulations
over several years combined with observations which is beyond the scope of the
present project.

6.2 Outlook

In the investigated case studies, COSMO-FOG yielded promising results for the
analysis of regional FLC occurrence and controlling processes in the Namib region.
However, there is room for model improvements to produce even more realistic re-
sults.
Future model development could be directed towards the microphysical parametri-
sation. Up to now, the drizzle parametrisation in COSMO-FOG is a bulk parametri-
sation with assumptions for the drizzle radius and the condensation and evaporation
process. The drizzle parametrisation could be extended to a two-moment scheme
assuming a droplet size distribution for drizzle and treating the drizzle drop con-
centration as a prognostic variable. This would improve the parametrisation of the
condensation/evaporation process for drizzle since it could be formulated based on
the change of the drop number concentration and mean drizzle diameter, so smaller
drizzle drops could evaporate first.
The effect of autoconversion on the cloud droplet number concentration is not yet ac-
counted for. Including autoconversion as a sink for the cloud droplets which becomes
larger with increasing size of drizzle drops could yield a more realistic treatment of
cloud processes.
For the activation of cloud droplets a temporally and spatially constant number con-
centration of dry aerosol as cloud condensation nuclei is assumed. This is a strong
assumption since the number concentration of dry aerosol varies between ocean and
continental regions and is transported with local and large-scale circulations. For
three-dimensional applications, a prognostic treatment of dry aerosol would improve
the activation process. This would also allow to consider the effect of activation on
dry aerosol. The concentration of dry aerosol particles is important because it influ-
ences processes and properties of stratiform clouds. A higher aerosol concentration
favours more and smaller cloud droplets yielding higher albedo, more evaporation,
less drizzle and less sedimentation due to a decreased droplet radius.
Further improving the microphysical scheme by a two-moment drizzle parametrisa-
tion and prognostic aerosol is important e.g. to analyse the life cycle of microphysical
properties like droplet number concentration and cloud or drizzle droplet diameter.
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Systematical tests and an objective model evaluation for real case applications with
COSMO-FOG in the Namib region would be an important next step. This could be
realised by performing a series of daily re-forecasts with COSMO-FOG and a sta-
tistical evaluation of the model results against satellite data and the few available
ground measurements. An objective calibration of tuning parameters in COSMO-
FOG would be another important step to further improve the model results.

Although there is still room for further model improvement as mentioned above,
COSMO-FOG is ready for worldwide use cases. Further applications of COSMO-
FOG in coastal Namibia could be directed towards simulations over longer time
periods to get new insights into the seasonal variability of key factors for fog occur-
rence. Model simulations over several years are also needed in order to better assess
those regions most suitable for fog water harvesting. These findings are important
not only for the construction of fog water collectors but also to understand the
ecosystems living from fog water input. For the long-term future, simulations with
a regional climate model suggested a significant warming and a decrease of rainfall
to about 50 % of today’s rainfall amount in the Namib Desert while the number
of fog days is expected to increase in the coastal areas (Haensler et al., 2011). In
a warmer climate with less precipitation, fog could become an even more essential
water source for ecosystems in the Namib region in the future. In sensitivity stud-
ies, the role of factors like the Benguela Current or the Great Escarpment could be
further investigated with COSMO-FOG. The impact of the cold Benguela Current
on the fog occurrence in coastal Namibia is e.g. important to understand how global
warming might impact on FLC patterns.
The application of COSMO-FOG is not restricted to Namibia. COSMO-FOG can
be applied in other parts of the world with similar environmental and meteorologi-
cal conditions to gain new knowledge concerning coastal fog occurrence, e.g. in the
Desert at the Pacific coast of Baja California and in the Atacama Desert.
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A.1 Model description

In the COSMO three-category ice scheme the following transfer rates Sl,f between
the liquid and frozen hydrometeor categories are considered:

Sc condensation and evaporation of cloud water
Sc

au autoconversion of cloud water to form rain
Sac accretion of cloud water by raindrops
Sev evaporation of rain water
Snuc heterogeneous nucleation of cloud ice
Sc

frz nucleation of cloud ice due to homogeneous freezing of cloud water
Si

dep deposition growth and sublimation of cloud ice
Si

melt melting of cloud ice to form cloud water
Si

au autoconversion of cloud ice to form snow due to aggregation
Saud autoconversion of cloud ice to form snow due to deposition
Ss

agg collection of cloud ice by snow (aggregation)
Sg

agg collection of cloud ice by graupel (aggregation)
Ss

rim collection of cloud water by snow (riming)
Sg

rim collection of cloud water by graupel (riming)
Ss

shed collection of cloud water by wet snow to form rain (shedding)
Sg

shed collection of cloud water by wet graupel to form rain (shedding)
Si

cri collection of cloud ice by rain to form graupel
Sr

cri freezing of rain due to collection of cloud ice to form graupel
Sr

frz freezing of rain to form graupel
Ss

dep deposition growth and sublimation of snow
Sg

dep deposition growth and sublimation of graupel

Ss
melt melting of snow to form rain water

Sg
melt melting of graupel to form rain water

Scsg conversion of snow to graupel due to riming
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A.2 Idealised simulations
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Figure A.1: Initial profiles of (a) temperature T [◦C], (b) specific humidity qv

[g kg−1], and (c) horizontal wind velocity WS [m s−1] on 15 October,
6 UTC.
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k z [m] Δz [m]
1 29395.10 1209.80
2 28202.94 1174.52
3 27045.56 1140.24
4 25922.00 1106.89
5 24831.34 1074.43
6 23772.71 1042.82
7 22745.29 1012.02
8 21748.28 982.00
9 20780.91 952.74
10 19842.45 924.18
11 18932.21 896.31
12 18049.51 869.09
13 17193.71 842.50
14 16364.21 816.50
15 15560.41 791.10
16 14781.75 766.23
17 14027.67 741.91
18 13297.67 718.09
19 12591.25 694.76
20 11907.92 671.90
21 11247.22 649.49
22 10608.72 627.51
23 9991.99 605.95
24 9396.62 584.79
25 8822.23 564.00
26 8268.44 543.58
27 7734.90 523.51
28 7221.25 503.78
29 6727.17 484.37
30 6252.36 465.27
31 5796.50 446.45
32 5359.31 427.92
33 4940.53 409.65
34 4539.88 391.64
35 4157.13 373.85
36 3792.06 356.30
37 3444.44 338.95
38 3114.06 321.80
39 2800.74 304.84
40 2504.31 288.03
41 2224.60 271.38
42 1961.48 254.85
43 1714.83 238.46
44 1484.53 222.14
45 1270.51 205.90
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k z [m] Δz [m]
46 1072.71 189.71
47 891.08 173.53
48 725.65 157.35
49 573.48 146.97
50 446.25 107.50
51 345.54 93.93
52 258.21 80.71
53 183.93 67.86
54 122.32 55.36
55 73.04 43.21
56 35.72 31.43
57 10.00 20.00

Table A.1: Height z [m] a.s.l. of model layers (main levels) k and model layer
thicknesses Δz [m] of the LR configuration

k z [m] Δz [m]
1 29395.10 1209.80
2 28202.94 1174.52
3 27045.56 1140.24
4 25922.00 1106.89
5 24831.34 1074.43
6 23772.71 1042.82
7 22745.29 1012.02
8 21748.28 982.00
9 20780.91 952.74
10 19842.45 924.18
11 18932.21 896.31
12 18049.51 869.09
13 17193.71 842.50
14 16364.21 816.50
15 15560.41 791.10
16 14781.75 766.23
17 14027.67 741.91
18 13297.67 718.09
19 12591.25 694.76
20 11907.92 671.90
21 11247.22 649.49
22 10608.72 627.51
23 9991.99 605.95
24 9396.62 584.79
25 8822.23 564.00
26 8268.44 543.58
27 7734.90 523.51
28 7221.25 503.78
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k z [m] Δz [m]
29 6727.17 484.37
30 6252.36 465.27
31 5796.50 446.45
32 5359.31 427.92
33 4940.53 409.65
34 4539.88 391.64
35 4157.13 373.85
36 3792.06 356.30
37 3444.44 338.95
38 3114.06 321.80
39 2800.74 304.84
40 2546.16 204.32
41 2408.65 70.70
42 2338.90 68.80
43 2271.10 66.80
44 2205.25 64.90
45 2141.30 63.00
46 2079.20 61.20
47 2018.85 59.50
48 1960.20 57.80
49 1903.25 56.10
50 1847.95 54.50
51 1794.20 53.00
52 1741.95 51.50
53 1691.20 50.00
54 1641.95 48.50
55 1594.10 47.20
56 1547.60 45.80
57 1502.45 44.50
58 1458.55 43.30
59 1415.90 42.00
60 1374.50 40.80
61 1334.30 39.60
62 1295.20 38.60
63 1257.20 37.40
64 1220.35 36.30
65 1184.55 35.30
66 1149.75 34.30
67 1115.95 33.30
68 1083.10 32.40
69 1051.20 31.40
70 1020.20 30.60
71 990.05 29.70
72 960.80 28.80
73 932.40 28.00
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k z [m] Δz [m]
74 904.80 27.20
75 878.00 26.40
76 851.95 25.70
77 826.65 24.90
78 802.10 24.20
79 778.20 23.60
80 755.00 22.80
81 732.50 22.20
82 710.60 21.60
83 689.30 21.00
84 668.65 20.30
85 648.60 19.80
86 629.10 19.20
87 610.15 18.70
88 591.75 18.10
89 573.90 17.60
90 556.55 17.10
91 539.65 16.70
92 523.25 16.10
93 507.35 15.70
94 491.90 15.20
95 476.90 14.80
96 462.30 14.40
97 448.10 14.00
98 434.30 13.60
99 420.95 13.10
100 408.00 12.80
101 395.35 12.50
102 383.05 12.10
103 371.15 11.70
104 359.60 11.40
105 348.35 11.10
106 337.40 10.80
107 326.80 10.40
108 316.50 10.20
109 306.50 9.80
110 296.80 9.60
111 287.35 9.30
112 278.15 9.10
113 269.20 8.80
114 260.55 8.50
115 252.15 8.30
116 244.00 8.00
117 236.05 7.90
118 228.30 7.60
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k z [m] Δz [m]
119 220.85 7.30
120 213.60 7.20
121 206.50 7.00
122 199.60 6.80
123 192.95 6.50
124 186.50 6.40
125 180.20 6.20
126 174.05 6.10
127 168.10 5.80
128 162.35 5.70
129 156.75 5.50
130 151.30 5.40
131 146.00 5.20
132 140.85 5.10
133 135.85 4.90
134 131.00 4.80
135 126.30 4.60
136 121.75 4.50
137 117.30 4.40
138 112.95 4.30
139 108.75 4.10
140 104.70 4.00
141 100.75 3.90
142 96.90 3.80
143 93.15 3.70
144 89.50 3.60
145 85.95 3.50
146 82.55 3.30
147 79.25 3.30
148 76.00 3.20
149 72.85 3.10
150 69.80 3.00
151 66.85 2.90
152 63.95 2.90
153 61.15 2.70
154 58.45 2.70
155 55.80 2.60
156 53.25 2.50
157 50.75 2.50
158 48.30 2.40
159 45.95 2.30
160 43.65 2.30
161 41.45 2.20
162 39.30 2.20
163 37.20 2.00



138

k z [m] Δz [m]
164 35.20 2.00
165 33.20 2.00
166 31.25 1.90
167 29.40 1.80
168 27.60 1.80
169 25.85 1.70
170 24.15 1.70
171 22.50 1.60
172 20.90 1.60
173 19.30 1.60
174 17.75 1.50
175 16.30 1.50
176 14.85 1.50
177 13.45 1.40
178 12.10 1.40
179 10.75 1.30
180 9.50 1.30
181 8.25 1.30
182 7.05 1.20
183 5.90 1.20
184 4.75 1.10
185 3.65 1.10
186 2.55 1.10
187 1.50 1.00
188 0.50 1.00

Table A.2: Height z [m] a.s.l. of model layers (main levels) k and model layer
thicknesses Δz [m] of the HR configuration

k z [m] Δz [m]
1 29107.17 1785.66
2 27374.09 1680.50
3 25743.08 1581.52
4 24208.13 1488.38
5 22763.58 1400.72
6 21404.11 1318.23
7 20124.70 1240.59
8 18920.64 1167.52
9 17787.50 1098.77
10 16721.08 1034.05
11 15717.48 973.16
12 14772.98 915.84
13 13884.11 861.90
14 13047.59 811.14
15 12260.33 763.37
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k z [m] Δz [m]
16 11519.45 718.41
17 10822.19 676.10
18 10166.00 636.28
19 9548.46 598.81
20 8967.28 563.54
21 8420.33 530.35
22 7905.60 499.12
23 7421.18 469.72
24 6965.29 442.06
25 6536.25 416.02
26 6132.48 391.52
27 5752.49 368.47
28 5394.87 346.76
29 5058.32 326.34
30 4741.59 307.12
31 4443.51 289.03
32 4163.00 272.01
33 3899.00 255.99
34 3650.54 240.91
35 3416.73 226.73
36 3196.68 213.37
37 2989.58 200.81
38 2794.69 188.98
39 2611.27 177.85
40 2438.67 167.37
41 2276.22 157.52
42 2123.34 148.24
43 1979.46 139.51
44 1844.06 131.29
45 1716.64 123.57
46 1596.71 116.28
47 1483.85 109.43
48 1377.64 103.00
49 1277.68 96.92
50 1183.61 91.22
51 1095.08 85.84
52 1011.77 80.79
53 933.35 76.03
54 859.57 71.55
55 790.12 67.34
56 724.77 63.37
57 663.26 59.65
58 605.37 56.12
59 550.90 52.83
60 499.62 49.71
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k z [m] Δz [m]
61 451.38 46.78
62 405.97 44.03
63 363.24 41.43
64 323.03 39.00
65 285.18 36.70
66 249.57 34.53
67 216.04 32.51
68 184.49 30.59
69 154.81 28.78
70 126.87 27.10
71 100.57 25.49
72 75.83 24.00
73 52.54 22.58
74 30.62 21.25
75 10.00 20.00

Table A.3: Height z [m] a.s.l. of model layers (main levels) k and model layer
thicknesses Δz [m] of the MR configuration
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Figure A.2: Time series of (a) temperature (Ttend [K h−1]), (b) specific humidity
(qv

tend [g kg−1 h−1]), and (c) cloud water content (qc
tend [g kg−1 h−1])

tendencies in the model layer directly above cloud top from 16 Oc-
tober, 6 UTC until 18 October, 18 UTC for K = 0.75m2 s−1; tot:
total tendency, adv: advection, turb: turbulent mixing, con: conden-
sation/evaporation, rad: radiation.
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Figure A.3: Time series of (a) temperature (Ttend [K h−1]), (b) specific humidity
(qv

tend [g kg−1 h−1]), and (c) cloud water content (qc
tend [g kg−1 h−1])

tendencies in the model layer directly above cloud top from 16 Oc-
tober, 6 UTC until 18 October, 18 UTC for K = 0.01m2 s−1; tot:
total tendency, adv: advection, turb: turbulent mixing, con: conden-
sation/evaporation, rad: radiation.
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Figure A.4: Vertical profiles of the cloud water content qc [g kg−1] for simulations
with sedimentation and without drizzle (red), without sedimentation
and without drizzle (blue), with drizzle and without sedimentation
(green) at 16 October, 6 UTC
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Figure A.5: Vertical profiles of the turbulent diffusion coefficient for scalars KH

[m2 s−1] at different times for COSMO-HR.
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A.3 CS1819

(a) (b)

Figure A.6: Spatial distribution of sea surface temperature SST [◦C] for (a) the
nesting domain and (b) the inner domain of COSMO-FOG.
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(a)

(b)

Figure A.7: Synoptic situation on 18 and 19 September 2017, Courtesy of Andre
Demers (Institute of Geosciences, Section Meteorology, University of
Bonn) and Dr. Michael Langguth (Institute of Geosciences, Section
Meteorology, University of Bonn, now at Forschungszentrum Jülich)
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(a) (b)

Figure A.8: Spatial distribution of relative humidity RH [%] at 14 UTC (a) and
21 UTC (b) for 18 September 2017
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Figure A.9: Ceilometer measurements of cloud base height (black circles) and
simulated cloud base height (red triangles) for Gobabeb (top) and
Coastal Met (bottom) for CS1819. Courtesy of Dr. Robert Spirig
(Department of Environmental Sciences, University of Basel, now at
Departement Umweltsystemwissenschaften, ETH Zürich).
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(a)

(b)

(c)

Figure A.10: Spatial distribution of (a) relative humidity change [% h−1] and its
individual contributions by (b) temperature and (c) specific humidity
on 18 September 2017 at 17 UTC determined using Equation 2.1.
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A.4 CS2021, CS2324 and CS2728

(a) (b)

(c) (d)

Figure A.11: Synoptic situation on 20–21 September 2017 (top) and on 23–
24 September 2017 (bottom), Courtesy of Andre Demers (Insti-
tute of Geosciences, Section Meteorology, University of Bonn) and
Dr. Michael Langguth (Institute of Geosciences, Section Meteorol-
ogy, University of Bonn, now at Forschungszentrum Jülich)
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(a)

(b)

Figure A.12: Temperature at 850 hPa level on 21 September 2017 (top) and on
24 September 2017 (bottom) at 6 UTC, Courtesy of Andre Demers
(Institute of Geosciences, Section Meteorology, University of Bonn)
and Dr. Michael Langguth (Institute of Geosciences, Section Meteo-
rology, University of Bonn, now at Forschungszentrum Jülich)
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(a) 15 UTC (b) 15 UTC

(c) 18 UTC (d) 18 UTC

Figure A.13: Spatial distribution of temperature T [◦C] in the lowest model layer
on (a, c) 20 September and (b, d) 23 September 2017 at 15 UTC
(top) and 18 UTC (bottom).
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(a) a (b) b

Figure A.14: Synoptic situation on 27 and 28 September 2017, Courtesy of Andre
Demers (Institute of Geosciences, Section Meteorology, University of
Bonn) and Dr. Michael Langguth (Institute of Geosciences, Section
Meteorology, University of Bonn, now at Forschungszentrum Jülich)

Figure A.15: Temperature at 850 hPa level on 28 September 2017 at 6 UTC,
Courtesy of Andre Demers (Institute of Geosciences, Section Mete-
orology, University of Bonn) and Dr. Michael Langguth (Institute
of Geosciences, Section Meteorology, University of Bonn, now at
Forschungszentrum Jülich)
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(a) 15 UTC (b) 15 UTC (c) 1 UTC

Figure A.16: Spatial distribution of (a, c) temperature T [◦C] and (b) horizontal
wind WS [m s−1] in the lowest model layer on 27 and 28 September
2017 at different times.
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Figure A.17: Ceilometer measurements of cloud base height (black circles) and
simulated cloud base height (red triangles) for Gobabeb (top) and
Coastal Met (bottom) for CS2021. Courtesy of Dr. Robert Spirig
(Department of Environmental Sciences, University of Basel, now at
Departement Umweltsystemwissenschaften, ETH Zürich).
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(a) 20 September, 18 UTC (b) 20 September, 18 UTC

(c) 20 September, 22 UTC (d) 20 September, 22 UTC

(e) 21 September, 7 UTC (f) 21 September, 7 UTC

Figure A.18: Left: LWP1000 [g m−2] for CS2021 simulated with COSMO-FOG.
Small blue and red dots mark the occurrence of ground fog. Coastal
Met (green), Vogelfederberg (red) and Gobabeb (blue). Right: Dust
composite from Meteosat with FogNet data for CS2021. Dark ma-
genta colors mark FLCs. Wind barbs represent 15 minute aver-
ages of wind speed and direction at the FogNet stations. Courtesy
of Dr. Robert Spirig (Department of Environmental Sciences, Uni-
versity of Basel, now at Departement Umweltsystemwissenschaften,
ETH Zürich).
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(a) 23 September, 22 UTC (b) 23 September, 22 UTC

(c) 24 September, 7 UTC (d) 24 September, 7 UTC

(e) 24 September, 11 UTC (f) 24 September, 11 UTC

Figure A.19: Left: LWP1000 [g m−2] for CS2324 simulated with COSMO-FOG.
Small blue and red dots mark the occurrence of ground fog. Coastal
Met (green), Vogelfederberg (red) and Gobabeb (blue). Right: Dust
composite from Meteosat with FogNet data for CS2324. Ochre colors
mark FLCs. Wind barbs represent 15 minute averages of wind speed
and direction at the FogNet stations. Courtesy of Dr. Robert Spirig
(Department of Environmental Sciences, University of Basel, now at
Departement Umweltsystemwissenschaften, ETH Zürich).
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(a) 28 September, 0 UTC (b) 28 September, 0 UTC

(c) 28 September, 4 UTC (d) 28 September, 4 UTC

(e) 28 September, 9 UTC (f) 28 September, 9 UTC

Figure A.20: Left: LWP1000 [g m−2] for CS2728 simulated with COSMO-FOG.
Small blue and red dots mark the occurrence of ground fog. Coastal
Met (green), Vogelfederberg (red) and Gobabeb (blue). Right: Dust
composite from Meteosat with FogNet data for CS2728. Violet (b,d)
and ochre (f) colors mark FLCs. Wind barbs represent 15 minute av-
erages of wind speed and direction at the FogNet stations. Courtesy
of Dr. Robert Spirig (Department of Environmental Sciences, Uni-
versity of Basel, now at Departement Umweltsystemwissenschaften,
ETH Zürich).



Appendix A. Supplementary figures and tables 155

�� �� �� �� �� ��
�

����

����

����

��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��
��

��� ��

(a)

Figure A.21: Vertical cross section of temperature [◦C] for 19 September 2017 at 3
UTC from 11.5 to 17.5 ◦E at 23 ◦S. Brown areas mark terrain height.
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List of symbols and abbreviations

Symbols

C empirical constant in the Twomey relation [m−3]
cp/cv specific heat at constant pressure/volume [J kg−1 K−1]
D cloud droplet diametre [µm]
D0 mean cloud droplet diametre [µm]
Dc,eva critical diametre of the largest evaporating droplet [µm]
Dv water vapour diffusivity [m2 s−1]
e water vapour pressure [Pa]
esat saturation vapour pressure over plane water surface [Pa]
Fl/f turbulent flux of liquid/frozen water [kg m−2 s−1]
Fv turbulent flux of water vapour [kg m−2 s−1]
g acceleration of gravity [m s−2]
H heat flux vector [W m−2]
I l/f phase transition rate of liquid/frozen water [kg m−3 s−1]
k empirical constant (exponent) in the Twomey relation [1]
K thermal conductivity [W m−1 K−1]
Lv/s latent heat of vaporisation/sublimation [m2 s−2]
Na number of dry aerosol particles [m−3]
Nact number of activated condensation nuclei [m−3]
N c total number concentration of cloud droplets [m−3]
p atmospheric pressure [Pa]
Pl/f diffusion flux of liquid/frozen water [kg m−2 s−1]
qc (mass) specific content of cloud water [kg kg−1]
qd (mass) specific content of drizzle [kg kg−1]
qg (mass) specific content of graupel [kg kg−1]
qi (mass) specific content of ice [kg kg−1]
ql/f (mass) specific content of liquid/frozen water [kg kg−1]
qr (mass) specific content of rain [kg kg−1]
qs (mass) specific content of snow [kg kg−1]
qt (mass) specific total water content [kg kg−1]
qv (mass) specific content of water vapour [kg kg−1]
qv
sat saturation specific water vapor content [kg kg−1]

R radiative net flux [W m−2]
Rd gas constant of dry air [m2 s−2]
Re Reynolds number [1]
RH relative humidity [1]
Rv gas constant for water vapour [m2 s−2]
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rv
sat saturation mixing ratio of water [kg kg−1]

S supersaturation [1]
S average supersaturation [1]
T temperature [K,◦C]
T general stress tensor [kg m−1 s−2]
t time [s]
v settling velocity of the droplets [m s−1]

vl,f
T mean terminal fall velocities of particles [m s−1]

V IS visibility [m]
z height (position in vertical direction) [m]
ζ generalised terrain-following height coordinate [1]
θ potential temperature [K,◦C]
θe equivalent potential temperature [K,◦C]
θv virtual potential temperature [K,◦C]
ρ air density [kg m−3]
ρw density of water [kg m−3]
σc dispersion parameter of the log-normal distribution [1]
Ω angular velocity of the earth [s−1]

Abbreviations

AEROCLO-sA Aerosol, Radiation and Clouds in southern Africa
a.s.l. above sea level [m]
CCN cloud condensation nuclei
COSMO Consortium for Small-scale Modeling
COSMO-DE former operational model configuration
COSMO-FOG COSMO including microphysical parametrisation from PAFOG
DWD Deutscher Wetterdienst (German Meteorological Service)
ETH Eidgenössische Technische Hochschule
FLC fog and low stratiform cloud
HR high resolution
ICON Icosahedral non-hydrostatic
IOP intensive observation period
IR infra-red
LM Lokal Modell
LR low resolution

LÜ Lüderitz
LWP liquid water path [g m−2]
LWP 1000 liquid water path integrated between surface and 1000 m [g m−2]
MBL marine boundary layer
ME mean error
MESSy Modular Earth Submodel System
MR medium resolution
MSG Meteosat Second Generation
NaFoLiCA Namib Fog Life Cycle Analysis
Nml namelist
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NWP numerical weather prediction
PBL planetary boundary layer
R2 correlation coefficient
RGB red, green, blue
RH relative humidity [%]
RMSE root mean square error
SASSCAL Southern African Science Service Centre for Climate Change
SEVIRI Spinning Enhanced Visible and Infrared Imager
SFC Standard Fog Collector
SK Swakopmund
SST sea surface temperature [◦C]
TBS tethered balloon sonde
TERRA-ML multi-layer soil model
TKE turbulent kinetic energy [m2 s−2]
UAV unmanned aerial vehicle
UM Unified Model
WB Walvis Bay
WH Windhoek
WMO World Meteorological Organisation
WRF Weather Research and Forecasting
WRF-NMM WRF non-hydrostatic meso-scale model
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Koračin, D. et al. (2001). “Transition of Stratus into Fog along the California Coast:
Observations and Modeling”. In: Journal of the Atmospheric Sciences 58.13,
pp. 1714–1731. doi: https://doi.org/10.1175/1520-0469(2001)058<1714:
TOSIFA>2.0.CO;2. url: https://journals.ametsoc.org/view/journals/
atsc/58/13/1520-0469_2001_058_1714_tosifa_2.0.co_2.xml.
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